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(Snoke et al., 1997; Camilleri and Chamberlain, 
1997). Thermobarometric and geochronologic 
studies of the deepest level rocks in the East 
Humboldt Range defi ne a decompressional 
pressure-temperature-time (P-T-t) path from >9 
kbar and 800 °C to ~5 kbar and 630 °C meta-
morphic conditions (Fig. 4A; McGrew et al., 
2000), bracketed between a Late Cretaceous 
intrusion of leucogranite (84.8 ± 2.8 Ma, Pb-
Pb zircon) at peak metamorphic conditions and 
Oligocene extensional shearing. Of the total 
decompression, >2.5 kbar is interpreted to pre-
date 40Ar/39Ar hornblende ages of ca. 50–63 Ma 
and intrusion of 40 Ma (±3 Ma, U-Pb zircon) 
diorite sills with Al-in-hornblende pressure 
estimates of 4.5–5.5 kbar (Wright and Snoke, 
1993; McGrew and Snee, 1994). In the Peqoup 
Mountains the west-rooted Pequop low-angle 
normal fault juxtaposes a nonmetamorphosed 
over a metamorphosed miogeoclinal section 
and caused an estimated 10 km of vertical thin-
ning, cutting out an inferred older thrust (Thor-
man, 1970; Camilleri and Chamberlain, 1997). 
The Pequop fault cuts a prograde metamorphic 
fabric dated at 84.1 Ma (±0.2 Ma, U-Pb) on 
metamorphic titanite from uppermost green-
schist facies rocks and is overlain by 41 Ma 
volcanic rocks (Brooks et al., 1995; Camilleri 
and Chamberlain, 1997). Slip on the Pequop 
fault is interpreted to have caused cooling at 
75 Ma, as evident from U-Pb dating of titanite 
(75 ± 1 Ma) in diopside zone metacarbonate 

from the Wood Hills (Camilleri and Chamber-
lain, 1997). Muscovite 40Ar/39Ar ages of 75 Ma 
from uppermost greenschist facies rocks in the 
Pequop Mountains may also record such cool-
ing; alternatively they may record thermal reset-
ting (Thorman and Snee, 1988). The signifi cant 
imprint of Eocene and Oligocene high-grade 
metamorphism and plutons, dikes, and sills, 
and Oligocene mylonitic deformation has made 
it diffi cult to unravel potential Late Cretaceous 
exhumational structures from the deep levels of 
the core complex (Snoke et al., 1997).

Raft River, Albion, and Grouse Creek 
Mountains

In the Raft River, Albion, and Grouse Creek 
Mountains of northwestern Utah and south-
ern Idaho (Fig. 1), two distinct but supporting 
observations record Late Cretaceous exten-
sion: (1) normal faults, including the Mahogany 
Peaks fault (Wells, 1997; Wells et al., 1998); and 
(2) P-T paths that require marked exhumation in 
between two periods of thrusting (Hoisch et al., 
2002; Harris et al., 2007).

The Mahogany Peaks fault separates the 
Neoproterozoic schist of Mahogany Peaks 
and quartzite of Clarks Basin from Ordovi-
cian carbonate rocks and crops out discontinu-
ously throughout the Raft River, Grouse Creek, 
and Albion Mountains (Wells et al., 1998). 
The Ordovician rocks of the hanging wall are 
metamorphosed at upper greenschist–lower 

 amphibolite facies (475–510 °C) (Wells et al., 
1998). In contrast, mineral assemblages and 
geothermometry of the Neoproterozoic pelitic 
schist of Mahogany Peaks in the footwall indi-
cates pressures and temperatures >6.5 kbar and 
590 °C, respectively. The metamorphic grade 
discordance of ~80–110 °C across the fault is 
consistent with the postmetamorphic omission 
of 3–4 km of rock. Because the fault places 
younger strata over older, and shallower (colder) 
over deeper (hotter) rocks, the fault is interpreted 
as extensional in origin.

Cretaceous exhumation is also evident in the 
P-T paths recorded in the pelitic schist of Ste-
vens Spring, which lies in the footwall of the 
Mahogany Peaks fault. Garnets in two zones of 
the schist of Stevens Springs from Basin Creek 
in the northern Grouse Creek Mountains grew by 
different reactions at different times and record 
different segments of a composite P-T path (Fig. 
4B). The P-T path provides a record of two peri-
ods of thrusting separated by marked decom-
pression and heating (Hoisch et al., 2002), the 
latter interpreted to record tectonic exhumation. 
The youngest thrust burial event has been dated 
by Th-Pb dating of monazite inclusions in garnet 
(Hoisch and Wells, 2004). Garnet growth and 
inferred renewed thrust burial initiated at 69.5 
± 5.2 Ma (95% confi dence interval) and thus 
provide a lower bound on the earlier period of 
exhumation and heating interpreted from decom-
pression P-T paths and geologic structures.
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Figure 4. P-T paths from Great Basin core complexes. (A) P-T-t path envelope determined from an array of 
individual P-T determinations from metabasite and metapelite of the East Humboldt Range, from McGrew 
et al. (2000). Interpreted decompression is corroborated by decompressional metamorphic reaction textures. 
(B) P-T paths from schist of Stevens Spring from the northern Grouse Creek Mountains, northwestern Utah 
(location R, Fig. 1). Paths from Hoisch et al. (2002) are shown as solid lines, and paths from Harris et al. (2007) 
are shown as dashed lines. Samples came from two zones within the schist of Stevens Spring, upper and lower, 
as shown, corresponding to different garnet growth reactions. Al2SiO5 polymorphic transformations are shown 
in solid lines (Pattison, 1992); Ky—kyanite; Sil—sillimanite; And—andalusite. Paths were determined from 
simulations of garnet growth zoning, using the Gibbs method on the basis of Duhem’s theorem (e.g., Spear et 
al., 1991). Numbers in the upper right corners of both panels refer to location numbers shown in Figure 1.

Reminder of some of the later stage exhumation of rocks—these are found in ranges termed core complexes
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Fig. 1. Interpretative cross sections of two metamorphic core complexes showing features common to many core 
complexes: (a) the Harcuvar Mountains in Arizona [after Rehrig and Reynolds, 1980] and (b) the Whipple Mountains 
in California with inferred doming removed [after Davis, 1980]. 

place on a nearly flat-lying fault, there is considerable 
debate on the origin of such structures. Here the term 

"detachment" is used in a nongenetic sense to describe 
the major discontinuity in a core complex. 

A normal sense of offset motion on the detachment 

is inferred from strain indicators and structural relations 

[e.g., Davis et al. 1983, 1986]. Upper plate rocks, 
those above the detachment, have typically undergone 
only brittle deformation while lower plate rocks have 
experienced considerable ductile deformation [e.g., 
Miller et al. 1983; Dokka et al., 1986]. The lower 

plate rocks frequently show mylonitization, indicating 

that they were deformed in a temperature range where 
quartz flowed but where feldspars fractured. 
High-temperature rock mechanics experiments show 
that this could occur between about 400 ø and 500 øC 

[Caristan, 1982]. The lower plate mylonites often 
show overprinting of brittle deformation on the ductile 
fabric [e.g., Crittenden et al., 1980]. 

Geochronologic studies of lower plate rocks from 
several core complexes indicate rapid uplift of 
midcrustal rocks [Davis, 1988]. Dallmeyer et al. [1986] 
use 40Ar/39Ar dating of lower plate rocks from the 
Ruby Mountain metamorphic core complex in eastem 

Buck, Tectonics, 1988
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A metamorphic core complex comprises three essential ele-
ments (Fig. 1). From bottom to top these are as follows.

(1) A core of metamorphic rock, commonly 10 km or more 
across, affected by ductile deformation and associated metamor-
phic recrystallization, and derived from the mid-crust or deeper.

(2) The metamorphic core is overlain by a regionally gently dip-
ping to subhorizontal tectonic discontinuity, commonly referred to 
as a detachment, comprising a discrete brittle fault surface, several 
metres to tens of metres of cataclastic rocks in its immediate foot-
wall, underlain in turn by a zone of ductile mylonite and ultra-
mylonite, which may be hundreds to thousands of metres in 
thickness, grading downwards into the main metamorphic core 
(Davis et al. 1980, 2004).

(3) The detachment is overlain by hanging-wall rocks that are 
either unmetamorphosed or of significantly lower grade than the 
metamorphic core, and that are commonly strongly disrupted and 
attenuated by normal faulting.

The detachment places upper crustal rocks against metamorphic 
or plutonic rocks exhumed from beneath the BDT, and hence pro-
duces vertical thinning and horizontal extension. It is now univer-
sally accepted that MCCs are the product of a distinctive style of 
extensional tectonics.

As with all definitions, there are qualifications and exceptions. 
Some core complexes are cored largely by plutonic igneous rocks, 
including granite in some continental core complexes, such as the 
Colville batholith (Holder & Holder 1988), and gabbro in oceanic 
core complexes (Miranda & Dilek 2010). Fault rocks (mylonite 
and cataclasite) vary substantially in thickness and character from 
one complex to another, and the relationship between mylonites 
and the detachment is vigorously debated; this issue is discussed 
further in the section ‘Mylonites in MCCs’. The hanging wall in 
some complexes may include metamorphic and other crystalline 
rocks: the definitive characteristic is that they were cool and in the 
upper crust by the time they were involved in the formation of the 
core complex. In some core complexes the hanging-wall sequence 
is largely or entirely made up of volcanic or sedimentary rocks 
deposited during slip on the detachment.

As noted above, the concept has been applied very widely, and 
there are gradations into structures that would not generally be 
regarded as MCCs. The Shuswap Complex in the hinterland of the 
Canadian Cordillera, for example, includes several domiform bod-
ies cored by migmatic gneiss and granite, commonly referred to as 
gneiss domes. These structures were central to the development of 
the concept of MCCs (Armstrong 1982; Brown & Read 1983), but 
they share many of the characteristics of gneiss domes recognized 
in Phanerozoic orogens and high-grade Precambrian terrains 
world-wide (Whitney et al. 2013). The origin of gneiss domes is 
also much debated, and it is likely that many of them are formed by 
processes other than horizontal extension. The relationship 
between MCCs and gneiss domes is discussed further in the sec-
tion ‘MCCs and gneiss domes’.

A comparable problem is posed by MCCs in many convergent 
margin settings that are cored by high-pressure and ultrahigh-pres-
sure metamorphic rocks. These were probably exhumed part way 

by other processes, before being involved in core-complex tecto-
nism. This issue is discussed further in the section ‘Metamorphism 
in MCCs’. In our opinion, the term metamorphic core complex 
should not be applied to: (1) bodies of rock that have clearly been 
emplaced primarily by intrusion or diapirism, including plutons, 
salt domes and diapiric gneiss domes; (2) metamorphic complexes 
emplaced in the upper crust by thrust, reverse or strike-slip faults, 
or by normal faults that are entirely brittle and post-date any duc-
tile deformation in the footwall; (3) metamorphic cores of orogens 
that lack any evidence for a bounding detachment or for exten-
sional exhumation; (4) normal faults, gently dipping or otherwise, 
that have not exhumed rocks from below the BDT.

The metamorphic cores of collisional orogens present particu-
lar problems in this respect. Here are some further examples that 
illustrate the difficulty of defining what is and what is not a core 
complex.

The High Himalayan Crystalline complex is bounded to the 
north by large-scale low-angle normal-sense faults and shear zones 
of the South Tibetan fault system (Hodges et al. 1998; Dèzes et al. 
1999; Searle 1999; Cooper et al. 2012). These faults resemble core 
complex detachments, and clearly played an important role in 
exhuming the metamorphic rocks beneath them. They appear to 
have been active more or less simultaneously with the Main 
Central Thrust, which forms the lower boundary of the High 
Himalayan Crystallines (e.g. Grasemann et al. 1999). For this rea-
son we would not normally consider this major element of 
Himalayan geology as a core complex. On the other hand, the 
North Himalayan gneiss domes, including the Tso Morari, 
Kangmar and Mabja domes, which lie north of the South Tibetan 
fault system, show many of the characteristics of core complexes 
(Lee et al. 2000; de Sigoyer et al. 2004; Aoya et al. 2005). It has 
been suggested that these gneiss domes are bounded by upwarped 
sections of the South Tibetan fault system detachments (e.g. Hauck 
et al. 1998), and it is clear that at some depth beneath them there is 
a currently active megathrust along which the Indian plate is being 
subducted beneath Tibet. This is an example where we may need 
to be flexible in our definition of a core complex.

A similar problem arises in the Alps. The Tauern window in 
the eastern Alps exposes medium-grade rocks and locally eclog-
ites with early Tertiary metamorphic ages (e.g. Glodny et al. 
2008). It is overlain by sedimentary and metamorphic rocks of 
the Austroalpine complex, which are generally regarded to have 
been cold, and to have formed a rigid lid, by early Tertiary time. 
The rocks in the Tauern window were exhumed in part by slip on 
a major normal fault (the Brenner Line) that outlines the western 
end of the window, and that has many of the characteristics of a 
detachment fault (Selverstone 1988). A similar situation exists in 
the central Alps: medium- to high-grade metamorphic rocks, 
including relict eclogites, in the Lepontine Dome reached peak 
temperatures at around 30 Ma (Vance & O’Nions 1992) and were 
exhumed in part along the west-directed Simplon fault to the 
west (Campani et al. 2010) and the east-directed Turba fault to 
the east, both of which exhibit many of the features of detach-
ment faults (Nievergelt et al. 1996). Few workers consider these 

detachment thinned, extended, and disrupted upper plate

cataclasite
mylonite and 
ultramylonite high strain rocks

high-grade core with 
pre-MCC structures

breakaway

Fig. 1. Schematic representation of 
generic core complex structure, based 
loosely on relationships described from 
the northern Snake Range, Whipple Mtns, 
Raft River, and Ruby Mtns MCCs. Not 
drawn to scale.

 by guest on November 19, 2014http://jgs.lyellcollection.org/Downloaded from 

Platt, J. Geol. Soc., 2015

Generic core complex



626 LIVACCARI AND GEISSMAN: LARGE-MAGNITUDE EXTENSION 

-- • • -- •l• Illl ! ß I I . I IIIIIIIII 
'; .... ', ".•ø'•' Metamomh•c Core Complexes (MCCs) •,... 
.;i-:•.:,:, ' ß , - -• . ................................ . ....................... •-x - 

i • ? •% .... . .... [ v•- "•. -"•:;•u/ -[; ..... :•: •11•1!fl 

J •?' '.':T:;.-:' i •hipple-Bullar'• .... "•-•• • O•'"":-:...,,•.... .... '-:. 
! c•e•C • • Eagle Eye• • "• '"'• •O $ .... !11 
!- •,•o•i•i• .•-./&tachmentS•'• •,'-,• 70• ...... . II! 
! '•;•,• :.. x': ---'"?•:•'.-•[.•rault system • 5'• }•1 • • I!i •a • ! . 

i ............ ß k III I 
/ •c ' -' • ..'•'.-:... •'• "•:'": ........ •. •'-•• - ' 
/ [' .. •' -:% -.... "....:. :....'- :-• .• Whipple •'}--- ' 
/ X • •,* 'f-.---'-"-': "-::: x,,/.*'•) domain /''• 
Roo.-x ,. /... ,,. -. ............. ......... i '":q•- •' • •r• _• "•*?•/[:';'- / vulture 

X.•, "• . .' *-• •,;.:,;:..;•.•.•: / dømain 
•e•. • X •.•c,' - ß ..... :•::.•:•.•" /&• • 

'.•10• • • . • • ':•::.• .......... ß .... %. ..... •, • 

,.• • .. /., ' UO:.• •pper plate strata ..... ' •7':'?: .... 

• 6 l a 20 30 km •domaln 
breakaway detachment Tr%nsition •supracrustal rocks A A ••zone MCC •fault zone ::, ..: 

... _ .• - :.:• ..... ' '"'":-C"r ..... • '•' ' .... ' ..... ' ..... • :•':? 
above mylonitic mylomt•c front - 
front & below .... • 

detachment faults .... •te • -•:• 
................................ n • m• • ,,•, .......................... 

Figure 1. Location map, generalized geologic map and cross section (A - A') of metamo•hic core 
complexes (MCCs) of west central Arizona and southeastern California [after Reynolds et al., 1988]. The 
Harquahala, Harcuvar, Buckskin, Whipple, Chemehuevi, Sacramento, White Ta•, and South Mountains 
MCCs represent antifocal arches of mylonitized footwall rocks. Nodal-slip, low-angle (dip of l0 ø - 25 ø) 
detac•ent faults separate MCC footwall rocks from tilted, hanging wall strata. The Camelback, Vulture, 
and Whipple domains represent areas of similar regional dip of hanging wall strata [Reynolds et al., 1988]. 
MCC footwalls and titled hanging wall strata fo• a zone of large-magni•de Miocene extension separating 
regions that experienced little Miocene extension. These little extended regions include the "Transition Zone 
to the Colorado Plateau" and the "region of only minor extension" southwest of the Whipple domain 
breakaway zone. 

the Whipple-Eagle Eye-Bullard detachment fault system 
(Figure 1). A series of southwest tilted blocks bounded by 
normal faults characterizes this domain [Howard and John, 

1987; Richard et al., 1990; Spencer and Reynolds, 1991]. 
The Whipple-Buckskin-Bullard-Eagle Eye detachment fault 
system undulates between a series of antiformal footwall 
arches that outline the Harquahala, Harcuvar, Buckskin, and 

Whipple MCCs. The orientation of mylonitic foliations 
defines the antiformal nature of these footwall arches. Most 

mylonites in the footwalls of the Harquahala, Harcuvar, 

Buckskin, and Whipple MCCs are considered products of 
mid-Cenozoic extension [Davis et al., 1986; Davis and Lister, 

1988; Davis, 1988; Lister and Davis, 1989; Bryant and 
Wooden, 1989]. The total amount of extension in the 

Whipple tilt domain corridor is considered to be 86+13 km 

(Figure 1). The Whipple-Buckskin-Bullard-Eagle Eye 

detachment fault system accommodated-70 km of that total 
displacement [Spencer and Reynolds, 1991]. Extensive and 
thick exposures of mylonitic gneiss in the footwalls of the 
Harquahala, Harcuvar, Buckskin, and Whipple MCCs, and 
associated vertical isostatic uplift from lower midcrustal 
depths (12 - 20 km), resulted from such large-magnitude 
extension [Spencer and Reynolds, 1991 ]. 

2. Paleomagnetism of Crystalline Rocks From 
Metamorphic Core Complexes 

This paleomagnetic study is based on demagnetization 
results from 278 sites (-1900 samples) located within 
footwalls of the Harquahala, Harcuvar, Buckskin, and 
Whipple MCCs (Figures 2, 3, and 4; details of paleomagnetic 
methods in electronic supplement2). Of the 278 sites 

Livaccari and Geissman, Tectonics, 2001

These structures also vary in map view, making doubly-plunging antiforms.  Look at one of these (Buckskin) in more detail
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Metamorphic core complexes

large volumes of metamorphic rocks as core complexes, how-
ever, presumably because they were exhumed during continuing 
continental collision.

Detachment faults

Nature and geometry of detachment faults

The large-scale geometry of detachment faults above MCCs has 
been visualized in three significantly different ways, and these can 
be illustrated using the evolution of ideas about the northern Snake 
Range MCC in the central US Cordillera (Fig. 2). Miller et al. 
(1983), following the earlier concept of a tectonic boundary sepa-
rating an ‘infrastructure’ from a ‘suprastructure’ (Armstrong & 
Hansen 1966), suggested that the detachment in the northern Snake 
Range formed as a subhorizontal tectonic boundary at the BDT, 
separating a zone of ductile thinning below from a zone of brittle 
normal faulting above (Fig. 2a). They envisaged the detachment 
rising towards the Earth’s surface as a result of thinning of the 
overlying brittle layer, but they thought that the fault accumulated 
little displacement in the process. In their concept, brittle normal 
faults in the hanging wall would have transferred displacement 
onto the detachment, but the detachment itself may never have 
broken the surface while it was active. Bartley & Wernicke (1984), 
by contrast, suggested that the detachment formed as a through-
going normal fault, reaching the surface to the west of the Snake 
Range, and cutting through the crust and possibly the whole litho-
sphere with an average dip of about 30° (see also Wernicke 1981), 
with a displacement of c. 80 km (Fig. 2b). Following suggestions 
by Davis & Lister (1988) and Wernicke & Axen (1988) that 
detachments flatten out into middle crustal mylonite zones, Cooper 
et al. (2010a) used thermobarometry to show that there is no sig-
nificant gradient in peak metamorphic pressure in footwall rocks 
in a transport-parallel direction across the Snake Range, and hence 
that the deeper part of the detachment was in fact subhorizontal in 
the mid-crust (Fig. 2c).

Mechanics of low-angle normal faults

Gently dipping or regionally subhorizontal extensional faults are 
widely recognized in extended terrains; detachments in core com-
plexes are distinguished mainly by the fact that they have sufficient 
displacement to exhume rocks from below the BDT. Active normal 

faults with dips less than 30° (low-angle normal faults or LANFs) 
are widely perceived as presenting a mechanical problem, as the 
resolved shear stress on the fault plane has to be substantially less 
than that required to overcome frictional resistance with a coeffi-
cient µ typical of experimentally determined values for rock-on-
rock friction (µ = 0.6–0.8). Relatively few seismic events occur on 
normal faults with dips <30° (Jackson 1987), although a number of 
examples have been documented (Rigo et al. 1996; Abbott et al. 
1997; Abers et al. 1997; Hreinsdottir & Bennett 2009).

Various explanations for slip on LANFs have been proposed, 
including high pore-fluid pressure (e.g. Axen 1992), lubrication by 
hydrous minerals, pre-existing rheological controls (e.g. Raft 
River shear zone, Wells 2001), or reorientation of the stress field in 
response to particular tectonic environments. The mechanical 
problem with slip on LANFs has been largely resolved by the real-
ization in recent years that most mature brittle faults move under 
low shear stresses (e.g. Townend 2006), largely owing to the low 
coefficients of friction of smectite clays (µ = 0.1–0.2) (e.g. 
Holdsworth et al. 2011; Carpenter et al. 2012; Schleicher et al. 
2012), which can be an important component of fault gouge at 
temperatures less than c. 200 °C. A coefficient of friction of 0.1 
could allow a normal fault to slip at a dip of 10° or less. This also 
helps explain the lack of seismicity on LANFs, as smectite clays 
show velocity strengthening behaviour during slip, which favours 
creep, rather than seismic failure (Carpenter et al. 2012).

Initiation of low-angle normal faults: domino 
and rolling-hinge models

Low frictional strength of existing LANFs does not account for 
their initiation: normal faults propagating through intact isotropic 
rock are likely to form with an initial dip of around 60°. An impor-
tant insight into the problem of how LANFs could initiate was 
reached by Proffett (1977), who showed in the Yerington district 
of Nevada that sets of normal faults formed with initial dips of 
around 60°, and were then progressively rotated to lower angles 
during continued extension. Once the dip of the faults had been 
reduced to <30°, they ceased to be active, and were cut by new 
faults with greater dips. As many as three generations of normal 
faults formed during a period of a few million years, and the earli-
est faults in some cases were rotated into the horizontal. The angle 
between initially horizontal volcanic units and the steep faults was 

detachmentductile stretching in lower plate

brittle extension in upper plate

a

detachment
mantle

lower crust

upper crust
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Fig. 2. Evolution of ideas about the 
nature of detachment faults, based 
on different published models for 
the northern Snake Range. (a) After 
Miller et al. (1983); (b) after Bartley & 
Wernicke (1984); (c) after Cooper et al. 
(2010a). Not drawn to scale.
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So how are these things created?  Simple cartoons of some ideas.  Look at what the observations were that led to these.
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First up, recognition of very variable amounts of extension but flat Moho.  



Gans: Crustal Stretching Model for the Eastern Great Basin 
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Fig. 2. (A) The inferred crustal thickness profile of the eastern Great Basin prior to the onset of extensional 
tectonism, as deduced from regional geological considerations and a comparison with the Canadian Cordillera. Note 
that the E-W dimension corresponds to the width of the transect discussed in the text after the effects of Cenozoic 

extension are removed. 03) The predicted preextensional Moho of the eastern Great Basin calculated using two 
different models for crustal stretching, neither of which incorporates additions of new material to the crust. The 
Localized Stretching Moho assumes pure shear of the crustal column beneath each domain by an amount equivalent 
to the percent extension measured at the surface. The Uniform Stretching Moho assumes pure shear of the eastern 
Great Basin by the average amount of extension measured across the entire transect. The hatchured area represents the 
amount of new material that is inferred to have been added to the crust during Tertiary stretching. See text for 
discussion. 

hinterland of the Canadian Cordillera [Monger and Price, 1979] 

and assumes that the effects of greater Mesozoic shortening in 

the Canadian thrust belt were removed by minor extension and 

erosion during the Tertiary [e.g., Price 1981]. 

MASS-BALANCE CONSIDERATIONS 

The available constraints on the present and preextensional 

crustal structure of the eastern Great Basin, coupled with the 

known magnitude and distribution of Cenozoic extensional 

strain, permit an assessment of how extensional deformation 

was distributed throughout the crustal column and place some 

limits on how much new material was added to the crust during 

extension. The most striking aspect of the geophysical and 

structural data from the eastern Great Basin is that despite the 

gross heterogeneity of strain in the upper crust the reflection 

Moho is nearly flat (Figure 1). This lack of topography on the 

reflection Moho appears to be characteristic of the entire Basin 

and Range province at this latitude and has been discussed in 

detail by Klemperer et al. [ 1986] for the Nevada portion of the 
COCORP transect. The foremost conclusion to be drawn from 

this uniform crustal thickness is that regardless of how one 

envisions extension operating in the upper crust [cf. Wernicke 
and Burchfiel, 1982; Gans and Miller, 1983], the middle and 

lower crust probably extend much more uniformly. To 

illustrate this point, the predicted depth to the early Tertiary 

Moho has been calculated using two end-member models for 

crustal stretching (Figure 2). The "localized stretching" Moho 

(Figure 2) assumes that the extensional strains measured at the 

surface for the various domains affected the entire underlying 

crustal column by pure shear, and thus these crustal segments 

are thickened and shortened accordingly. This resembles the 

analysis by Coney and Harms [ 1984], who postulated 

preexisting thick crustal welts beneath all of the areas where 

surficial evidence for large magnitude extension exists (e.g., the 

metamorphic core complexes, Yerington, and Death Valley). 

Obviously, neither the extreme local variations in the depth to 

the Early Tertiary Moho nor the actual crustal thicknesses 
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You push things back assuming vertically uniform deformation and you get craziness.



Gans: Crustal Stretching Model for the Eastern Great Basin 7 

KALAMAZOO VOLCANICS PAVANT BUTTE, DRUM MOUNTAINS 

o• I •,• •-C-___ !'.• • t •-•.• , o 
-I ,/- ..... -:--- .--•.¾--• :.._•-•z. -. UPPER CRUST ......... 
ß I ........... ' •:• t ß ,••" ..................... •:•• •:• z•;,;•--;;:- ......... -I- 
/ j J & t I t I I I j UNIFORMLY STRETCHED t I I I t DECOUPL,NG J_ 

' • • ' • ! LOWER CRUST 

50J • I • , , , • 50 

Fig. 3. A highly generalized present-day cross section of the eastern Great Basin that illustrates the two-layer, 
open-system model for crustal stretching. See text for discussion. 

elements of this model are (1) a heterogeneously strained brittle 

upper crust, (2) a more uniformly strained ductile lower crust, 
and (3) addition of significant amounts of mantle-derived melts 
to the crust, particularly beneath the areas of active volcanism 

and large-magnitude extensional faulting. This model predicts 

that the brittle crust is effectively decoupled from the 

underlying ductile crust and that the two extend somewhat 

independently, in a manner first proposed by Montadert et al., 
[1979]. Thus, if a deep hole were drilled beneath the Butte 

Mountains or the Confusion Range, it should pass through a 

broad(?) zone of high shear strains at the ductile-brittle 

transition, separating an unextended rigid block above and 

penetratively deformed tectonites below. Evidence for this type 
of crustal-scale decoupling is provided by seismic reflection data 

that show supracrustal normal faults flattening abruptly into a 

subhorizontally layered lower crust at depths of 7 to 15 km 

[e.g., Smith and Bruhn, 1984; Hauge et al., 1984; Gans et al., 
1985], and by modern seismicity data reviewed by Jackson 

[1986]. Locally, large amounts of differential movement 

might be expected across this zone of decoupling, with the 
amount of translation and sense of shear dictated by the net 

amounts of extension accumulated in the upper and lower plates 

with respect to the Colorado Plateau. 

The exact nature of the zone of decoupling is speculative; It 

could range from a narrow mylonitic shear zone to a 

several-kilometer-thick zone of distributed shearing and/or 

anastamosing shear zones that grades downward into rocks that 

have undergone largely coaxial deformation. For illustrative 

purposes, Figure 3 portrays it as a simple surface of decoupling 
that initiated at a uniform 12 km depth and subsequently rose 

according to the amount of supracrustal thinning. In reality, 

the brittle-ductile transition probably occurs over a broad 

interval reflecting local variations in heat flow and rock type. 

Furthermore, this zone of decoupling should be a a highly 

dynamic interface, progressively shifting in response to new 

magmatic intrusions, uplift, and supracrustal thinning. Given 

the probable complicated three-dimensional geometry of the 

brittle-ductile transition, it seems likely that the zone of 

decoupling involves complex interactions between the brittle 

and ductile layers, such that only on a crustal scale can the two 

be thought of as extending independently. 

The two-layer stretching model presented here assumes that 

on a regional scale, the lower and middle crust extend uniformly 

in a "pure shear" or taffylike fashion. The discontinuous 

subhorizontal reflectors observed on the deep portions of 

seismic reflection profiles from extensional regions throughout 

the world [e.g., Hauge et al., 1984; Smith and Bruhn, 1984; 

Brewer and Smythe, 1986; Klemperer et al., 1986; McCarthy, 

1986; Okaya and Frost, 1986] are interpreted to at least in part 

reflect this penetrative stretching, either in the form of 

transposed compositional layering or as anisotropies associated 

with zones of high strain. It is not really important to the 

model presented here whether this middle- and lower-crustal 

strain is strictly homogeneous coaxial flow or whether the 

strain is partitioned into some combination of pure shear and 

anastamozing simple-shear zones [cf. Hamilton, 1982; 

Kligfield et al., 1984]. Arguments can be made for either, but 

the important observation is that the crust as a whole must be 

changing shape by extending horizontally and thinning 

vertically. 

Magmatic additions to the crust are shown in Figure 3 to be 

concentrated beneath the areas of greatest supracrustal strain. 

This is compatible with the distribution of major volcanic 
centers in the eastern Great Basin and helps compensate for 

some of the excessive thinning of the upper crust in these 

regions, thus maintaining a relatively flat Moho. It is possible 
that the mantle flux into the crust was more uniformly 

distributed but only reached the surface in the most highly 

extended regions. The volume of new material that is required 

according to the mass balance calculations is shown 

schematically as the hatchured area in Figure 3 but is not meant 

to imply that all of this new material ponded at the base of the 
crust. It is likely that these basaltic magmas interacted 

extensively with the crust and ascended to a variety of crustal 
levels [e.g., Hildreth, 1981]. It is also not clear whether the 
lower and middle crustal intrusions are largely sill-like bodies 

(in which case they may be responsible for some of the 

subhorizontal layering seen on seismic profiles) or whether 

they are dominantly vertical dikes. In any event, it seems 

likely that the upwelling of mantle-derived magmas has 

accommodated a significant percentage of the crustal extension 
in the eastern Great Basin. 

DISCUSSION 

The open-system, two-layer stretching model described 

above helps reconcile several observations about the crustal 

structure of the Basin and Range province that are otherwise 

problematical. Foremost of these is the fact that the present 

very constant crustal thickness does not reflect the varying 

magnitude of supracrustal extension measured on the scale of 

several mountain ranges. The problem is not just one of 

explaining the anomalously thick crust beneath the most 

highly extended domains but also of explaining the 

anomalously thin crust beneath domains that have little surface 

evidence for extension. By decoupling the heterogeneously 

deforming upper crust from the more uniformly deforming 

middle and lower crust, material is able to flow laterally from 
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Fig. 1. Total horizontal stresses measured in southern Africa 
[McGarr and Gay, 1978]. The vertical total stress gradient (26.5 MPa/ 
km) is shown along with Byedee's law (BY) for hydrostatic pore pres- 
sure (HYD) and zero pore pressure (DRY). 

Rock Strength During Frictional Sliding 

If rock is fractured, frictional sliding will occur on the frac- 
tures before the stress reaches the level to cause brittle fracture 

of the mass as a whole. S of fractured rock is determined 

therefore by frictional resistance. Frictional resistance has 

been measured in the laboratory for wide ranges of rock type, 

pressure, and temperature. One might expect at least as wide a 
variation in friction as in fracture strength, with additional fac- 

tors such as surface roughness playing a role. However, this 

does not turn out to be the case under geologic conditions. 

One of the most significant recent discoveries in rock mechan- 

ics is the virtual independence of friction on rock type, dis- 

placement, and surface conditions [Barton, 1976; Byerlee, 
1978]. First noted by Byerlee [1968], frictional resistance can 

be fitted by a simple bilinear relation over a range of normal 
stresses from about 3 MPa to 1.7 GPa: 

ß: 0.856, 3 < 6, < 200 MPa 
(1) 

ß = 60 + 10 + 0.66, 6, > 200 MPa 

where ß and 6, are shearing and normal stress at which fric- 

tional resistance is overcome on a fracture. This simple rela- 

tionship, which we shall refer to as Byedee's law, seems to 

hold for all geologic materials except certain clay minerals. 

More recent work on shearing resistance of pure clays [Wang 

et al., 1980] supports this conclusion, although in all of the ex- 

periments done with clay, the samples were probably un- 
drained, a condition which would lower the strength. 

The effect of temperature on friction was reported by 

Stesky et al. [1974] for a gabbro and granite. The stresses are 

independent of temperature to 500øC for the granite and 

400øC for the gabbro. Other silicate rocks will probably be- 

have similarly. The effect of sliding rate is also small, com- 

parable to the effect on fracture strength [Stesky, 1975; Dieter- 

ich, 1972] up to the same temperature levels. 

The role of pore pressure needs special attention. Most me- 

chanical behavior of rocks is determined by effective stress 6 u, 
where 

•,• = o o. - aP•ai• 

the % are the total macroscopic stresses, and Pp is the pore 
pressure (see reviews by Paterson [1978] and Brace [1972]). 

Empirically, a is close to I for fracture and friction of silicate 

rocks, although it may depart significantly for some elastic 

and transport phenomena. For example, a of 4 has been re- 

ported for permeability in sandstone [Zoback and Byerlee, 

1975]. Thus in (1), pore pressure is included by noting that 

= o. - P,, (2) 

We will adopt this concept in what follows. Measured in situ 

stress is usually reported as total stress, and (2) will be used to 

relate laboratory strength criteria such as (1) to calculated 

lithospheric stresses. 

ESTIMATE OF LITHOSPHERIC STRESS 

Lithospheric Stress From Byedee's Law 

Byedee's law is expressed in (1) in terms of the stress com- 

ponents on the fracture. In terms of the principal effective 
stresses it becomes [Jaeger and Cook, 1976, p. 14] 

(•! • 5(•3 (•3 < 110 MPa 
(3) 

•! = 3.103 q- 210 (•3 > 110 MPa 

A plausible assumption in fractured rock is that fractures of 
all orientations exist. Regardless of their orientation then, 

once the principal stresses reach the values in (3), frictional 

sliding occurs somewhere. In fractured rock therefore these 
values represent the maximum permissible stresses, regardless 

of rock type (neglecting clays), temperature to 500øC, and de- 
tails of fracture geometry and gouge thickness. 

To compare reported in situ stresses with the limiting values 

given by (3), one principal stress and the pore pressure must 
be known. Usually, the vertical stress, which is known, is 

taken to be either Ol or 03, and the pore pressure to be hydro- 

static. The recent compilation of McGarr and Gay [1978] is 

particularly convenient for comparing measured lithospheric 
stresses with the limiting stresses predicted by Byedee's law. 

The comparison will be at best approximate owing to the ap- 
preciable errors in measured stresses and the scatter in rock 
friction values. 

Horizontal stresses OH in southern Africa (Figure 1) are 

available from a number of overcoring measurements in deep 

mines [McGarr and Gay, 1978]. The two solid lines marked 
BY-HYD in this figure are computed from Byedee's law, as- 

suming hydrostatic pore pressure; one line co[responds to hor- 
izontal o,, and the other to horizontal 0 3, Most of the mea- 

sured values are contained within these lines, as they should 

be if Byerlee's law correctly gives the limiting value of lithos- 
pheric stress. However, a better fit is obtained if pore pressure 
is assumed to be zero, giving the two curves marked BY- 

DRY. Since these deep mines are often reported to be 'dry' 

[McGarr et al., 1975], perhaps P•, -- 0 is reasonable. If Pp had 
the maximum value, equal to the total vertical stress or, then 
the horizontal stresses should fall along the lines marked 
LITH. 

Stresses have been measured in the United States primarily 

by hydraulic fracturing in sedimentary basins (Figure 2). Ex- 
cept for two points, all measurements of the minimum com- 

pression fall correctly to the right of Byerlee's law with hydro- 
static pore pressure. The two points refer to crystalline rocks 
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Fig. 2. The minimum total horizontal stress measured in the United 
States. Symbols as in Figure I [McGarr and Gay, 1978]. 

in South Dakota (H) and near Denver (RMA); they could be 

explained by slightly subhydrostatic pore pressure. 

Measurements from deep Canadian mines in crystalline 

rocks are collected in Figure 3 [McGarr and Gay, 1978]. By- 

erlee's law for hydrostatic pressure (BY-HYD) is seen to en- 

close most of the data points, as does the upper branch in the 

African example (Figure 1). This result would imply immi- 

nent thrust faulting in these two areas at these depths. Proxim- 

ity to the lower branch (the deeper African measurements, for 

example) implies imminent normal faulting. 

We conclude that Byerlee's law satisfactorily brackets most 

measured values of horizontal lithospheric stress to about 4 

km for hydrostatic pore pressure. In one area where the 

stresses measured exceed the hydrostatic branch of Byedee's 

law, dry rocks and therefore reduced pore pressure are plau- 

sible. McGarr and Gay [1978] made a similar comparison of 

measured stresses and an experimentally derived failure crite- 

rion. They used the Coulomb criterion which, in the same 

form as (1), was 

r = 0.66. and found that over a fairly broad region of the Gulf Coast 

this criterion was met for hydrostatic pore pressure. 

Extrapolation Below 4 km 

Byedee's law appears to predict satisfactorily maximum or 
minimum horizontal stress to about 4 km, and it is of interest 

to extrapolate the law to greater depths. Eventually, temper- 

ature effects will play a greater role. To take these into ac- 

count, we need to consider rock plasticity. In this paper we use 

experimental flow laws for quartz and olivine based on the as- 

sumption that properties of these minerals will control the 

stress levels in the lower crust and upper mantle. Although 

this assumption is plausible for olivine and the upper mantle, 

the use of quartz is questionable for crustal rocks. Feldspar al- 

most certainly plays a major role; however, its ductile behav- 

ior is poorly understood. Quartz is apparently more ductile 

than feldspar at lower crustal temperatures [Tullis and Yund, 

1977], so that the quartz flow law will give at best a lower 
bound to the crustal stress. 

Strength in the ductile regime is probably independent of 

pore pressure, so this complication can be avoided. However, 

strength is dependent on strain rate and temperature. Current 

understanding of the flow law of olivine was summarized by 

Goetze [1978]: 

-0.52 MJ/mol 

104(o, - 0'3) 3 exp RT 

5.7 x 10" exp 1-0'54 MJ/mol RT 

Ol 

- 03 < 200 MPa 

(4) 

1 øl - ø3)21 8500 

- 03 > 200 MPa 

where • is in s-' and o, - 03 is in megapascals. The plastic de- 
formation behavior of quartz appears to depend markedly on 

OH- content. We consider here experimental results on dry 

samples which should provide an upper limit to the strength 

of quartzite. Recent experiments of Christie et al. [1979] on 

dry quartzite at 800 ø and 900øC combined with the data of 

Heard and Carter [1968] yield the flow law 

-0.19 MJ/mol 

106(o,- 0'3) 3 exp RT (5) 

o• - 03 < 1000 MPa 

where • is in s-' and o• - 03 is in megapascals. 
The maximum and minimum horizontal stresses that can be 

supported as a function of depth are shown in Figure 4. The 

curving portions, marked QTZ and OL, come from the quartz 

flow law (equation (5)) and the olivine flow law (equation (4)) 
for a strain rate of 10 -'5 S --I using a linear geotherm T- 350 + 
15z [Goetze and Evans, 1979], where z is depth in kilometers 

and T is temperature in degrees kelvin. This geotherm for old 

oceanic lithosphere is quite close, to 40 km, to that for a 

stable continental interior according to Lachenbruch and Sass 

[1977]. The linear portions, marked BY-HYD, are from By- 

erlee's law (equation (3)) with hydrostatic pore pressure. Max- 
imum stresses are shown in terms of the horizontal minus the 
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Fig. 3. Total horizontal stresses measured in Canada [McGarr and 
Gay, 1978]. Symbols as in Figure 1. 
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Fig. 4. Limiting values of total horizontal stress as a function of 
depth, based on Byerlee's law with hydrostatic pore pressure (BY- 
HYD) and the quartz (QTZ) and olivine (OL) flow laws adjusted to a 
strain rate of 10 -[5 s -[. The temperature profile T(øK) -- 350 + 
15z(km). 

vertical stress in Figure 5. The influence of pore pressure other 

than hydrostatic is shown by the dashed lines with different Jk 

values; ;• is the ratio of the pore pressure to the total vertical 
stress. 

DISCUSSION 

Figure 5 illustrates graphically the limits within which lith- 

ospheric stress must lie on the basis of the assumptions (1) that 
rocks are fractured and that friction on fractures controls the 

stress at shallow depths, (2) that the creep properties of quartz 

or olivine control the stress below about 15 or 25 km, respec- 

tively, and (3) that the effective stress principle operates for 

friction but not for creep. These limits should be refined when 

feldspar rheology becomes better understood. For the mo- 

ment, several implications are worth noting. 

1. For a temperature gradient of 15øK/km a region of 

high strength exists between the surface and about 25 km for a 

quartz rheology and between the surface and about 50 km 

depth for an olivine rheology. The lower depth is temperature 

dependent. These depths are decreased to 10 and 20 km, re- 

spectively, if the temperature gradient is increased to 30øK/ 

km. The variation with temperature gradient of the depth be- 
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Fig. 5. Difference between maximum or minimum horizontal 
stress and the vertical stress as a function of depth. Values of h give 
pore pressure level. See also Figure 4. 

TEMPERATURE GRADIENT(øK/km) 

0 
0 

40- 

60 - 

I0 20 30 

Fig. 6. Depth below which strength is less than 100 MPa as a func- 
tion of temperature gradient. 

low which the strength is less than 100 MPa is shown in Fig- 
ure 6. 

2. The lithosphere has close to zero strength at the surface 

and at depths below about 25 km (quartz rheology) or 50 km 

(olivine rheology). This combined frictional plus ductile be- 

havior is important in any discussion of bending in a lithos- 

pheric slab [Goetze and Evans, 1979]. 

3. If rocks are dry (Jk -- 0), then according to Figure 5 the 

maximum strength is 300 MPa or 850 MPa for quartz depend- 

ing on whether horizontal extension or compression was oc- 

curring, and 700 MPa or 1500 MPa for olivine. If the pore 

pressure is hydrostatic (Jk - 0.42), these values for maximum 

strength decrease to 200 MPa or 600 MPa for quartz and 450 
MPa or 1100 MPa for olivine. 

4. The level of pore pressure (as shown by the value of Jk) 

has great influence on crustal stress levels. For example, the 

stress drops from its maximum possible value when the rocks 

are dry (Jk - 0) to zero when the pore pressure is equal to the 

lithostatic pressure (Jk = 1), that is, when the total stress is hy- 

drostatic and equal to the vertical stress. 

What is known about pore pressure level at depth? Unfor- 

tunately, almost nothing, so that this parameter is almost to- 

tally unconstrained at this time. One new inference may be 
drawn from a reeent analysis of crustal permeability [Brace, 

1980]. CrystallineSrocks to about 8 km appear to have a per- 
meability comparable to that of sandstone. Bredehoefi and 

Hanshaw [1968] found that pore pressure under these circum- 

stances could not be much different than hydrostatic, for times 

relevant to most geologic phenomena. The same conclusion 

applies here for crystalline rocks which outcrop at the surface. 

They concluded that high pore pressure required a thick argil- 

laceous section to act as an impermeable blanket. This con- 

clusion may be generally true not only for sedimentary but 

also for crystalline rocks. 
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in South Dakota (H) and near Denver (RMA); they could be 

explained by slightly subhydrostatic pore pressure. 

Measurements from deep Canadian mines in crystalline 

rocks are collected in Figure 3 [McGarr and Gay, 1978]. By- 

erlee's law for hydrostatic pressure (BY-HYD) is seen to en- 

close most of the data points, as does the upper branch in the 

African example (Figure 1). This result would imply immi- 

nent thrust faulting in these two areas at these depths. Proxim- 

ity to the lower branch (the deeper African measurements, for 

example) implies imminent normal faulting. 

We conclude that Byerlee's law satisfactorily brackets most 

measured values of horizontal lithospheric stress to about 4 

km for hydrostatic pore pressure. In one area where the 

stresses measured exceed the hydrostatic branch of Byedee's 

law, dry rocks and therefore reduced pore pressure are plau- 

sible. McGarr and Gay [1978] made a similar comparison of 

measured stresses and an experimentally derived failure crite- 

rion. They used the Coulomb criterion which, in the same 

form as (1), was 

r = 0.66. and found that over a fairly broad region of the Gulf Coast 

this criterion was met for hydrostatic pore pressure. 

Extrapolation Below 4 km 

Byedee's law appears to predict satisfactorily maximum or 
minimum horizontal stress to about 4 km, and it is of interest 

to extrapolate the law to greater depths. Eventually, temper- 

ature effects will play a greater role. To take these into ac- 

count, we need to consider rock plasticity. In this paper we use 

experimental flow laws for quartz and olivine based on the as- 

sumption that properties of these minerals will control the 

stress levels in the lower crust and upper mantle. Although 

this assumption is plausible for olivine and the upper mantle, 

the use of quartz is questionable for crustal rocks. Feldspar al- 

most certainly plays a major role; however, its ductile behav- 

ior is poorly understood. Quartz is apparently more ductile 

than feldspar at lower crustal temperatures [Tullis and Yund, 

1977], so that the quartz flow law will give at best a lower 
bound to the crustal stress. 

Strength in the ductile regime is probably independent of 

pore pressure, so this complication can be avoided. However, 

strength is dependent on strain rate and temperature. Current 

understanding of the flow law of olivine was summarized by 

Goetze [1978]: 

-0.52 MJ/mol 

104(o, - 0'3) 3 exp RT 

5.7 x 10" exp 1-0'54 MJ/mol RT 

Ol 

- 03 < 200 MPa 

(4) 

1 øl - ø3)21 8500 

- 03 > 200 MPa 

where • is in s-' and o, - 03 is in megapascals. The plastic de- 
formation behavior of quartz appears to depend markedly on 

OH- content. We consider here experimental results on dry 

samples which should provide an upper limit to the strength 

of quartzite. Recent experiments of Christie et al. [1979] on 

dry quartzite at 800 ø and 900øC combined with the data of 

Heard and Carter [1968] yield the flow law 

-0.19 MJ/mol 

106(o,- 0'3) 3 exp RT (5) 

o• - 03 < 1000 MPa 

where • is in s-' and o• - 03 is in megapascals. 
The maximum and minimum horizontal stresses that can be 

supported as a function of depth are shown in Figure 4. The 

curving portions, marked QTZ and OL, come from the quartz 

flow law (equation (5)) and the olivine flow law (equation (4)) 
for a strain rate of 10 -'5 S --I using a linear geotherm T- 350 + 
15z [Goetze and Evans, 1979], where z is depth in kilometers 

and T is temperature in degrees kelvin. This geotherm for old 

oceanic lithosphere is quite close, to 40 km, to that for a 

stable continental interior according to Lachenbruch and Sass 

[1977]. The linear portions, marked BY-HYD, are from By- 

erlee's law (equation (3)) with hydrostatic pore pressure. Max- 
imum stresses are shown in terms of the horizontal minus the 
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vertical stress in Figure 5. The influence of pore pressure other 

than hydrostatic is shown by the dashed lines with different Jk 

values; ;• is the ratio of the pore pressure to the total vertical 
stress. 

DISCUSSION 

Figure 5 illustrates graphically the limits within which lith- 

ospheric stress must lie on the basis of the assumptions (1) that 
rocks are fractured and that friction on fractures controls the 

stress at shallow depths, (2) that the creep properties of quartz 

or olivine control the stress below about 15 or 25 km, respec- 

tively, and (3) that the effective stress principle operates for 

friction but not for creep. These limits should be refined when 

feldspar rheology becomes better understood. For the mo- 

ment, several implications are worth noting. 

1. For a temperature gradient of 15øK/km a region of 

high strength exists between the surface and about 25 km for a 

quartz rheology and between the surface and about 50 km 

depth for an olivine rheology. The lower depth is temperature 

dependent. These depths are decreased to 10 and 20 km, re- 

spectively, if the temperature gradient is increased to 30øK/ 

km. The variation with temperature gradient of the depth be- 
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Fig. 5. Difference between maximum or minimum horizontal 
stress and the vertical stress as a function of depth. Values of h give 
pore pressure level. See also Figure 4. 
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Fig. 6. Depth below which strength is less than 100 MPa as a func- 
tion of temperature gradient. 

low which the strength is less than 100 MPa is shown in Fig- 
ure 6. 

2. The lithosphere has close to zero strength at the surface 

and at depths below about 25 km (quartz rheology) or 50 km 

(olivine rheology). This combined frictional plus ductile be- 

havior is important in any discussion of bending in a lithos- 

pheric slab [Goetze and Evans, 1979]. 

3. If rocks are dry (Jk -- 0), then according to Figure 5 the 

maximum strength is 300 MPa or 850 MPa for quartz depend- 

ing on whether horizontal extension or compression was oc- 

curring, and 700 MPa or 1500 MPa for olivine. If the pore 

pressure is hydrostatic (Jk - 0.42), these values for maximum 

strength decrease to 200 MPa or 600 MPa for quartz and 450 
MPa or 1100 MPa for olivine. 

4. The level of pore pressure (as shown by the value of Jk) 

has great influence on crustal stress levels. For example, the 

stress drops from its maximum possible value when the rocks 

are dry (Jk - 0) to zero when the pore pressure is equal to the 

lithostatic pressure (Jk = 1), that is, when the total stress is hy- 

drostatic and equal to the vertical stress. 

What is known about pore pressure level at depth? Unfor- 

tunately, almost nothing, so that this parameter is almost to- 

tally unconstrained at this time. One new inference may be 
drawn from a reeent analysis of crustal permeability [Brace, 

1980]. CrystallineSrocks to about 8 km appear to have a per- 
meability comparable to that of sandstone. Bredehoefi and 

Hanshaw [1968] found that pore pressure under these circum- 

stances could not be much different than hydrostatic, for times 

relevant to most geologic phenomena. The same conclusion 

applies here for crystalline rocks which outcrop at the surface. 

They concluded that high pore pressure required a thick argil- 

laceous section to act as an impermeable blanket. This con- 

clusion may be generally true not only for sedimentary but 

also for crystalline rocks. 
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in South Dakota (H) and near Denver (RMA); they could be 

explained by slightly subhydrostatic pore pressure. 

Measurements from deep Canadian mines in crystalline 

rocks are collected in Figure 3 [McGarr and Gay, 1978]. By- 

erlee's law for hydrostatic pressure (BY-HYD) is seen to en- 

close most of the data points, as does the upper branch in the 

African example (Figure 1). This result would imply immi- 

nent thrust faulting in these two areas at these depths. Proxim- 

ity to the lower branch (the deeper African measurements, for 

example) implies imminent normal faulting. 

We conclude that Byerlee's law satisfactorily brackets most 

measured values of horizontal lithospheric stress to about 4 

km for hydrostatic pore pressure. In one area where the 

stresses measured exceed the hydrostatic branch of Byedee's 

law, dry rocks and therefore reduced pore pressure are plau- 

sible. McGarr and Gay [1978] made a similar comparison of 

measured stresses and an experimentally derived failure crite- 

rion. They used the Coulomb criterion which, in the same 

form as (1), was 

r = 0.66. and found that over a fairly broad region of the Gulf Coast 

this criterion was met for hydrostatic pore pressure. 

Extrapolation Below 4 km 

Byedee's law appears to predict satisfactorily maximum or 
minimum horizontal stress to about 4 km, and it is of interest 

to extrapolate the law to greater depths. Eventually, temper- 

ature effects will play a greater role. To take these into ac- 

count, we need to consider rock plasticity. In this paper we use 

experimental flow laws for quartz and olivine based on the as- 

sumption that properties of these minerals will control the 

stress levels in the lower crust and upper mantle. Although 

this assumption is plausible for olivine and the upper mantle, 

the use of quartz is questionable for crustal rocks. Feldspar al- 

most certainly plays a major role; however, its ductile behav- 

ior is poorly understood. Quartz is apparently more ductile 

than feldspar at lower crustal temperatures [Tullis and Yund, 

1977], so that the quartz flow law will give at best a lower 
bound to the crustal stress. 

Strength in the ductile regime is probably independent of 

pore pressure, so this complication can be avoided. However, 

strength is dependent on strain rate and temperature. Current 

understanding of the flow law of olivine was summarized by 

Goetze [1978]: 

-0.52 MJ/mol 

104(o, - 0'3) 3 exp RT 

5.7 x 10" exp 1-0'54 MJ/mol RT 

Ol 

- 03 < 200 MPa 

(4) 

1 øl - ø3)21 8500 

- 03 > 200 MPa 

where • is in s-' and o, - 03 is in megapascals. The plastic de- 
formation behavior of quartz appears to depend markedly on 

OH- content. We consider here experimental results on dry 

samples which should provide an upper limit to the strength 

of quartzite. Recent experiments of Christie et al. [1979] on 

dry quartzite at 800 ø and 900øC combined with the data of 

Heard and Carter [1968] yield the flow law 

-0.19 MJ/mol 

106(o,- 0'3) 3 exp RT (5) 

o• - 03 < 1000 MPa 

where • is in s-' and o• - 03 is in megapascals. 
The maximum and minimum horizontal stresses that can be 

supported as a function of depth are shown in Figure 4. The 

curving portions, marked QTZ and OL, come from the quartz 

flow law (equation (5)) and the olivine flow law (equation (4)) 
for a strain rate of 10 -'5 S --I using a linear geotherm T- 350 + 
15z [Goetze and Evans, 1979], where z is depth in kilometers 

and T is temperature in degrees kelvin. This geotherm for old 

oceanic lithosphere is quite close, to 40 km, to that for a 

stable continental interior according to Lachenbruch and Sass 

[1977]. The linear portions, marked BY-HYD, are from By- 

erlee's law (equation (3)) with hydrostatic pore pressure. Max- 
imum stresses are shown in terms of the horizontal minus the 
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Gay, 1978]. Symbols as in Figure 1. 
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vertical stress in Figure 5. The influence of pore pressure other 

than hydrostatic is shown by the dashed lines with different Jk 

values; ;• is the ratio of the pore pressure to the total vertical 
stress. 

DISCUSSION 

Figure 5 illustrates graphically the limits within which lith- 

ospheric stress must lie on the basis of the assumptions (1) that 
rocks are fractured and that friction on fractures controls the 

stress at shallow depths, (2) that the creep properties of quartz 

or olivine control the stress below about 15 or 25 km, respec- 

tively, and (3) that the effective stress principle operates for 

friction but not for creep. These limits should be refined when 

feldspar rheology becomes better understood. For the mo- 

ment, several implications are worth noting. 

1. For a temperature gradient of 15øK/km a region of 

high strength exists between the surface and about 25 km for a 

quartz rheology and between the surface and about 50 km 

depth for an olivine rheology. The lower depth is temperature 

dependent. These depths are decreased to 10 and 20 km, re- 

spectively, if the temperature gradient is increased to 30øK/ 

km. The variation with temperature gradient of the depth be- 
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Fig. 5. Difference between maximum or minimum horizontal 
stress and the vertical stress as a function of depth. Values of h give 
pore pressure level. See also Figure 4. 
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Fig. 6. Depth below which strength is less than 100 MPa as a func- 
tion of temperature gradient. 

low which the strength is less than 100 MPa is shown in Fig- 
ure 6. 

2. The lithosphere has close to zero strength at the surface 

and at depths below about 25 km (quartz rheology) or 50 km 

(olivine rheology). This combined frictional plus ductile be- 

havior is important in any discussion of bending in a lithos- 

pheric slab [Goetze and Evans, 1979]. 

3. If rocks are dry (Jk -- 0), then according to Figure 5 the 

maximum strength is 300 MPa or 850 MPa for quartz depend- 

ing on whether horizontal extension or compression was oc- 

curring, and 700 MPa or 1500 MPa for olivine. If the pore 

pressure is hydrostatic (Jk - 0.42), these values for maximum 

strength decrease to 200 MPa or 600 MPa for quartz and 450 
MPa or 1100 MPa for olivine. 

4. The level of pore pressure (as shown by the value of Jk) 

has great influence on crustal stress levels. For example, the 

stress drops from its maximum possible value when the rocks 

are dry (Jk - 0) to zero when the pore pressure is equal to the 

lithostatic pressure (Jk = 1), that is, when the total stress is hy- 

drostatic and equal to the vertical stress. 

What is known about pore pressure level at depth? Unfor- 

tunately, almost nothing, so that this parameter is almost to- 

tally unconstrained at this time. One new inference may be 
drawn from a reeent analysis of crustal permeability [Brace, 

1980]. CrystallineSrocks to about 8 km appear to have a per- 
meability comparable to that of sandstone. Bredehoefi and 

Hanshaw [1968] found that pore pressure under these circum- 

stances could not be much different than hydrostatic, for times 

relevant to most geologic phenomena. The same conclusion 

applies here for crystalline rocks which outcrop at the surface. 

They concluded that high pore pressure required a thick argil- 

laceous section to act as an impermeable blanket. This con- 

clusion may be generally true not only for sedimentary but 

also for crystalline rocks. 
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Fig. 2. Location of the Snake Range (A) and Whipple Mountain (B) core complexes, and 

the location of profiles used in this study. Lines with broad tick marks indicate detachment 

faults. Line with narrow tick marks shows inferred break away zone for the Whipple 

Mountain detachment fault in the Turtle Mountains. Dashed and dotted boundary is the 

alluvium contact. NSR, Northern Snake Range; SSR, Southern Snake Range; B, 

Buckskin Mountains; T, Turtle Mountains; W, Whipple Mountains. Figure modified after 

Miller et al. (1983) and Davis (1988). 

zero, reduces to Airy isostasy. However, we do not mean to 

imply that an assumption of elastic behavior is technically the 

correct description for deformation of the crust and 

lithosphere. Because the primary results of this study are 

based on the simple requirement of isostatic balance, use of a 

different deformation model would not change the basic 

conclusions of this paper. We can thus use this simple 

approach to examine the general consequences of 

compensation via upper mantle flow (Figure lb) versus lower 

crustal flow (Figure lc). 

Following Jefferys [1959], we can treat the flexurally 

competent layer (composed of crust and uppermost mantle in 

Figure lb and composed of upper crust only in Figure lc) as 

a thin elastic sheet floating on an inviscid fluid (composed of 

asthenosphere in Figure lb and composed of lower crust in 

Figure lc). The relationship between the change in thickness 

of the hanging wall AE(x) and the uplift of the elastic layer 

w(x) is simply given by: 

E D d4w -- + w(x) = Pfluidgl dx 4 
-AE(x) Pcrust 

Druid 
(•) 

where D is the flexural rigidity of the elastic layer, Pcrust is 

the density of the material removed at the surface, Druid is the 

density of the fluid present at depth, and g is acceleration due 
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Fig. 3. Pre- and post-extensional fault geometry and topography for the Snake Range and 
Whipple Mountain detachment faults assuming that the fault was initially flat at a depth of 
14 km (Figures 3a and 3c) or had an initial depth of 14 km at x=0 and dipped 20 ø E 
between the surface and 30 km depth (Figures 3b and 3(1). Observed fault geometries 

(dots) and observed topography (solid lines) are shown in each panel (locations in Figure 
2). Top panels in each Figure 3a-3d show the assumed initial (dashed line) and computed 
final (solid line) fault geometries. 

TABLE 1. Values and Results 

Initial 

Depth a 
(km) 

Dip [Pfluid- Flexural Effective AT Xmin Xmax (x rms 
Pcrust]• Rigidity Elastic Plate (km) (km) 0cm) (km)Misfit b 
(kg/m•) (Nm) Thickness 0cm) (km) 

Snake Range Detachment Fault 

14 0' 650 2.6x102o 3.0 -3.9 -36 +38 20 0.20 
10 0' 650 2.6x102o 3.0 -3.2 -30 +32 20 0.11 
18 0 ø 650 6.2x102o 4.1 -5.0 -40 +42 25 0.18 
14 2(Y:E 650 2.6x102o 3.0 -5.3 -13 +107 20 0.14 
14 lY 10 3.9x1018 0.8 -.06 -36 +38 20 0.20 
14 20øE 10 3.9x1018 0.8 -.08 -13 +107 20 0.14 

Whioole Mountain Detachment Fault 
__ 

14 0' 650 8.1x1019 2.1 -3.5 -33 +37 15 0.16 
10 0' 650 8.1x1019 2.1 -2.6 -30 +34 15 0.15 
18 lY 650 8.1x1019 2.1 -4.4 -35 +39 15 0.16 
14 2(Y:E 650 2.6x1020 3.0 -4.9 -11 +83 20 0.20 
14 0' 10 1.2x1018 0.5 -.05 -33 +37 15 0.16 
14 20øE 10 3.9x1018 0.8 -.07 -11 +83 20 0.20 

a Relative to sea level at the point x=0 in Figure 3. 
b Between observed and computed fault geometry. 
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Fig. 3. Pre- and post-extensional fault geometry and topography for the Snake Range and 
Whipple Mountain detachment faults assuming that the fault was initially flat at a depth of 
14 km (Figures 3a and 3c) or had an initial depth of 14 km at x=0 and dipped 20 ø E 
between the surface and 30 km depth (Figures 3b and 3(1). Observed fault geometries 

(dots) and observed topography (solid lines) are shown in each panel (locations in Figure 
2). Top panels in each Figure 3a-3d show the assumed initial (dashed line) and computed 
final (solid line) fault geometries. 

TABLE 1. Values and Results 

Initial 

Depth a 
(km) 

Dip [Pfluid- Flexural Effective AT Xmin Xmax (x rms 
Pcrust]• Rigidity Elastic Plate (km) (km) 0cm) (km)Misfit b 
(kg/m•) (Nm) Thickness 0cm) (km) 

Snake Range Detachment Fault 

14 0' 650 2.6x102o 3.0 -3.9 -36 +38 20 0.20 
10 0' 650 2.6x102o 3.0 -3.2 -30 +32 20 0.11 
18 0 ø 650 6.2x102o 4.1 -5.0 -40 +42 25 0.18 
14 2(Y:E 650 2.6x102o 3.0 -5.3 -13 +107 20 0.14 
14 lY 10 3.9x1018 0.8 -.06 -36 +38 20 0.20 
14 20øE 10 3.9x1018 0.8 -.08 -13 +107 20 0.14 

Whioole Mountain Detachment Fault 
__ 

14 0' 650 8.1x1019 2.1 -3.5 -33 +37 15 0.16 
10 0' 650 8.1x1019 2.1 -2.6 -30 +34 15 0.15 
18 lY 650 8.1x1019 2.1 -4.4 -35 +39 15 0.16 
14 2(Y:E 650 2.6x1020 3.0 -4.9 -11 +83 20 0.20 
14 0' 10 1.2x1018 0.5 -.05 -33 +37 15 0.16 
14 20øE 10 3.9x1018 0.8 -.07 -11 +83 20 0.20 

a Relative to sea level at the point x=0 in Figure 3. 
b Between observed and computed fault geometry. 

Block and Royden, Tectonics, 1990
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Fig. 2. Location of the Snake Range (A) and Whipple Mountain (B) core complexes, and 

the location of profiles used in this study. Lines with broad tick marks indicate detachment 

faults. Line with narrow tick marks shows inferred break away zone for the Whipple 

Mountain detachment fault in the Turtle Mountains. Dashed and dotted boundary is the 

alluvium contact. NSR, Northern Snake Range; SSR, Southern Snake Range; B, 

Buckskin Mountains; T, Turtle Mountains; W, Whipple Mountains. Figure modified after 

Miller et al. (1983) and Davis (1988). 

zero, reduces to Airy isostasy. However, we do not mean to 

imply that an assumption of elastic behavior is technically the 

correct description for deformation of the crust and 

lithosphere. Because the primary results of this study are 

based on the simple requirement of isostatic balance, use of a 

different deformation model would not change the basic 

conclusions of this paper. We can thus use this simple 

approach to examine the general consequences of 

compensation via upper mantle flow (Figure lb) versus lower 

crustal flow (Figure lc). 

Following Jefferys [1959], we can treat the flexurally 

competent layer (composed of crust and uppermost mantle in 

Figure lb and composed of upper crust only in Figure lc) as 

a thin elastic sheet floating on an inviscid fluid (composed of 

asthenosphere in Figure lb and composed of lower crust in 

Figure lc). The relationship between the change in thickness 

of the hanging wall AE(x) and the uplift of the elastic layer 

w(x) is simply given by: 

E D d4w -- + w(x) = Pfluidgl dx 4 
-AE(x) Pcrust 

Druid 
(•) 

where D is the flexural rigidity of the elastic layer, Pcrust is 

the density of the material removed at the surface, Druid is the 

density of the fluid present at depth, and g is acceleration due 
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Fig. 3. Pre- and post-extensional fault geometry and topography for the Snake Range and 
Whipple Mountain detachment faults assuming that the fault was initially flat at a depth of 
14 km (Figures 3a and 3c) or had an initial depth of 14 km at x=0 and dipped 20 ø E 
between the surface and 30 km depth (Figures 3b and 3(1). Observed fault geometries 

(dots) and observed topography (solid lines) are shown in each panel (locations in Figure 
2). Top panels in each Figure 3a-3d show the assumed initial (dashed line) and computed 
final (solid line) fault geometries. 

TABLE 1. Values and Results 

Initial 

Depth a 
(km) 

Dip [Pfluid- Flexural Effective AT Xmin Xmax (x rms 
Pcrust]• Rigidity Elastic Plate (km) (km) 0cm) (km)Misfit b 
(kg/m•) (Nm) Thickness 0cm) (km) 

Snake Range Detachment Fault 

14 0' 650 2.6x102o 3.0 -3.9 -36 +38 20 0.20 
10 0' 650 2.6x102o 3.0 -3.2 -30 +32 20 0.11 
18 0 ø 650 6.2x102o 4.1 -5.0 -40 +42 25 0.18 
14 2(Y:E 650 2.6x102o 3.0 -5.3 -13 +107 20 0.14 
14 lY 10 3.9x1018 0.8 -.06 -36 +38 20 0.20 
14 20øE 10 3.9x1018 0.8 -.08 -13 +107 20 0.14 

Whioole Mountain Detachment Fault 
__ 

14 0' 650 8.1x1019 2.1 -3.5 -33 +37 15 0.16 
10 0' 650 8.1x1019 2.1 -2.6 -30 +34 15 0.15 
18 lY 650 8.1x1019 2.1 -4.4 -35 +39 15 0.16 
14 2(Y:E 650 2.6x1020 3.0 -4.9 -11 +83 20 0.20 
14 0' 10 1.2x1018 0.5 -.05 -33 +37 15 0.16 
14 20øE 10 3.9x1018 0.8 -.07 -11 +83 20 0.20 

a Relative to sea level at the point x=0 in Figure 3. 
b Between observed and computed fault geometry. 
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Fig. 3. Pre- and post-extensional fault geometry and topography for the Snake Range and 
Whipple Mountain detachment faults assuming that the fault was initially flat at a depth of 
14 km (Figures 3a and 3c) or had an initial depth of 14 km at x=0 and dipped 20 ø E 
between the surface and 30 km depth (Figures 3b and 3(1). Observed fault geometries 

(dots) and observed topography (solid lines) are shown in each panel (locations in Figure 
2). Top panels in each Figure 3a-3d show the assumed initial (dashed line) and computed 
final (solid line) fault geometries. 

TABLE 1. Values and Results 

Initial 

Depth a 
(km) 

Dip [Pfluid- Flexural Effective AT Xmin Xmax (x rms 
Pcrust]• Rigidity Elastic Plate (km) (km) 0cm) (km)Misfit b 
(kg/m•) (Nm) Thickness 0cm) (km) 

Snake Range Detachment Fault 

14 0' 650 2.6x102o 3.0 -3.9 -36 +38 20 0.20 
10 0' 650 2.6x102o 3.0 -3.2 -30 +32 20 0.11 
18 0 ø 650 6.2x102o 4.1 -5.0 -40 +42 25 0.18 
14 2(Y:E 650 2.6x102o 3.0 -5.3 -13 +107 20 0.14 
14 lY 10 3.9x1018 0.8 -.06 -36 +38 20 0.20 
14 20øE 10 3.9x1018 0.8 -.08 -13 +107 20 0.14 

Whioole Mountain Detachment Fault 
__ 

14 0' 650 8.1x1019 2.1 -3.5 -33 +37 15 0.16 
10 0' 650 8.1x1019 2.1 -2.6 -30 +34 15 0.15 
18 lY 650 8.1x1019 2.1 -4.4 -35 +39 15 0.16 
14 2(Y:E 650 2.6x1020 3.0 -4.9 -11 +83 20 0.20 
14 0' 10 1.2x1018 0.5 -.05 -33 +37 15 0.16 
14 20øE 10 3.9x1018 0.8 -.07 -11 +83 20 0.20 

a Relative to sea level at the point x=0 in Figure 3. 
b Between observed and computed fault geometry. 
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problem of metamorphic core complex origin a different 

normal faulting model is considered. Buck et al. [ 1988] 

calculate the effects of assuming local isostatic com- 

pensation of topography produced by movement on a 

planar normal fault. This results in lower plate 

(footwall) rocks, originally adjacent to the active normal 

fault, being exposed at the surface. Mylonites formed 

by strain at midcrustal levels would be carried to the 

surface if this model were correct. The essentially flat 

fault surface is "abandoned" in that it no longer moves 

when it is rotated into a horizontal position. For a high 

normal fault dip angle (>30 ø) a moderate slip rate on the 

fault would cause lower plate rocks to be uplifted and 

cooled at a rate compatible with geochronologic data 

discussed above (see Figures 2 and 3). However, the 

local compensation model does not explain how upper 

plate rocks could end up on top of an abandoned 

detachment surface. It also ignores the fact that there is 

no reason to expect zero flexural strength of the crust in 

an extending region. 

CONCEPTUAL PHYSICAL MODEL 

The results of Buck et al. [1988] prompted the 

present study, which is a first attempt to consider the 

possible effects of regional isostatic response to large 
offsets on a normal fault. The model is based on three 

assumptions: 

1. The isostatic response to normal fault motion is 

of regional extent. 

2. If a fault segment is significantly rotated from 

the optimum angle of slip relative to the crustal stress 

field, then a new planar fault oriented in the optimum 

direction will replace it. 

3. The fault cuts the entire upper crust (Figure 4) 

and continues to cut through the same area of the base 

of the upper crust. Fault motion is always considered 

to nucleate in the same region at the base of the upper 
crust. 

These assumptions have a basis in observations and 

theory. First, based on understanding of the matedais 

that make up the crust, one would expect that the crust 

should have a finite flexural strength [e.g., Goetze and 

Elastic Upper 

Inviscid Lower Crust 

Fig. 4. Schematic of a normal fault cutting the entire upper 
crust. The base of the upper crust is always at a fixed depth, 
as shown by the dashed line. 

Unfractured 
rock/ / 
/ / Existing 

I • fracture 

Normal Stresss O' N 

Fig. 5. Plot of shear stress x versus normal stress cr n for 
frictional sliding on a fault (Byedee's law) and for fracture 

(Coulomb failure) of rock. The Mohr's circle shows that when 

the angle of the fault surface to the minimum principal stress 

has rotated/50 from the optimum value, 0, then failure of the 
rock can occur. Here it is assumed that the mimimum stress 

is horizontal. 

Evans, 1979]. Extensional stresses should reduce the 

flexural rigidity of the crust, as described below and by 

Bodine et al. [1981 ]. High crustal temperatures should 

lead to lower flexural strength. The Basin and Range is 

underging extension, and heat flow there is about twice 

that of average continental crust [Lachenbruch and Sass, 

1977]. However, analysis of the correlation of gravity 

and topography in the Basin and Range by Bechtel and 

Forsyth [1987] indicates a finite flexural strength for 

that region. 

As noted earlier, fault mechanics theory predicts 

that faults have a range of optimal orientations to the 

principal stresses. According to the Mohr-Coulomb 

criterion [Coulomb, 1773], shear failure will occur once 

the shear strength and internal friction of a material are 

overcome [Jaeger and Cook, 1959]. Rock mechanics 

experiments show that when a fault is rotated away 

from the optimal angle for shear, frictional sliding 

along that fault eventually becomes more difficult than 

creating a new fault through unfractured rock (see Nur et 

al. [1986] for further discussion). Laboratory studies 

show that the shear stress •; required for motion on an 

existing fracture is controlled by the cohesive strength S 

and the normal stress o n acting on the fracture [e.g., 
Byedee, 1978]: 

x =s+po n (1) 

where I.t is the coefficient of friction. This relation is 

plotted on a Mohr circle diagram in Figure 5 for two 

values of the cohesive strength. S 1 is the cohesion for 

an existing fault and S O is for unfractured rock. As 
long as a normal fault remains close to the optimum 

dip angle for frictional sliding 0, which for this 

example is about 60 ø, no new faults will be cut. 

Buck, Tectonics, 1988
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Evans, 1979]. Extensional stresses should reduce the 

flexural rigidity of the crust, as described below and by 

Bodine et al. [1981 ]. High crustal temperatures should 

lead to lower flexural strength. The Basin and Range is 

underging extension, and heat flow there is about twice 

that of average continental crust [Lachenbruch and Sass, 

1977]. However, analysis of the correlation of gravity 

and topography in the Basin and Range by Bechtel and 

Forsyth [1987] indicates a finite flexural strength for 

that region. 

As noted earlier, fault mechanics theory predicts 

that faults have a range of optimal orientations to the 

principal stresses. According to the Mohr-Coulomb 

criterion [Coulomb, 1773], shear failure will occur once 

the shear strength and internal friction of a material are 

overcome [Jaeger and Cook, 1959]. Rock mechanics 

experiments show that when a fault is rotated away 
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(a) Offset 

Footwall 

or 

Lower Plate 
Hanging Wall 

or 

Upper Plate 

• x 

(b) Flex 

(c) Break New Fault 

Fig. 6. Model formulation. (a) shows offset along a 

high-angle normal fault; (b) shows flexural response to the 

topographic load caused by the offset. The flexure causes 

rotation of the high angle normal fault over a flexural 

wavelength. In (c) the rotated fault is abandoned and a new 
extension of the fault, which is rooted in the lower crust, is 

cut through the top of the upper crust. 

The fault offset represents a load which must be 

isostatically compensated. In the chosen frame of 

reference the hanging wall moves down parallel to the 

fault during offset. The downward component of offset 

at any position x is fly(x). The load, p(x), due to this 

offset is a negative load since it tends to pull the surface 

up. For the hanging wall side, p(x) is given by 

p(x) =-fiy(x)p g (4) 

where p is the crustal density. Note that when the 

surface is horizontal the fault offset results in p[x] being 

the same for all x positions. When the surface is not 
horizontal, the load due to fault offset is a function of x 

position. 

The thin plate flexure equation (3) is used to 

describe vertical displacements due to loads p(x). 

Flexure tends to spread the displacements over a wide 

region even when the load is concentrated. The 

wavelength of the response depends on the flexural 

rigidity D. The rigidity D can be related to the effective 

elastic thickness of the lithosphere Te: 

2 

ET e 
D= (5) 

12 ( 1 -v 2 ) 

Young's Modulus E is taken to be 5 x 1010 N/m 2 and 
Poissson's ratio v is 0.5. The term effective elastic 

thickness T e [e.g., Bodine et al., 1981 ] is used since the 
physical properties of the lithosphere may vary with 

depth. T e is the thickness of a perfectly elastic plate, 
with given elastic constants, which has the same 

rigidity as the lithosphere. The wavelength of the 

flexural response to a point load is about 5(Te)3/4 in 
kilometers for T e in kilometers. In this paper the only 
parameter used to describe the flexural response of the 

crust will be Te, with the understanding that it is related 
to D through equation (5). 

Derivation of strains through the upper crust 

requires a corollary approximation. The flexural 

response to loads is considered to produce only vertical 

displacements. Vertical columns of crust are assumed 

to slip freely past each other. The only horizontal 

displacements are due to offset of the fault. Points 

representing the surface, the active fault, and past fault 

traces are followed through successive fault offsets. 
When fault offset occurs, the normal fault should 

be rotated as shown in Figure 6. If small fault 

displacements are considered, then both the constant 

stress field and thin plate approximations are valid. In 

this model it is assumed that the response to large fault 

displacements is qualitatively similar to the results for 

small displacements. Large fault offsets are required to 

produce fault rotations which allow part of the fault to 
be abandoned. 

The active fault dips initially at an angle 0. Fault 
offset is increased until the active fault has rotated a set 

amount fi0, at which time a new fault is cut. See 

Figure 5c. As noted before, this is consistent with 

Mohr-Coulomb theory for a uniform stress field. The 

new fault dips at the original angle 0 and intersects with 

the old fault at a specified depth, the nucleation depth. 

The depth of nucleation is taken to be 15 km in all the 

calculations. Varying this depth a few kilometers has 
little effect on the results. 

RESULTS 

Constant Flexural Rigidity 

The results of one calculation for extension with an 

effective elastic thickness T e of 0.5 km are shown in 
Figure 7. For this calculation, 0 is taken to be 60 ø and 
fi0 is taken to be 5 ø. Model results for different 

amounts of extension are shown in the figure. In the 
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fault surface is "abandoned" in that it no longer moves 
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normal fault dip angle (>30 ø) a moderate slip rate on the 

fault would cause lower plate rocks to be uplifted and 

cooled at a rate compatible with geochronologic data 

discussed above (see Figures 2 and 3). However, the 
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plate rocks could end up on top of an abandoned 

detachment surface. It also ignores the fact that there is 

no reason to expect zero flexural strength of the crust in 

an extending region. 
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1. The isostatic response to normal fault motion is 
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field, then a new planar fault oriented in the optimum 

direction will replace it. 

3. The fault cuts the entire upper crust (Figure 4) 

and continues to cut through the same area of the base 

of the upper crust. Fault motion is always considered 

to nucleate in the same region at the base of the upper 
crust. 

These assumptions have a basis in observations and 

theory. First, based on understanding of the matedais 

that make up the crust, one would expect that the crust 

should have a finite flexural strength [e.g., Goetze and 
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crust. The base of the upper crust is always at a fixed depth, 
as shown by the dashed line. 
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Fig. 5. Plot of shear stress x versus normal stress cr n for 
frictional sliding on a fault (Byedee's law) and for fracture 

(Coulomb failure) of rock. The Mohr's circle shows that when 

the angle of the fault surface to the minimum principal stress 

has rotated/50 from the optimum value, 0, then failure of the 
rock can occur. Here it is assumed that the mimimum stress 

is horizontal. 

Evans, 1979]. Extensional stresses should reduce the 

flexural rigidity of the crust, as described below and by 

Bodine et al. [1981 ]. High crustal temperatures should 

lead to lower flexural strength. The Basin and Range is 

underging extension, and heat flow there is about twice 

that of average continental crust [Lachenbruch and Sass, 

1977]. However, analysis of the correlation of gravity 

and topography in the Basin and Range by Bechtel and 

Forsyth [1987] indicates a finite flexural strength for 

that region. 

As noted earlier, fault mechanics theory predicts 

that faults have a range of optimal orientations to the 

principal stresses. According to the Mohr-Coulomb 

criterion [Coulomb, 1773], shear failure will occur once 

the shear strength and internal friction of a material are 

overcome [Jaeger and Cook, 1959]. Rock mechanics 

experiments show that when a fault is rotated away 

from the optimal angle for shear, frictional sliding 

along that fault eventually becomes more difficult than 

creating a new fault through unfractured rock (see Nur et 

al. [1986] for further discussion). Laboratory studies 

show that the shear stress •; required for motion on an 

existing fracture is controlled by the cohesive strength S 

and the normal stress o n acting on the fracture [e.g., 
Byedee, 1978]: 

x =s+po n (1) 

where I.t is the coefficient of friction. This relation is 

plotted on a Mohr circle diagram in Figure 5 for two 

values of the cohesive strength. S 1 is the cohesion for 

an existing fault and S O is for unfractured rock. As 
long as a normal fault remains close to the optimum 

dip angle for frictional sliding 0, which for this 

example is about 60 ø, no new faults will be cut. 
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high-angle normal fault; (b) shows flexural response to the 

topographic load caused by the offset. The flexure causes 

rotation of the high angle normal fault over a flexural 

wavelength. In (c) the rotated fault is abandoned and a new 
extension of the fault, which is rooted in the lower crust, is 

cut through the top of the upper crust. 
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at any position x is fly(x). The load, p(x), due to this 

offset is a negative load since it tends to pull the surface 

up. For the hanging wall side, p(x) is given by 

p(x) =-fiy(x)p g (4) 

where p is the crustal density. Note that when the 

surface is horizontal the fault offset results in p[x] being 

the same for all x positions. When the surface is not 
horizontal, the load due to fault offset is a function of x 

position. 

The thin plate flexure equation (3) is used to 

describe vertical displacements due to loads p(x). 

Flexure tends to spread the displacements over a wide 

region even when the load is concentrated. The 

wavelength of the response depends on the flexural 

rigidity D. The rigidity D can be related to the effective 
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thickness T e [e.g., Bodine et al., 1981 ] is used since the 
physical properties of the lithosphere may vary with 

depth. T e is the thickness of a perfectly elastic plate, 
with given elastic constants, which has the same 

rigidity as the lithosphere. The wavelength of the 

flexural response to a point load is about 5(Te)3/4 in 
kilometers for T e in kilometers. In this paper the only 
parameter used to describe the flexural response of the 

crust will be Te, with the understanding that it is related 
to D through equation (5). 

Derivation of strains through the upper crust 
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representing the surface, the active fault, and past fault 

traces are followed through successive fault offsets. 
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be rotated as shown in Figure 6. If small fault 

displacements are considered, then both the constant 

stress field and thin plate approximations are valid. In 

this model it is assumed that the response to large fault 

displacements is qualitatively similar to the results for 

small displacements. Large fault offsets are required to 

produce fault rotations which allow part of the fault to 
be abandoned. 

The active fault dips initially at an angle 0. Fault 
offset is increased until the active fault has rotated a set 

amount fi0, at which time a new fault is cut. See 

Figure 5c. As noted before, this is consistent with 

Mohr-Coulomb theory for a uniform stress field. The 

new fault dips at the original angle 0 and intersects with 

the old fault at a specified depth, the nucleation depth. 

The depth of nucleation is taken to be 15 km in all the 

calculations. Varying this depth a few kilometers has 
little effect on the results. 

RESULTS 

Constant Flexural Rigidity 

The results of one calculation for extension with an 

effective elastic thickness T e of 0.5 km are shown in 
Figure 7. For this calculation, 0 is taken to be 60 ø and 
fi0 is taken to be 5 ø. Model results for different 

amounts of extension are shown in the figure. In the 
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early stage of extension, inactive faults are only slightly 
rotated and a topographic high is developed on the 
footwall side of the active fault. As extension con- 
tinues faults at the surface are rotated to a constant angle 
of about 30 ø . The abandoned faults progressively flatten 
with depth, eventually becoming horizontal. The 
footwall continuously moves up on a high-angle fault. 
The rocks below the detachment come up from greater 
depths as the extension continues. Fault-bounded 
blocks on top of the detachment become smaller as 
extension continues. 

The effect of changing the effective flexural rigidity 
of the crust is illustrated in Figure 8. The plots show 
the faulting geometry for effective elastic thicknesses of 
1.0 km, 0.5 km, and 0.25 km. All lengths in the 
calculated fault geometries scale approximately with the 
T e to the 3/4 power. This scaling is not surprising 
since the wavelength of the flexural response depends on 
Te3/4. The scaling would be exact if the depth of 
nucleation were not at a finite depth. The hanging wall 
topography is unreasonably large unless T e is extremely 
small. 
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Fig. 7. Topography and positions of active and abandoned 
faults resulting from a calculation with a fault angle 0 of 60 ø, 
an effective flexural rigidity of 0.5 km, and a rotation angle •50 
of 5 ø. A line at 2 km depth is also plotted. Horizontal offsets 
of approximately (a) 15 km, (b) 30 km, and (c) 60 km are 
shown. There is no vertical exaggeration. 
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Fig. 8. Same as Figure 7 for different flexural rigidities: T e = 
1 km, T e = 0.5 km, T e = 0.25 km. 

Variable Flexural Rigidity 

The strong bending of the elastic lithosphere should 
lead to a lowering of T e. Based on laboratory studies of 
the deformation of minerals which make up the crust 
and upper mantle [e.g., Goetze and Evans, 1979], 
bending stresses should cause part of the elastic upper 
crust to depart from perfect elasticity. This should 
occur because stresses within the plate are limited by 
the strength of the lithosphere. A plot of the estimated 
maximum stress difference which can be maintained in 
the upper crust (the yield stress envelope) is shown in 
Figure 9a. Detailed discussion of the construction of 
this type of figure are given by Brace and Kohlstedt 
[1980]. At shallow depths and low temperatures the 
frictional resistance along rock fracture planes controls 
the strength required for deformation. At depths where 
temperatures are high, rocks deform by ductile creep. 
The maximum ductile strength may be described by a 
temperature and composition dependent flow law. For 
Figure 9a the crust is taken to be described by flow 
constants for diabase [Cadstan, 1982], and a linear 
temperature gradient of 25ø/km is assumed. 

Using the concept that lithospheric stresses are 
limited by a yield stress envelope, a relation between 
plate curvature and plate rigidity can be derived [Chapple 
and Forsyth, 1979; Bodine and Watts, 1979; McNutt 
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problem of metamorphic core complex origin a different 

normal faulting model is considered. Buck et al. [ 1988] 

calculate the effects of assuming local isostatic com- 

pensation of topography produced by movement on a 

planar normal fault. This results in lower plate 

(footwall) rocks, originally adjacent to the active normal 

fault, being exposed at the surface. Mylonites formed 

by strain at midcrustal levels would be carried to the 

surface if this model were correct. The essentially flat 

fault surface is "abandoned" in that it no longer moves 

when it is rotated into a horizontal position. For a high 

normal fault dip angle (>30 ø) a moderate slip rate on the 

fault would cause lower plate rocks to be uplifted and 

cooled at a rate compatible with geochronologic data 

discussed above (see Figures 2 and 3). However, the 

local compensation model does not explain how upper 

plate rocks could end up on top of an abandoned 

detachment surface. It also ignores the fact that there is 

no reason to expect zero flexural strength of the crust in 

an extending region. 

CONCEPTUAL PHYSICAL MODEL 

The results of Buck et al. [1988] prompted the 

present study, which is a first attempt to consider the 

possible effects of regional isostatic response to large 
offsets on a normal fault. The model is based on three 

assumptions: 

1. The isostatic response to normal fault motion is 

of regional extent. 

2. If a fault segment is significantly rotated from 

the optimum angle of slip relative to the crustal stress 

field, then a new planar fault oriented in the optimum 

direction will replace it. 

3. The fault cuts the entire upper crust (Figure 4) 

and continues to cut through the same area of the base 

of the upper crust. Fault motion is always considered 

to nucleate in the same region at the base of the upper 
crust. 

These assumptions have a basis in observations and 

theory. First, based on understanding of the matedais 

that make up the crust, one would expect that the crust 

should have a finite flexural strength [e.g., Goetze and 

Elastic Upper 

Inviscid Lower Crust 

Fig. 4. Schematic of a normal fault cutting the entire upper 
crust. The base of the upper crust is always at a fixed depth, 
as shown by the dashed line. 

Unfractured 
rock/ / 
/ / Existing 

I • fracture 

Normal Stresss O' N 

Fig. 5. Plot of shear stress x versus normal stress cr n for 
frictional sliding on a fault (Byedee's law) and for fracture 

(Coulomb failure) of rock. The Mohr's circle shows that when 

the angle of the fault surface to the minimum principal stress 

has rotated/50 from the optimum value, 0, then failure of the 
rock can occur. Here it is assumed that the mimimum stress 

is horizontal. 

Evans, 1979]. Extensional stresses should reduce the 

flexural rigidity of the crust, as described below and by 

Bodine et al. [1981 ]. High crustal temperatures should 

lead to lower flexural strength. The Basin and Range is 

underging extension, and heat flow there is about twice 

that of average continental crust [Lachenbruch and Sass, 

1977]. However, analysis of the correlation of gravity 

and topography in the Basin and Range by Bechtel and 

Forsyth [1987] indicates a finite flexural strength for 

that region. 

As noted earlier, fault mechanics theory predicts 

that faults have a range of optimal orientations to the 

principal stresses. According to the Mohr-Coulomb 

criterion [Coulomb, 1773], shear failure will occur once 

the shear strength and internal friction of a material are 

overcome [Jaeger and Cook, 1959]. Rock mechanics 

experiments show that when a fault is rotated away 

from the optimal angle for shear, frictional sliding 

along that fault eventually becomes more difficult than 

creating a new fault through unfractured rock (see Nur et 

al. [1986] for further discussion). Laboratory studies 

show that the shear stress •; required for motion on an 

existing fracture is controlled by the cohesive strength S 

and the normal stress o n acting on the fracture [e.g., 
Byedee, 1978]: 

x =s+po n (1) 

where I.t is the coefficient of friction. This relation is 

plotted on a Mohr circle diagram in Figure 5 for two 

values of the cohesive strength. S 1 is the cohesion for 

an existing fault and S O is for unfractured rock. As 
long as a normal fault remains close to the optimum 

dip angle for frictional sliding 0, which for this 

example is about 60 ø, no new faults will be cut. 

Buck, Tectonics, 1988
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early stage of extension, inactive faults are only slightly 
rotated and a topographic high is developed on the 
footwall side of the active fault. As extension con- 
tinues faults at the surface are rotated to a constant angle 
of about 30 ø . The abandoned faults progressively flatten 
with depth, eventually becoming horizontal. The 
footwall continuously moves up on a high-angle fault. 
The rocks below the detachment come up from greater 
depths as the extension continues. Fault-bounded 
blocks on top of the detachment become smaller as 
extension continues. 

The effect of changing the effective flexural rigidity 
of the crust is illustrated in Figure 8. The plots show 
the faulting geometry for effective elastic thicknesses of 
1.0 km, 0.5 km, and 0.25 km. All lengths in the 
calculated fault geometries scale approximately with the 
T e to the 3/4 power. This scaling is not surprising 
since the wavelength of the flexural response depends on 
Te3/4. The scaling would be exact if the depth of 
nucleation were not at a finite depth. The hanging wall 
topography is unreasonably large unless T e is extremely 
small. 
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Fig. 7. Topography and positions of active and abandoned 
faults resulting from a calculation with a fault angle 0 of 60 ø, 
an effective flexural rigidity of 0.5 km, and a rotation angle •50 
of 5 ø. A line at 2 km depth is also plotted. Horizontal offsets 
of approximately (a) 15 km, (b) 30 km, and (c) 60 km are 
shown. There is no vertical exaggeration. 
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Fig. 8. Same as Figure 7 for different flexural rigidities: T e = 
1 km, T e = 0.5 km, T e = 0.25 km. 

Variable Flexural Rigidity 

The strong bending of the elastic lithosphere should 
lead to a lowering of T e. Based on laboratory studies of 
the deformation of minerals which make up the crust 
and upper mantle [e.g., Goetze and Evans, 1979], 
bending stresses should cause part of the elastic upper 
crust to depart from perfect elasticity. This should 
occur because stresses within the plate are limited by 
the strength of the lithosphere. A plot of the estimated 
maximum stress difference which can be maintained in 
the upper crust (the yield stress envelope) is shown in 
Figure 9a. Detailed discussion of the construction of 
this type of figure are given by Brace and Kohlstedt 
[1980]. At shallow depths and low temperatures the 
frictional resistance along rock fracture planes controls 
the strength required for deformation. At depths where 
temperatures are high, rocks deform by ductile creep. 
The maximum ductile strength may be described by a 
temperature and composition dependent flow law. For 
Figure 9a the crust is taken to be described by flow 
constants for diabase [Cadstan, 1982], and a linear 
temperature gradient of 25ø/km is assumed. 

Using the concept that lithospheric stresses are 
limited by a yield stress envelope, a relation between 
plate curvature and plate rigidity can be derived [Chapple 
and Forsyth, 1979; Bodine and Watts, 1979; McNutt 
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The effective rigidity of the crust will be reduced by 

even relatively small fault offsets. This is illustrated in 

Figure 10 for two cases where fault offset is continued 

until a 5 ø rotation of the top of the fault is achieved. In 

the case where T e is taken to be a constant thickness of 
5 km, a fault offset of 20 km is needed to produce the 

rotation. In the case where T e is initially 5 km thick 
but is thinned by bending, only 6 km of fault offset is 

required. Also, the wavelength of the flexural response 

to fault offset is dimimished by more than a factor of 10 

by the end of this calculation. 

The results of one calculation with repeated 

abandonment of fault segments are shown in Figure 11 

with T e = 5 km for crust of zero curvature. T e drops to 
very low values in the region adjacent to active faulting. 

This has the effect of reducing the model topographic 

relief since much smaller fault offset is required to 

produce a given rotation of the active normal fault. 

This treatment of the problem still leads to very large 

topographic slopes, especially on the hanging wall side 
of the fault. 

(a) 

(b) 

50 = 5 ø 
5 
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:•1o 

•2o 

,se = lO ø 

5 
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Calculation with Sedimentation 

Large topographic slopes should lead to erosion and 

structural collapse of the hanging wall block. Erosion 

rates depend on rock type and environmental factors in a 

complex way. Collapse of the hanging wall block by 

faulting is also difficult to model. Both processes 

should act to fill in the topographic low over the 

o =60':' 8e =5 ø 

•1o 

•20 I ' i 
20 km 

Fig. 11. Topography and positions of active and abandoned 
faults from a calculation in which the rigidity depends on 

curvature of the upper crust. Active fault dip 0 = 60 ø and •50 = 
5 ø . The upper line shows the effective elastic lithospheric 

thickness T e for positions across the fault system. T e = 5 km 
for areas with zero curvature. 
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Fig. 12. Results of variable rigidity calculations in which 
sediment has been added to fill in all levels below 1000 m 

depth. Two cases of assumed angle of fault rotation before 
fault abandonment are shown: •50 = 5 ø and •50 = 10 ø. 

actively slipping fault. in the interest of simplicity, 

only the effect of sediment loading is treated here. 

Sediment is made to fill in all depths below a depth of 1 

km. The sediment is assigned the same density as the 

rest of the crust. The model sediment can be thought of 

as coming from out of the plane of the calculation, 

since no erosion is accounted for in this plane. The 

local plate rigidity is again taken to be a function of 

plate curvature through equation (A5). Figure 12 shows 
the results of two calculations with sediment loading 

added to the normal fault loading. The calculations 

differ only in the amount of fault rotation before 
abandonment •0. 

The effect of the model sedimentation is to reduce 

the topographic slopes resulting from fault motion. 

This acts to make the stress field more nearly uniform, 

justifying the use of Mohr-Coulomb theory to calculate 
fault orientation. The inf'fll results in the abandoned 

detachment being buried under wedges of the sediments, 

rather than being exposed at the surface. 
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present 

preextension 

Fig. 2. Schematic cross section perpendicular to strike of tramition ame at the latitude of Lake Mead showing inferred uplift of Gold 
Butte block. Location of profile shown in Figure 1. Modified from Werniclce and Axen [1988]. 

TOPOGRAPHY, GRAVITY, SEISMIC, AND 

HEAT FLOW OBSERVATIONS 

Topographic elevations of 700 m in the Lake Mead region 
increase eastward across a transition zone less than 50 km wide to 

approximately 1500 m on the Colorado Plateau (Figures 3 and 4). 
Topographic elevations on the Colorado Plateau increase gently 
farther eastward to approximately 2000 m over the central plateau. 
Bouguer gravity anomalies of approximately -120 mGal over the 
Basin and Range grow increasingly negative eastward to 

approximately -190 mGal over the Colorado Plateau (Figures 3 and 
4). The transition in gravity values occurs over a zone approx- 

imately 200 km wide. 

Figure 5a shows that the topography and Bouguer gravity 
together are compatible with a local (Airy) compensation model in 
which variations in elevation are compensated locally by deflections 
of the Moho. In this model the lower elevations over the Basin and 

Range are compensated by an approximately 5 km decrease in 
crustal thickness, assuming an upper crustal density of 2700 kg/m 3 
and mantle density of 3300 kg/m 3. The topography and gravity data 
thus suggest variations in crustal thickness in the Lake Mead area 
that are smaller than the difference between the 30-km crustal 

thickness recorded in COCORP profiling across the central Basin 

and Range [Allmendinger et al., 1987] and the 40- or 50-km 
thickness of the Colorado Plateau interpreted from refraction and 

reflection data [Thompson and Zoback, 1979; Hauser and Lundy, 
1989]. The gravity data are also compatible with a lithospheric 
flexural rigidity up to 1022 N m (effective elastic plate thickness up 
to about 15 km) (Figure 5a). 

No direct seismic observations of crustal structure are available 

for the Lake Mead transition zone. Data across the Basin and 

Range-Colorado Plateau transition at other locations, however, 
show a variety of features. A 3 km Moho offset is observed across 
the transition in west central Arizona [Hauser et al., 1987]. The 

COCORP transect across the transition zone at 40øN [Allmendinger 

et al., 1987] shows a region without strong reflectors in the 

transition zone separating an area in the Basin and Range with 
strong reflectors at 30 km depth from an area beneath the Colorado 
Plateau with strong reflectors at both 30 and 45 km depth. 

An estimate of Pn velocities of 8.1 km/s in the manfie lid beneath 

the Colorado Plateau [Beghoul and Barazangi, 1989] suggests that 
these velocities are significantly higher than the 7.8 km/s values 

found in the Basin and Range. The length scale of the transition in 
velocities is underembed. 

Data compiled by Lachenbruch and Sass [1978] and Bodell and 
Chapman [1982] indicate heat flow in the Basin and Range (60-100 
mW/m 2) is comparable to that observed on the periphery of the 
Colorado Plateau (80-90 mW/m2). A lower average heat flow (60 
mW/m 2) is observed in the interior of the Colorado Plateau. 
Assuming an exponential distribution of radioactive heat production 

with depth, Lachenbruch and $ass [1978] derive crustal geotherms 
of 25ø-30øC/km in the Basin and Range. Their models suggest 

temperatures of 700ø-1000øC near the base of the crust at 30-40 km 
depth beneath the Basin and Range. Their work also suggests 

temperature differences at subcrustal depths between the Basin and 

Range and unextended lithosphere like the interior of the Colorado 

Plateau may be 200ø-500øC. Differences in heat flow between these 

two provinces may, however, reflect a time lag associated with 

conduction of Cenozoic changes in the thermal regime at depth to 

the surface of the Colorado Plateau [Thompson and Zoback, 1979] 

rather than or in addition to present differences in subcrustal 

temperatures. The elevation of the Colorado Plateau and the 

presence of Cenozoic volcanism over both the Basin and Range and 
the Colorado Plateau near Lake Mead suggest that deep crustal and 

subcrustal temperatures may be unusually high in both provinces 

[Thompson and Zoback, 1979]. 

MODELS FOR LITHOSPHERIC EXTENSION 

A local (Airy) compensation mechanism predicts a decrease in 
elevation over thinned crust that is almost twice the value observed 

in the Basin and Range near Lake Mead, for the lower bound 

estimate of 10 km of Basin and Range crustal thinning. The 

predicted elevation change Ae can be written Ae = -Ah(pm-Pc)/Pm, 

where Ah is the crustal thinning and Pm and Pc are mantle and 

crustal densities, respectively. For Ah = 10 kin, Pm = 3300 kgtm3, 
and Pc = 2700 kg/m 3, this model predicts Ae = 1800 m, as 

Kruse et al., JGR, 1991
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Fig. 3a. Topographic map of Lake Mead area and westem Colorado Plateau. Thick lines mark state boundaries and the shore of 
Lake Mead. Thin straight lines show the location of topography profiles in Figure 4. Data taken from the NOAA TGP-0030 30' 
topography data set. 
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Fig. 3b. Bouguer gravity anomalies in Lake Mead area and western Colorado Plateau. Thick curves mark state boundaries and the 

shore of Lake Mead. Thin straight lines show the location of gravity profiles in Figure 4. 

compared with the observed 1000-m topographic step observed 
across the transition zone. 

The simple uniform lithospheric extension model of McKenzie 

[ 1978], on the other hand, can predict the difference in topography 

between unextended and extended regions for 10 lcm of thinning of 

crust initially 40 km thick. This model assumes that the temperature 

at the base of the lithospheric plate remains constant as the manfie 

and crust extend and thin. The change in elevation Ae in lithosphere 

extending uniformly by a factor fl can be written 

Ae = - h, (Pn•Pc)[1- •] + P,n / Pmø•Tml[ 1 - (1) 

[McKenzie, 1978] where hc is the pieextensional crustal thickness, 
Pm and Pc are as defined above, ot is the coefficient of thermal 

expansion, Tm is the temperature at the base of the mantle, and I is 

the pieextensional thickness of the lithosphere. For extension 

corresponding to an extension factor of • = 1.33 (10 km of thinning 

of crust initially 40 km thick), setting Pm = 3300 kg/m 3, Pc = 2700 
kg/m 3, ot = 3 x 10 -5 øC-l, Tm = 1350øC, and 1 = 125 kin, equation 
(1) predicts that Ae = -1 km. This model yields a fit to the gravity 
data which is not as good as that of the Airy model, but does 

roughly predict the change in gravity anomalies across the transition 

zone (Figure 5b). 

The uniform extension model fails, however, to predict both the 

topography and gravity data for the extension estimates 

corresponding to the fl values of 1.7 or more estimated by 
Wernicke et al. [1988]. For an extension factor fl = 2, 

corresponding to 20 km of thinning of crust initially 40 km thick, 

and other lithospheric parmeters equal to the values in the 
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underplating model is a somewhat ad hoc explanation for the 

apparent discrepancy between cnm• extension and cnm• thinning 
because the mantle-derived additions to the crust must coincide 

precisely with regions of crustal extension. 

The underplating mechanism may also not be capable of adding 

an amount of crustal material sufficient to explain the observations 

near Lake Mead. Unless there is an exceptionally large and abrupt 

discontinuity in manfie densities across the transition zone, the 

underplating mechanism must add of the order of 5-10 km or more 
of material to the base of the extended crust. To add 5-10 km to the 

base of the crust at 30-40 km depth, however, requires an 

extremely warm plume capable of efficient segregation of melts 

generated at depths to 100 krn or more [Furlong and Fountain, 
19861. 

The fourth mechanism, redistribution of ductile lower crustal 

material driven by lateral pressure gradients due to variations in the 

thickness of the overlying upper crust, will also tend to smooth out 
variations in total crustal thickness. Ductile crustal flow has 

previously been proposed to explain the relative uniformity of 

topography over regions of variable extension [Wernicke, 1985; 

McKenzie, 1988; Spencer and Reynolds, 1989] and the lack of 

subsidence over denuded core complexes [Block and Royden, 

1990]. McCarthy and Thompson [1988] interpret the large number 

of lower crustal reflectors in extensional provinces in the western 

United States as possible evidence for ductile strain (or intrusive 

layering) in the lower crust. Influx of crustal material beneath 

uplifted regions is also assumed in the isostatic response of the crust 
in Buck's [1988] model for the generation of low angle normal 

faults in metamorphic core complexes and in the model of Wernicke 

and Axen [ 1988] for the uplift of footwalls of normal faults. In the 

following sections we examine the conditions under which such 
flow in the crust could add 5-10 km to the thickness of extended 

crust observed at Lake Mead. 

Ducru.E FLow MODELS 

Rheological Justification 

Justification for modeling the effects of ductile flow at lower 

crustal depths comes from laboratory experiments [e.g., Goetze 
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Fig. 5. Bougucr gravity anomalies prediaed by simple compensation models. Topography data used in modeling are averaged from 
the five profiles of Figure 4. Crosses mark observed Bouguer gravity anomalies similarly averaged from the profiles of Figure 4. 
Short vertical line between upper and lower plots marks location of transition zone. (a) Solid curve shows local (Aior) compensation 
of topography by deflections of the Moho. Dashed curve shows compensation at Moho assuming a flexural rigidity of 1022 N m. 
(b) Bouguer gravity anomalies and Moho depths corresponding to tmiform stretching of the lithosphere west of the transition zone 
according to the model of McKenzie [ 1978]. Solid curves indicate values associated with extension by a factor fi = 1.33, resulting 
in 10 km of crustal thinning of crust initially 40 km thick. Dashed curves show values predicted from e•msion by a factor of 2 with 
20 km of crustal thinning. Bouguer gravity anomalies are calculated asstinting that the lithosphere in the extended region has thinned 
uniformly, maintaining a linear temperature gradient between the surface and a temperature of 1350øC at the base of the lithospheric 
plate. The unextended thickness of the lithospheric plate is set to 125 kin. Deflections of the Moho maintain local (Aior) isostasy. 
To best fit the observed gravity data -200 regal were added to the gravity predicted by the model for fi = 1.33 (solid curves) and 250 
rnGal were added to the gravity predicted by the fi = 2 (dashed curves) model. 
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and Evans, 1979; Brace and Kohlstedt, 1980; Kirby, 1983] and 

geological and seismic observations [e.g., Smith and Bruhn, 1984; 

McCarthy and Thompson, 1988] which suggest that crustal 

materials may deform ductilely under the pressure and temperature 

conditions found in the lower crust. Both laboratory and field 

observations suggest that the lower crust may be a weak layer 

bounded above and below by stronger layers. Figure 6a illustrates 

the maximum deviatoric stresses predicted for a continental 

lithosphere with a temperature gradient of 10ø-20øC/lcm in the upper 

crust and approximately 10øC/km in the lower crust and mantle, for 

a strain rate of !0-15 s-1. The weak region at lower crustal depths 
where maximum deviatoric stresses are small is presumed to be 

bounded above by a transition from brittle to ductile behavior and 

from below by a compositional transition at the Moho. Both the 

nature and depth of these transitions, however, are highly dependent 

on the geotherm, strain rams, and compositions assumed and are in 

general poorly known. Carter and Tsenn [1987] have shown that 

the depth of a brittle-qtuctile transition may begin at virtually any 

depth greater than 10 km, depending on the composition, 

temperature, and strain rate within the crust. Under certain 

conditions more than one weak ductile layer may exist as well 

(Figure 6b [Smith and Bruhn, 1984]). 

In the following sections we discuss three models for lower 

crustal ductile flow that give progressively better approximations to 

the lithospheric theology assumed for and the conditions observed 

at the Lake Mead transition zone: (1) an analytical approximation to 

two-dimensional linear viscous flow in a channel; (2) f'mite element 

modeling of linear viscous flow under geometric conditions more 

closely approximating those at Lake Mead; and (3) modeling of flow 

governed by power law creep mechanisms. 

Channel Flow Approximation 

Figure 7a illustrates the highly simplified two-dimensional 

model of lithospheric structure used to examine the conditions under 

which ductile flow of lower crustal material can significantly thicken 

the lower crust beneath regions of extended upper crust. Ductile 
flow is assumed to occur within a channel with distinct boundaries. 

The upper crust overlying the ductile channel is assumed to have no 

flexural rigidity and acts as a passive load on the ductile layer. In 

this paper we use the term upper crust to describe all material above 

the ductile channel. We prescribe thinning of the upper crust as a 

boundary condition on the underlying ductile flow. In the first 

series of models the lower boundary of the ductile channel is 

assumed to be rigid and flat, ignoring deflections associated with 

deformation in deeper layers. We also assume initially that there is 

no difference in density between material forming the upper crust 

and the material in the ductile channel, and that the ductile layer 

behaves as a linear (Newtonian) viscous fluid. 

In this model, lateral variations in the mass of upper crustal 

material induce lateral variations in pressure in the underlying fluid 

layer. Flow in response to these pressure gradients carries material 

away from regions of high pressure corresponding to areas with 

large upper crustal thicknesses toward regions of lower pressure 

where upper crust is thinner. Pressure gradients are reduced as 

flow in the fluid layer increases the weight of fluid material in 

Kruse et al., JGR, 1991
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Fig. 7. (a) Schematic representation of ductile flow in response to upper 
crustal thinning. (b) Boundary conditions on f'mite element models for a 
ductile channel with a fixed lower boundary. 

average pressure that is equal to half the initial pressure in equation 
(3), we solve for the viscosity/• required for "complete" flow: 

D3pcgAt 
3 L 2 (5) 

The viscosity required for fluid flow to be effective at reducing 

lateral variations in total crustal thickness thus depends most 

strongly on the channel thickness D and the length scale L. Low 

viscosities are required to maintain flow of material in narrow 

channels and across longer distances. The viscosity is independent 

of the magnitude of the crustal thinning Ah when variations in the 

channel thickness as flow occurs are small compared to D. 

Setting values appropriate for the minimum crustal thinning west 

of the Lake Mead transition zone: Pc = 2600 kg/m 3, g = 10 m/s 2, At 
= 10 m.y., we find that fluid channel flow keeps pace with upper 

crustal thinning over the length scale of the eastern Basin and Range 

and western Colorado Plateau (L = 700 km) for viscosities less than 

1 x 1020 Pa s and 5 x 1018 Pa s for channels with thicknesses of 25 

and 10 km, respectively. For flow of narrower lateral extent (for 

example, L = 150 km), viscosities less than 2 x 1021 Pa.s and 1 x 
1020 Pa s for 25 and 10 km thick channels, respectively, are 
required. Viscosities twice as large correspond to flow that reduces 

the lateral variations in crustal thickness by a factor of two over the 

same time period (for example, producing 5 km of net crustal 

thinning in a region that has undergone 10 km of upper crustal 

thinning). These upper bounds for two-dimensional flow are 

conservative since we have neglected the effects of thinning of the 

channel as lower crust material flows away from unextended 

regions. The bounds are reduced by 15% if we include Airy 

compensation and flow at the Moho. Consideration of three- 

dimensional flow may raise these bounds, as discussed further 
below. 

Finite Element Models of Linear Viscous Flow 

Finite element modeling was used to examine the pattem of linear 

viscous flow and the viscosities that could produce 5-10 km of 

thickening in a ductile channel under conditions more closely 

approximating those in the Lake Mead area. A description of the 
method used is contained in the appendix. Figure 7b illustrates the 

boundary conditions imposed on the finite element grid in order to 
simulate the effect of upper crustal thinning on ductile lower crustal 

and manfie layers. Thinning of the upper crust is imposed over the 
left side of the gfid (the "Basin and Range") and is descfibed by a 

vertical stress Cry = pcgAh specified on the left side of the upper 
boundary. A progressive increase in upper crustal thinning through 
time is modeled with an increase in the imposed upward stress 

through time. The boundary conditions on the sides of the grid are 
stress free in the vertical direction, with zero horizontal velocity on 

the fight (unextended) side, and a specified horizontal velocity on 
the left (extending) side. The first models discussed below (Figures 

8-15) assume a single lower crustal channel with a lower boundary 

with zero vertical velocity, such that the boundary is fixed, as in 

Figure 7b. These simple one-layer models thus neglect the effects 

of an underlying mantle fluid layer and are equivalent to a rigid 

(infinite flexural figidity) mantle. 

Figure 8a illustrates an example of the initial grid used in the 

single-layer models, in this case for a channel 25 km thick. For 
thinner channels the vertical dimension of the elements was simply 

scaled down, such that the ductile layer was modeled in each case 

with the same number of elements. Computation of the deformation 

of the viscous layer through time is described in the Appendix. An 

example of the state of the finite element gfid for the 25-kin-thick 
channel after 10 m.y. of flow in response to 10 km of upper crustal 

thinning over the left side of the grid is shown in Figure 8b. 

In a set of models (Figures 9-11) we assume that horizontal 

velocities on the upper and lower boundaries of the extending region 

(left side of grid) are zero. This assumption represents a simple 

shear type of extension or unroofing of the upper crust in which the 
ductile channel is not actively extending as the upper crust thins. 

Boundary conditions approximating the Lake Mead setting are then 

imposed. We assume 10 km of crustal thinning has occurred over 

the last 10 m.y over one half of a 700-km-wide region. For ease of 

computation, stress boundary conditions corresponding to upper 

crustal thinning in 1 km increments every 1 m.y. were imposed. 

The width of a transition zone where stresses vary linearly from 

"unextended" to "thinning" values was set to 20 km. 

An example of the pattern of lateral flow between the regions of 

unextended and thinned upper crust in such a ductile channel is 

illustrated in Figure 9, where we have assumed a fluid viscosity of 
1020 Pa s in a channel 25 km thick. Flow is still concentrated near 

the transition zone after 2 m.y. (2 km) of thinning, but, by 8 m.y. 

(and 8 km of thinning), horizontal flow is well developed 

throughout the channel. 

In modeling the observations in the Lake Mead area we are 

interested in finding the range of conditions under which ductile 

flow will produce a variation in crustal thickness between the Basin 

and Range and the Colorado Plateau that is 5 km or less, given 10 

km of upper crustal thinning in the Basin and Range over the last 10 

m.y. Crustal thickness variations between 0 and 5 km may be 

compatible with the topography and gravity data if lateral variations 

in elevations are compensated by lateral density variations within the 

crust. This is discussed further below. Figure 10 illustrates the 

changes in the thickness of the ductile channel and the associated 

change in total crustal thickness for the flow conditions shown in 

Figure 9 and for How of viscosity 1019 Pa s under identical 
boundary conditions. After 10 m.y., 10 km of upper crustal 

thinning, and underlying channel flow, the discrepancy in total 

crustal thickness between the unextended and thinned regions is 

Kruse et al., JGR, 1991
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Fig. 7. (a) Schematic representation of ductile flow in response to upper 
crustal thinning. (b) Boundary conditions on f'mite element models for a 
ductile channel with a fixed lower boundary. 

average pressure that is equal to half the initial pressure in equation 
(3), we solve for the viscosity/• required for "complete" flow: 

D3pcgAt 
3 L 2 (5) 

The viscosity required for fluid flow to be effective at reducing 

lateral variations in total crustal thickness thus depends most 

strongly on the channel thickness D and the length scale L. Low 

viscosities are required to maintain flow of material in narrow 

channels and across longer distances. The viscosity is independent 

of the magnitude of the crustal thinning Ah when variations in the 

channel thickness as flow occurs are small compared to D. 

Setting values appropriate for the minimum crustal thinning west 

of the Lake Mead transition zone: Pc = 2600 kg/m 3, g = 10 m/s 2, At 
= 10 m.y., we find that fluid channel flow keeps pace with upper 

crustal thinning over the length scale of the eastern Basin and Range 

and western Colorado Plateau (L = 700 km) for viscosities less than 

1 x 1020 Pa s and 5 x 1018 Pa s for channels with thicknesses of 25 

and 10 km, respectively. For flow of narrower lateral extent (for 

example, L = 150 km), viscosities less than 2 x 1021 Pa.s and 1 x 
1020 Pa s for 25 and 10 km thick channels, respectively, are 
required. Viscosities twice as large correspond to flow that reduces 

the lateral variations in crustal thickness by a factor of two over the 

same time period (for example, producing 5 km of net crustal 

thinning in a region that has undergone 10 km of upper crustal 

thinning). These upper bounds for two-dimensional flow are 

conservative since we have neglected the effects of thinning of the 

channel as lower crust material flows away from unextended 

regions. The bounds are reduced by 15% if we include Airy 

compensation and flow at the Moho. Consideration of three- 

dimensional flow may raise these bounds, as discussed further 
below. 

Finite Element Models of Linear Viscous Flow 

Finite element modeling was used to examine the pattem of linear 

viscous flow and the viscosities that could produce 5-10 km of 

thickening in a ductile channel under conditions more closely 

approximating those in the Lake Mead area. A description of the 
method used is contained in the appendix. Figure 7b illustrates the 

boundary conditions imposed on the finite element grid in order to 
simulate the effect of upper crustal thinning on ductile lower crustal 

and manfie layers. Thinning of the upper crust is imposed over the 
left side of the gfid (the "Basin and Range") and is descfibed by a 

vertical stress Cry = pcgAh specified on the left side of the upper 
boundary. A progressive increase in upper crustal thinning through 
time is modeled with an increase in the imposed upward stress 

through time. The boundary conditions on the sides of the grid are 
stress free in the vertical direction, with zero horizontal velocity on 

the fight (unextended) side, and a specified horizontal velocity on 
the left (extending) side. The first models discussed below (Figures 

8-15) assume a single lower crustal channel with a lower boundary 

with zero vertical velocity, such that the boundary is fixed, as in 

Figure 7b. These simple one-layer models thus neglect the effects 

of an underlying mantle fluid layer and are equivalent to a rigid 

(infinite flexural figidity) mantle. 

Figure 8a illustrates an example of the initial grid used in the 

single-layer models, in this case for a channel 25 km thick. For 
thinner channels the vertical dimension of the elements was simply 

scaled down, such that the ductile layer was modeled in each case 

with the same number of elements. Computation of the deformation 

of the viscous layer through time is described in the Appendix. An 

example of the state of the finite element gfid for the 25-kin-thick 
channel after 10 m.y. of flow in response to 10 km of upper crustal 

thinning over the left side of the grid is shown in Figure 8b. 

In a set of models (Figures 9-11) we assume that horizontal 

velocities on the upper and lower boundaries of the extending region 

(left side of grid) are zero. This assumption represents a simple 

shear type of extension or unroofing of the upper crust in which the 
ductile channel is not actively extending as the upper crust thins. 

Boundary conditions approximating the Lake Mead setting are then 

imposed. We assume 10 km of crustal thinning has occurred over 

the last 10 m.y over one half of a 700-km-wide region. For ease of 

computation, stress boundary conditions corresponding to upper 

crustal thinning in 1 km increments every 1 m.y. were imposed. 

The width of a transition zone where stresses vary linearly from 

"unextended" to "thinning" values was set to 20 km. 

An example of the pattern of lateral flow between the regions of 

unextended and thinned upper crust in such a ductile channel is 

illustrated in Figure 9, where we have assumed a fluid viscosity of 
1020 Pa s in a channel 25 km thick. Flow is still concentrated near 

the transition zone after 2 m.y. (2 km) of thinning, but, by 8 m.y. 

(and 8 km of thinning), horizontal flow is well developed 

throughout the channel. 

In modeling the observations in the Lake Mead area we are 

interested in finding the range of conditions under which ductile 

flow will produce a variation in crustal thickness between the Basin 

and Range and the Colorado Plateau that is 5 km or less, given 10 

km of upper crustal thinning in the Basin and Range over the last 10 

m.y. Crustal thickness variations between 0 and 5 km may be 

compatible with the topography and gravity data if lateral variations 

in elevations are compensated by lateral density variations within the 

crust. This is discussed further below. Figure 10 illustrates the 

changes in the thickness of the ductile channel and the associated 

change in total crustal thickness for the flow conditions shown in 

Figure 9 and for How of viscosity 1019 Pa s under identical 
boundary conditions. After 10 m.y., 10 km of upper crustal 

thinning, and underlying channel flow, the discrepancy in total 

crustal thickness between the unextended and thinned regions is 
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observed at Lake Mead (a length scale of 700 km; crustal thinning of 

10 km over 10 m.y.) range from 10 is Pa s to 1020 Pa s for channels 
5-25 km thick (Figure 11). Consideration of the effects of 

extension in the ductile channel and flow in the mantle may reduce 

these upper bounds by as much as an order of magnitude. 

Modeling of Power Law Flow 

Experimental evidence indicates that lower crustal material flows 

according to a power law, rather than linear viscous theology [e.g., 
o 

Kirby, 1983] and that swain rates e in the ductile regime can be 

described by the relation 
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Fig. 10. Variations in total crustal thickness and ductile channel thickness 

for flow in a channel initially 25 km thick with a fixed lower boundary. The 
upper crust has zero flexural rigidity and thins over the left side of the mesh 
at a rate of 1 km/m.y. 

Mead geometry is reduced from 1020 Pa s for the simple crustal 
thinning model to 1019 Pa s for the extending ductile channel model 
when a 25-km channel thickness is used. 

In modeling illustrated in Figure 13 we relax the assumption that 

the lower boundary of the ductile channel is fixed and assume 

instead that another fluid layer underlies the ductile channel. We 

assume that the lower boundary of the ductile channel coincides 

with the crust-mantle boundary (as in Figure 6) and thus use the 

terms "lower boundary" and "Moho" interchangeably. Figure 13 

shows the grid and boundary conditions of f'mite element models of 

a linear viscous mantle underlying the crustal channel. In all models 

we assumed a 200-km-thick mantle layer with a viscosity of 1021 
Pa s and found that the Moho is deflected upward beneath the 

extended areas as the mantle flows. The upward deflection of the 
Moho introduces a kink into the crustal channel at the transition zone 

and reduces the lateral pressure gradients in the lower crustal 

channel. These processes are addressed in more detail in the 
discussion below. The finite element models show the net effect of 

the Moho deflections is to reduce the upper limits on acceptable 

viscosities for the crustal channel by approximately 30% from the 

values of the fixed lower boundary models for a 25-km-thick 
crustal channel and 50% for a 10-km thick channel. In the 5-km 

thick channel model, the kink induced in the channel at the transition 

zone after 2-3 km of upper crustal thinning is sufficient to produce a 

constriction of the channel that drastically inhibits flow. Numerical 

instabilities prevented quantification of the reduction in flow rates as 
the channel is constricted. 

In summary, the most conservative upper bounds on viscosities 

required for linear viscous flow to produce total crustal thickness 

variations of 5 km or less under conditions approximating those 

• A(o] - 0.3)ne -Q/(RT) (6) 

where (O'l-O'3) is the deviatoric stress, R is the universal gas 

constant, T is the temperature in Kelvin and A, n, and Q are 

experimentally determined constants. An effective viscosity/aeff 
that relates deviatoric stress and strain rate via 

(0'•-0'3) = 2 # e//e (7) 

can be defmed for power law flow. This effective viscosity is thus 

equivalent to a viscosity defined for linear viscous flow. 

Combining equations (6) and (7), the effective viscosity peffof the 
power law stress-strain rate can be written in terms of the strain rate 

•(1/n)- 1 QKnR T) 
(8) 
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Fig. 11. Compilation of fanitc element and analytical modeling results for 
linear viscous flow. Diamonds mark parameters of runs that predicted 5 
km or more of ductile channel thickening beneath the thinned upper crust 

after 10 m.y. of upper crustal thinning at a rate of 1 km/m.y. Crosses mark 
mns that predicted less than 5 km of ductile channel thickening. Squares 
mark runs in which total crustal thicknesses are uniform across the 

transition zone after 10 m.y. Dashed curve shows the viscosities 

corresponding to "complete" flow (uniform total crustal thickness) 
computed with equation (5). 
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In many core complexes the intensity of mylonitization
increases in the extension (slip) direction (e.g. Lee et al., 1987;
Spencer and Reynolds, 1991; Wong and Gans, 2008), and a kine-
matic similarity exists between mylonitization and detachment
faulting (e.g. Davis et al., 1986; Glazner et al., 1989; Lee and Lister,
1992), suggesting some lower plate shear zones may initiate as
the down-dip continuation of a detachment fault. In this model
mylonitization is kinematically linked to slip along the detachment
fault, and the initial geometry of the mylonitic shear zone mirrors
the initial geometry of the detachment fault, as predicted by
conceptual models of major brittle-ductile fault zones (e.g. Sibson,
1977, Fig. 1BeD). A fundamental question regarding this core
complex geometry is the initial dip of the detachment fault and
mylonitic shear zone. If detachment faults and their ductile roots
can initiate with a shallow dip, they represent a unique class of
normal faults that have few modern analogues. Seismological data
from actively extending areas indicate that slip events on normal
faults dipping <30! are rare (Jackson and White, 1989; Collettini
and Sibson, 2001). The rotation of initially steep detachment
faults and ductile shear zones to shallow angles is generally
attributed to either isostatically-driven warping of the footwall
(Spencer, 1984; Buck, 1988; Wernicke and Axen, 1988, Fig. 1C) or
domino-style fault-block rotation (e.g., Proffett, 1977; Davis, 1983;
Gans and Miller, 1983, Fig. 1D).

These models of the geometric evolution of metamorphic core
complexes can be tested with detailed studies of mylonitization
patterns. If a lower plate shear zone initiated as the down-dip
continuation of a detachment fault, mylonites should record
increasingly higher peak deformation temperatures in the

extension direction. The relative increase in mylonitization
temperature across the lower plate is a function of the initial dip of
the shear zone. By contrast, if mylonites formed in a subhorizontal
shear zone, deformation conditions should be relatively uniform in
the extension direction. Despite the large volume of research on
metamorphic core complexes, few studies have addressed in detail
how lower plate deformation conditions vary in the extension
direction. Evaluating ductile deformation in core complexes can be
challenging. Many core complex lower plates are dominated by
quartzo-feldspathic crystalline rocks, which are poor indicators of
metamorphic grade. Moreover, mylonitic gneisses in many core
complexes are the product of multiple episodes of deformation.
Cordilleran core complexes in the western North America are
commonly located adjacent to or within areas that have undergone
intense Mesozoic contraction (e.g. Coney and Harms, 1984;
Wernicke et al., 1987; Spencer and Reynolds, 1990b), raising the
possibility that a significant amount of lower plate deformation is
unrelated to Tertiary core complex development. The majority of
Cordilleran core complexes lack widespread exposures of myloni-
tized Tertiary rocks, making it difficult to distinguish between core
complex deformation and cryptic older deformation.

This study tests geometric models of metamorphic core
complex development with detailed microstructural analysis of
mylonites in the Buckskin-Rawhide metamorphic core complex
(BRMCC) in west-central Arizona. The BRMCC is an excellent
locality for testing core complex models because mylonitized early
Miocene granitoids are exposed for w35 km in the extension
direction. The kinematics, deformation conditions, and strain
associated with the development of this lower plate shear zone

Fig. 1. Simplified models of the geometric evolution of metamorphic core complexes. A) Lister and Davis (1989) model: detachment faults “fire” from older subhorizontal mylonitic
shear zone; shear zone is captured by master detachment fault and isostatically bowed upwards; B) Spencer and Reynolds (1986, 1989) model: mylonitic shear zone represents mid-
crustal continuation of initially low-angle detachment fault; detachment fault and shear zone are isostatically bowed to subhorizontal; C) “Rolling hinge” model of Buck (1988) and
Wernicke and Axen (1988): mylonitic shear zone represents mid-crustal continuation of high-angle normal fault; normal fault and shear zone isostatically rotate to subhorizontal
(figure adapted from Bartley et al., 1990); D) Domino-faulting model: similar to rolling-hinge model except mechanism of rotation is domino-style normal faulting (e.g. Proffett,
1977; Davis, 1983; Gans and Miller, 1983; Wong and Gans, 2008).
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lower plate shear zone initiated with a subhorizontal dip. In
particular, the Proterozoic granites record upper greenschist-facies
mylonitization temperatures that appear to have been relatively
uniform in the extension direction. The concentration of SPS mag-
matism along the Clara Peak corrugation may have set up lateral,
extension-perpendicular thermal gradients, butmicrostructural data
suggest the early Miocene thermal structure of the lower plate did
not vary significantly in the extension direction.

10.3. Relationship between the Buckskin detachment fault and the
lower plate shear zone

The initially subhorizontal dip of the mylonitic shear zone
inferred from relatively uniform deformation temperatures indi-
cates that lower plate mylonites do not represent the downward
continuation of the Buckskin detachment fault. Finite strain
estimates of the SPS also contradict the interpretation that the
lower plate mylonites represent the ductile root of a major
detachment fault. If lower plate mylonites initiated as the down-
dip continuation of the Buckskin detachment fault, finite strain
and shear strain should noticeably increase in the extension
direction. However, estimates of finite strain from Fry analyses
and constraints on shear strain from quartz fabrics indicate that
strain was relatively uniform in the extension direction (Section
9). The detachment fault system presumably formed lower to
mid-greenschist-facies mylonites between the brittle-ductile
transition and the initially subhorizontal upper greenschist-

facies shear zone. These detachment fault mylonites are appar-
ently absent or rare, perhaps due to pervasive brittle overprinting
and alteration or brittle incisement of the detachment fault into
the lower plate.

The Buckskin detachment fault must have initiated with
a steeper dip than the lower plate shear zone in order to cut down
from the breakaway near the western Bouse Hills to upper
greenschist-facies mylonites in the western Buckskin Mountains,
w16 km to the northeast. Lower plate rocks mylonitized under
similar conditions are present below the detachment fault for
w35 km in the extension direction, indicating that the detachment
fault did not cut across structural levels within the lower plate
shear zone. These geometric constraints suggest the detachment
fault initiated with a moderate NE-dip in the upper crust and
flattened into the lower plate shear zone, capturing mylonites in
the exhuming footwall. The NE-dipping detachment fault was thus
geometrically decoupled from the subhorizontal shear zone. This
interpretation is consistent with the angular discordance between
the detachment fault and mylonitic front in the adjacent Whipple
Mountains (Davis, 1983), and seismic data that apparently image
a gently dipping detachment fault soling into a subhorizontal mid-
crustal reflective zone northeast of the core complex (Clayton and
Okaya, 1991).

A model for the extension-parallel geometric evolution of the
Buckskin-Rawhide metamorphic core complex is illustrated in
Fig. 17, beginning with incipient mylonitization of the SPS
w21 Ma. The structural geometry in the early stages of core

Fig. 17. Simplified model of the geometric evolution of the Buckskin-Rawhide metamorphic core complex viewed parallel to the extension direction along the Clara Peak
corrugation. Model is based on evidence for uniform mylonitization conditions across the lower plate, >30! tilting in the Bouse Hills, and average detachment fault slip rates (see
Section 2.1). A) Initial geometry of the lower plate shear zone shortly after crystallization of the SPS (w21 Ma). B) Kilometers of slip along the Buckskin detachment fault “captures”
subhorizontal shear zone (w19 Ma). C) Lower plate mylonites exhumed to surface levels (w14 Ma; w50 km of slip on the detachment fault; w3 m.y. before slip ceases). Rotation of
the detachment fault to a shallow/subhorizontal dip was most likely accomplished via isostatic doming and/or slip along a structurally lower normal fault (e.g. the Plomosa fault).
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Based on temp est from quartz deformation in mylonites, argue shear zone initiated as a very flat feature but think that the upper plate faults were much 
steeper.


