
Potential Laramide/Oceanic Plateau Topics
1. The track of the oceanic plateau (“Shatsky Rise Conjugate”) is sufficiently well established that 
meaningful tests can be made. [Basically, if we don’t know where it was and instead are using the geologic 
changes in North America to plot its course, those geologic features cease to be useful as a test of the 
hypothesis; we then have to distinguish the features used to set the track from whatever is left that might 
test the idea]. 
2. Subduction of an oceanic plateau will cause surface uplift in the continent. [This is a subset of the 
models out there] - Elize, (Shunjie) 
3. Subduction of an oceanic plateau will lead to subsidence in the continental interior [Also a subset of 
models]-Shunjie 
4. Subduction of an oceanic plateau will usher in flat slab subduction 
5. Subduction of the Shatsky Conjugate produced the Rand+/-Orocopia+/-Pelona schists in the Mojave 
Desert 
6. Timing of vertical changes in surface elevation (see points 2 and 3) is in agreement with geological 
proxies such as changes in fluvial systems, major unconformities, etc.-Vanessa 
7. The stress field induced by the Shatsky Conjugate is consistent with coeval deformation in North 
America-Stephen 
8. Subduction of the Shatsky Conjugate has left fragments in coastal accretionary complexes 
9. Magmatism patterns are consistent with the history of subduction of the Shatsky Conjugate.-Keely,
(Stephen), Tyler 
10. Timing of deformation in the Laramide is consistent with the passage of the Shatsky Conjugate.



FIG. 10  At top: Colors utilized in the paleogeographic maps. Below: Four reconstructions of fluvial paleogeography of the North American interior, 
including the Western Interior Basin, during periods shown by the time notation in the upper left of each map. (From Bhattacharya et al. (2016).)
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FIG.  7  Stratigraphic cross-section of Cretaceous rocks from central Utah to northeastern Colorado. Thicknesses are based on well and outcrop control. Vertical exaggeration 
 approximately ×151. The Castlegate Sandstone has been interpreted as a product of “antitectonic” sedimentation (Yoshida et al., 1996 ). Colors were utilized in the  paleogeographic 
maps. Abbreviations: Ksx, Sixmile Canyon Formation; Kfv, Funk Valley Formation; Kav, Allen Valley Formation; Ksp , Sanpete Formation; Kr, Rollins Sandstone Member; Kcz, Cozzette 
Sandstone Member; Kco, Corcoran Sandstone Member. (From Molenaar and Rice (1988).)
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Turonian ~91 Ma

Explain what the colors are (greens are areas accumulating coals, bricks are carbonates).  One initial question is, why a seaway? Classically, this was thought to largely be high stand of ocean



Campanian 
~75 Ma



Maastrictian 
~68 Ma

Seems like an orderly progradation of terrestrial facies out into the seaway…but look at sediment accumulation…
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errors in this net estimate. Tilt cannot be estimated 

for intervals for which a significant part of the sediments 
have been eroded, as is often the case for the uppermost 

regressive part of a sequence. Similarly, the tilt during a 
transgression cannot be estimated with this method. This 

is because the topography is unknown at the beginning 

of the transgression, and the transgression creates a 

diachronous onlap sequence. 

3. CRETACEOUS TILTING OF WESTERN NORTH 

AMERICA 

The widespread Cretaceous tilting of the western 

interior of North America was responsible for the 

deposition of sediments (Figure 1) which now form the 
major part of the Zuni sequence in this region [Sloss, 
1963, 1988]. The sediments were deposited in the 
Colorado Sea, and its correlatives, or on neighboring 

coastal plains [Mallory, 1972; McCrossan and Glaister, 
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Fig. 1. Restored Upper Cretaceous isopach map for 
western North America. Data for the United States are 

from Cross and Pilger [1978b]. Data for Canada are from 
McCrossan and Glaister [1966]. Contours are given in feet 
because the original data are presented in this manner. 
The irregular pattern in Wyoming and Colorado is due to 
Laramide tilted block movements in the foreland. It is the 

general pattern and great width of the sedimentation that 

requires explanation. 

1966]. They are conformable with Jurassic sediments in 
western areas where these underlying sediments formed a 

precursor foredeep to the Sevier overthrust belt and its 

contemporary northern and southern extensions [Jordan, 
1981; Beaumont, 1981; McCrossan and Glaister, 1966; 

Mallory, 1972; Price, 1973]. 
Farther east, the Cretaceous sediments are separated 

from the Jurassic section by a short erosional or 

nondepositional interval. In the United States the Jurassic 

sediments subcrop beneath the Cretaceous section along a 

roughly north-south line through central Nebraska [Adler, 
1971; Figure 2], whereas in Canada the position of this 
subcrop runs approximately northwest to southeast some 

150 km from the edge of the Rocky Mountains before 

swinging east around the north of the Williston Basin 

[McCrossan and Glaister, 1966]. 
The easternmost Cretaceous sediments in Manitoba, 

Minnesota, Iowa and Kansas mainly rest in angular 

unconformity on the Absaroka sequence or on Precambrian 

basement [Mallory, 1972; McGookey, 1972; Cook 
and Bally, 1975], whereas those in Saskatchewan and 
Alberta are in angular unconformity with underlying 

Carboniferous and Devonian sediments [McCrossan and 
Glaister, 1966]. 

Sub-Albian Cretaceous sediments are relatively thin 

(~200 & 100 m) except in the foredeep where up 
to 1500 m of clastics, eroded from the fold-thrust 

belt, were deposited. Elsewhere, the thickness varies 

locally, reflecting a transgression over an irregular surface. 

Deposition continued with minor transgressions and 

regressions throughout the Late Cretaceous to produce a 

wedge of marine and nonmarine sediments which onlapped 
the craton eastward nearly as far as the western end of 

Lake Superior (Figure 2) and may have connected to the 
Hudson Bay basin [Williams and Stelck, 1975]. 

The whole wedge of Upper Cretaceous sediments, except 
the upper part of the Maestrichtian, can be considered 
to meet the criteria discussed in the last section to a 

first approximation and may therefore be analyzed for 
tectonic tilt. Jurassic and Lower Cretaceous sediments 

are not included in this analysis, even though they are 

part of the Zuni sequence, because they are not bounded 
by isochronous near sea level marker surfaces. Upper 

Cretaceous sediments do, however, meet this requirement 

approximately. 

We emphasize that only the first-order character of the 
tilt is estimated and that this estimate is the net tilt for the 

interval bounded near the base of the Colorado Group in 

the latest Mowry shale, at approximately Neogastroplites 

cornutus time [Williams and Stelck, 1975], and bounded 
at the top of the Lewis Shale and lateral equivalents, the 

Bearpaw Shale and Pierre Shale [Mallory, 1972] in the 
Baculites grandis- Baculiles clinolobatus ammonite zones. 

The Upper Cretaceous sediments (Figure 1) form a 
broad north-south trending belt which is about 1200 km 

wide between 40 ø and 50øN. Much of the western part 

of this belt in Colorado and Wyoming was disrupted 
by subsequent Laramide thrusting, but the pre-thrust 

thickness of the Upper Cretaceous sediments can be 
determined. 

Mitrovica et al., Tectonics, 1989
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western areas where these underlying sediments formed a 

precursor foredeep to the Sevier overthrust belt and its 

contemporary northern and southern extensions [Jordan, 
1981; Beaumont, 1981; McCrossan and Glaister, 1966; 

Mallory, 1972; Price, 1973]. 
Farther east, the Cretaceous sediments are separated 

from the Jurassic section by a short erosional or 

nondepositional interval. In the United States the Jurassic 

sediments subcrop beneath the Cretaceous section along a 

roughly north-south line through central Nebraska [Adler, 
1971; Figure 2], whereas in Canada the position of this 
subcrop runs approximately northwest to southeast some 

150 km from the edge of the Rocky Mountains before 

swinging east around the north of the Williston Basin 

[McCrossan and Glaister, 1966]. 
The easternmost Cretaceous sediments in Manitoba, 

Minnesota, Iowa and Kansas mainly rest in angular 

unconformity on the Absaroka sequence or on Precambrian 

basement [Mallory, 1972; McGookey, 1972; Cook 
and Bally, 1975], whereas those in Saskatchewan and 
Alberta are in angular unconformity with underlying 

Carboniferous and Devonian sediments [McCrossan and 
Glaister, 1966]. 

Sub-Albian Cretaceous sediments are relatively thin 

(~200 & 100 m) except in the foredeep where up 
to 1500 m of clastics, eroded from the fold-thrust 

belt, were deposited. Elsewhere, the thickness varies 

locally, reflecting a transgression over an irregular surface. 

Deposition continued with minor transgressions and 

regressions throughout the Late Cretaceous to produce a 

wedge of marine and nonmarine sediments which onlapped 
the craton eastward nearly as far as the western end of 

Lake Superior (Figure 2) and may have connected to the 
Hudson Bay basin [Williams and Stelck, 1975]. 

The whole wedge of Upper Cretaceous sediments, except 
the upper part of the Maestrichtian, can be considered 
to meet the criteria discussed in the last section to a 

first approximation and may therefore be analyzed for 
tectonic tilt. Jurassic and Lower Cretaceous sediments 

are not included in this analysis, even though they are 

part of the Zuni sequence, because they are not bounded 
by isochronous near sea level marker surfaces. Upper 

Cretaceous sediments do, however, meet this requirement 

approximately. 

We emphasize that only the first-order character of the 
tilt is estimated and that this estimate is the net tilt for the 

interval bounded near the base of the Colorado Group in 

the latest Mowry shale, at approximately Neogastroplites 

cornutus time [Williams and Stelck, 1975], and bounded 
at the top of the Lewis Shale and lateral equivalents, the 

Bearpaw Shale and Pierre Shale [Mallory, 1972] in the 
Baculites grandis- Baculiles clinolobatus ammonite zones. 

The Upper Cretaceous sediments (Figure 1) form a 
broad north-south trending belt which is about 1200 km 

wide between 40 ø and 50øN. Much of the western part 

of this belt in Colorado and Wyoming was disrupted 
by subsequent Laramide thrusting, but the pre-thrust 

thickness of the Upper Cretaceous sediments can be 
determined. 
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highly viscous nature of Earth’s interior, mantle 
flow–induced stresses can translate over large 
distances. As a result, mantle flow usually occurs 
over large spatial scales (>200 km), as does the 
resulting surface dynamic topography. (2) The 
magnitude of dynamic topography is limited to 
~1 km or less, due to strong viscous dissipation 
and redistribution of localized  mantle buoyancy 
force over large spatial extents. (3) Dynamic 
topography evolves at a rate comparable to tec-
tonic plate motions.

In theory, the most fundamental difference 
between isostatic and dynamic topography is 
the source of driving forces. Isostatic topogra-
phy usually originates from buoyancy hetero-
geneities from within the strong lithosphere 
through either lateral density or thickness varia-
tion (Fig. 1A). Due to its shallow compensation 
depth, isostatic topography has a weak gravity 
signature at long wavelengths. Dynamic topog-
raphy, in contrast, is associated with the viscous 
stress in the sublithospheric mantle, where the 
stress originates from buoyancy-driven flow 
(Fig. 1B). Thus, induced dynamic topography is 
usually poorly compensated by shallow density 
structures, leaving a large gravity/geoid signal at 
the surface (Hager, 1984).

Models of mantle convection with the pur-
pose of estimating dynamic topography show a 
trend of convergence on long-wavelength pre-
dictions, especially in regions involving subduc-
tion processes. For example, broad depression 
of the land surface occurs in response to active 
or former subduction, as seen from modeling 
of continental flooding and ocean basin sub-
sidence (Mitrovica et al., 1989; Gurnis, 1993; 
Liu et al., 2008; Flament et al., 2014). At larger 
scales, regions inboard of volcanic arcs tend 
to dynamically subside (e.g., Billen and Gur-
nis, 2003), but uplift can result if strong lateral 
compression within the overriding plate occurs 
(Capitanio et al., 2011). More debates exist on 
the predictions of dynamic topography for areas 
away from active subduction zones, where the 
various uncertainties would influence dynamic 
topography calculations.

The inverse mantle-convection model of Liu 
et al. (2008) adopts an adjoint inversion method 
in order to reconstruct the past mantle structures 
from present-day mantle seismic images. The 
model assumes that the observed fast seismic 
velocities beneath eastern North America can 
convert to an effective temperature structure, 
i.e., density anomalies. The model includes 
the presence of the U.S. Western Interior Sea-
way of Late Cretaceous age as a constraint on 
the predicted history of the surface deflection 
of North America. Here, we take the predic-
tions of this model and compare them in greater 
detail to the history of part of the U.S. Cordillera 

for the period from Late Cretaceous to Paleo-
gene time (100–50 Ma) in order to validate the 
model results. To the degree that the model fits 
the known geologic history, insight is provided 
into the coupling between the North Ameri-
can and Farallon plate over the period during 
which the Laramide orogeny affected the Rocky 
Mountains.

Based on both the inverse model and a kine-
matic restoration of western Pacific oceanic 
plateaus, Liu et al. (2010) proposed that the 
conjugate plateau of the Shatsky Rise subducted 
beneath the western United States, causing the 
Farallon plate to subduct as a low-angle, flat 

slab during Late Cretaceous time (Saleeby, 
2003). Interaction of the flat slab around the 
down going conjugate Shatsky Rise with the 
overriding North American lithosphere gener-
ated the maximum surface deflections in the 
model of Liu et al. (2008).

MESOZOIC MIGRATORY SUBSIDENCE

A first-order response seen in most models 
of dynamic topography is a general subsidence 
pattern in areas inboard of subduction zones 
(Fig. 1C). The flatter is the subducted slab, the 
broader is the area of subsidence. This response 

Dynamic subsidence 
Isostatic uplift

100 km

A B

C

∆ρ>0

∆ρ>0

Isostasy
Dynamic

subsidence

Figure 1. Diagrams illustrating the differences between (A) isostatic and 
(B) dynamic subsidence mechanisms as discussed in text. In A, addi-
tional dense mantle lithosphere (Δρ > 0, shaded) is attached to upper 
plate, causing surface deflection by flexure. In B, a block of mantle 
material is sinking through the asthenosphere, causing downwelling of 
the overlying mantle wedge and generating downward stresses on the 
overlying plate. (C) Dynamic subsidence generated by subduction and 
associated mantle flow (large arrow).
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1966]. They are conformable with Jurassic sediments in 
western areas where these underlying sediments formed a 

precursor foredeep to the Sevier overthrust belt and its 

contemporary northern and southern extensions [Jordan, 
1981; Beaumont, 1981; McCrossan and Glaister, 1966; 

Mallory, 1972; Price, 1973]. 
Farther east, the Cretaceous sediments are separated 

from the Jurassic section by a short erosional or 

nondepositional interval. In the United States the Jurassic 

sediments subcrop beneath the Cretaceous section along a 

roughly north-south line through central Nebraska [Adler, 
1971; Figure 2], whereas in Canada the position of this 
subcrop runs approximately northwest to southeast some 

150 km from the edge of the Rocky Mountains before 

swinging east around the north of the Williston Basin 

[McCrossan and Glaister, 1966]. 
The easternmost Cretaceous sediments in Manitoba, 

Minnesota, Iowa and Kansas mainly rest in angular 

unconformity on the Absaroka sequence or on Precambrian 

basement [Mallory, 1972; McGookey, 1972; Cook 
and Bally, 1975], whereas those in Saskatchewan and 
Alberta are in angular unconformity with underlying 

Carboniferous and Devonian sediments [McCrossan and 
Glaister, 1966]. 

Sub-Albian Cretaceous sediments are relatively thin 

(~200 & 100 m) except in the foredeep where up 
to 1500 m of clastics, eroded from the fold-thrust 

belt, were deposited. Elsewhere, the thickness varies 

locally, reflecting a transgression over an irregular surface. 

Deposition continued with minor transgressions and 

regressions throughout the Late Cretaceous to produce a 

wedge of marine and nonmarine sediments which onlapped 
the craton eastward nearly as far as the western end of 

Lake Superior (Figure 2) and may have connected to the 
Hudson Bay basin [Williams and Stelck, 1975]. 

The whole wedge of Upper Cretaceous sediments, except 
the upper part of the Maestrichtian, can be considered 
to meet the criteria discussed in the last section to a 

first approximation and may therefore be analyzed for 
tectonic tilt. Jurassic and Lower Cretaceous sediments 

are not included in this analysis, even though they are 

part of the Zuni sequence, because they are not bounded 
by isochronous near sea level marker surfaces. Upper 

Cretaceous sediments do, however, meet this requirement 

approximately. 

We emphasize that only the first-order character of the 
tilt is estimated and that this estimate is the net tilt for the 

interval bounded near the base of the Colorado Group in 

the latest Mowry shale, at approximately Neogastroplites 

cornutus time [Williams and Stelck, 1975], and bounded 
at the top of the Lewis Shale and lateral equivalents, the 

Bearpaw Shale and Pierre Shale [Mallory, 1972] in the 
Baculites grandis- Baculiles clinolobatus ammonite zones. 

The Upper Cretaceous sediments (Figure 1) form a 
broad north-south trending belt which is about 1200 km 

wide between 40 ø and 50øN. Much of the western part 

of this belt in Colorado and Wyoming was disrupted 
by subsequent Laramide thrusting, but the pre-thrust 

thickness of the Upper Cretaceous sediments can be 
determined. 

Mitrovica et al., Tectonics, 1989

Heller and Liu, GSA Bull, 2016

We need something to pull crust down at least in some areas. What exactly can do this-what is “dynamic subsidence”
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Viscous fluids

In a Newtonian fluid, if horizontal velocity is u and vertical is v, then 
the shear stress in the fluid is related to the gradient in velocity:

Applying continuity (conservation of fluid) and assuming equilibrium, 
can be shown that the dynamic pressure P is related to variations in 
fluid velocity u and v (horizontal and vertical):
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!9 can be found; they are presented in the Appendix together 

with expressions for the pressure p and radial shear stress r. 

RESULTS 

Velocity and Stress Fields 

Figure 2 shows streamlines (parts a and b) and contours of 
constant pressure and shear stress (part c) for the coupled 

(upper row) ,and decoupled (lower row) lithosphere models. 
The dip of the descending slab in this example is 60 ø . The 
streamlines in part a are for the Newtonian (n = 1) rheology, 

while those in part b are for a non-Newtonian case with n = 3. 

The pressure and shear stress fields in part c apply to the 
nonlinear case n = 3. The streamline interval is vd/4, where I is 

the thickness of the descending slab. Contours of constant 

shear stress (r = fro = for) are dashed curves, and isobars are 
solid curves. The unit of shear stress and pressure is 

(2r/sl)) •/3. Because the pressure at r = co is set at zero, positive 
isobars represent compression and negative ones indicate suc- 

tion. The paired arrows indicate the sense of shear; the arrows 

parallel and perpendicular to the sides of the corners indicate 
the senses of shear and pressure forces, respectively, on those 
surfaces. 

The streamlines in the four arc corners display the most 

obvious differences between the flows. In the coupled litho- 

sphere models, upwelling occurs to replace material being 
removed from the vertex of the arc corner by the descending 

slab. This replacement flow tends to come from below because 
the overriding plate inhibits a purely horizontal influx to the 

vertex. In the decoupled lithosphere models, upwelling does 

not occur because a purely horizontal influx toward the vertex 

is not inhibited by the upper boundary. This also explains the 

larger velocities (indicated by the smaller streamline spacings) 

in the arc corners of the decoupled lithosphere models com- 

pared with the coupled lithosphere models. 
The flow is slower in the arc corners with non-Newtonian 

rheology than in the arc corners with n = 1. When n = 3, the 
large stresses near the descending slab reduce the effective 

viscosity in this region compared with other parts of the arc 
corner flow field, and the efficiency with which the slab can 

entrain mantle material is accordingly reduced (compared with 

n = 1). Since less material can be removed when n = 3, the 

influx is lessened and the flow speeds are reduced. This appears 
as more widely spaced streamlines in the arc corners of Figure 

2b compared with Figure 2a. A similar phenomenon occurs in 
the flow of the oceanic corner in the decoupled lithosphere 

model. The differences apparent in Figure 2 between n = I and 

n = 3 are more pronounced for larger n. 

Radial velocity profiles, v• versus 0, are shown as solid 

curves in Figure 3 for both coupled lithosphere (top) and 

decoupled lithosphere (bottom) models with n = 1 and n = 3. 
Positive values of v• represent outflux, and negative values 

influx. The velocity profiles for n = 3 have a 'plug flow' 

appearance, especially in the arc corners. In a plug flow region 

the velocity gradients are small. This results from the relatively 

high viscosity of the plug, a consequence of the relatively low 
shear stresses in this region of the non-Newtonian flow. Figure 

3 also shows r/rmax (dashed curves) versus 0 for n = 3. As is 

indicated by the thin vertical lines, the plug flow in a particular 
corner occurs where r is less than about half its maximum 

value in that corner. In the oceanic corner of the coupled 

lithosphere model, r (for n = 3) is relatively uniform. Thus the 

velocity profiles for n = 1 and n = 3 are rather similar. With 
the no-shear stress boundary condition of the decoupled litho- 

sphere model the oceanic corner flow displays the plug flow 

appearance of the arc corners. The motion of the oceanic plate 
in the coupled lithosphere model reinforces the flow induced 

by the descending slab; this accounts for the insensitivity of the 
flow in the oceanic corner of this model to the value of n. 

The isobars of Figure 2c show pressure increasing (toward 

zero) with distance from the vertices of the arc corners. In the 

oceanic corner of the decoupled lithosphere model, p decreases 
with distance from the vertex, while in the oceanic corner of 

the coupled lithosphere model, p = 0 is the bisector of the 

corner, and p increases with r in the upper half of the corner 
and decreases with r in the lower half. In the corners of the 

decoupled lithosphere model, shear stresses are negative; they 

decrease monotonically with angular proximity to the de- 

scending slab. In the oceanic corner of the coupled lithosphere 
model, r is also negative, while in the arc corner of this model 

the bisector is nearly a zero shear stress contour with r positive 

in the upper part of the corner and negative in the lower part. 

o 

----0-• •-0 .... 

Fig. 2. Streamlines, isobars, and contours of constant shear stress for coupled lithosphere (upper row) and decoupled 
lithosphere (lower row) models with a = 60 ø. Shown are (a) streamlines in a Newtonian fluid, (b) streamlines in a non- 
Newtonian fluid (n = 3), and (c) isobars (solid curves) and constant shear stress contours (dashed curves) for n = 3. 
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THE FLOW MODEL 

The oceanic and overriding plates are the cold and rigid 

upper limbs of a large-scale mantle circulation [Turcotte and 

Oxburg)t, 1967]. The descending slab, an extension of the 
oceanic plate, has anomalously low temperatures and high 

rigidity in relation to the surrounding mantle. These anomalies 

are retained throughout at least the upper mantle [Isacks and 

Molnar, 1971]. While the global circulation may be con- 

vectively driven, we regard the flow in the convergence zone as 

a given motion for the rigid plates and slab and as an accom- 

panying viscously induced motion in the mantle corners. Sev- 
eral numerical investigations have explicitly incorporated rigid 
plates and slabs, each with specified velocity [Andrews and 

Sleep, 1974; Richter, 1977]. An advantage of this approach is 

that it accounts, albeit crudely, for the major thermally associ- 

ated viscosity variations within subduction zones by isolating 
the most viscous regions from the flow field. 

Given enough time, the thermal anomaly of the slab will 
diffuse into the surrounding mantle, erasing the artificial dis- 

tinction we have imposed between the regions. However, the 

thermal anomaly may extend considerably deeper than in- 

ferred from previous calculations [Griggs, 1972; Toks6z et al., 
1971; Turcotte and Schubert, 1971] because of the buffering 
effect of the cooled, entrained mantle on the rate of heat flow 

into the slab [Hager and O'Connell, 1978; Jones, 1977]. This 

possibility of efficient entrainment is supported by our calcu- 
lations of viscous flow in the oceanic and arc corners. 

Finally, the applicability of a corner flow model assumes 

that the upper mantle phase transitions do not represent major 

obstacles to mantle circulation. Thermodynamically, phase 

changes probably present no significant resistance to mantle 

flow [Schubert et al., 1975]; it is also unlikely that increases in 

viscosity sufficient to significantly inhibit mantle flow occur 

across the upper mantle phase changes [Cathies, 1975; Peltier, 

1976; Sammis et al., 1977]. 

Figure la shows how the descending slab divides the mantle 

in its vicinity into two cornerlike regions wherein flows are 

induced by the motions of the bounding lithospheric plates. 
We assume that the corner flows are two-dimensional and use 

plane polar coordinates r, 0 with origin at the vertex of the 

corner to describe the motion. The velocity components in the 

r, 0 directions are or, v0. In the arc corner, 0 = 0 is the top of the 

descending slab, and 0 = a is the bottom of the overriding 

plate. In the oceanic corner, 0 = 0 is the bottom of the 

descending slab, and 0 = •r - a is the bottom of the oceanic 

plate. In this trench fixed coordinate system the overriding 

plate is stationary, and the oceanic plate approaches the trench 

with a convergence velocity v,. The descending slab moves 

through the mantle with speed v, at an angle a below the 

overriding plate. The sides of these corners are rigid no-slip 
boundaries. 

An alternative corner fl•w situation is sketched in Figure lb. 

In this case a low-viscosity asthenosphere defines the horizon- 

tal boundaries of the corners. The asthenospheric sides of the 

corners are rigid, slippery boundaries which cannot sustain a 
shear stress. We are interested in the flows which are induced 

between the asthenosphere and the descending slab on both 
the oceanic and the arc side of the slab. This model allows us 

to investigate the effects of decoupling the mantle from the 

plate movements while retaining the influence of the descend- 

ing slab. Such decoupling may occur if the asthenosphere is 

several orders of magnitude less viscous than the rest of the 

upper mantle. In what follows we refer to the models of 

Figures la and lb as the coupled and decoupled lithosphere 

models, respectively, regardless of the value of a. 

Finally, we assume that the mantle is an incompressible 

fluid of uniform theological properties within the corner flow 

regions. Inertial forces are negligible, and we neglect any buoy- 

ancy forces that may arise from temperature differences within 
the flow field. We consider fluids with a constitutive equation 
of the form 

e = •lnr n (1) 

where e is strain rate, r is shear stress (these quantities are 

defined more carefully in the Appendix), and r•,• and n are 

constants. The value n = I corresponds to a Newtonian 

theology with a viscosity # equal to l/(2r/). The value n = 3 
describes the nonlinear deformation of olivine. We have ne- 

glected the temperature and pressure dependence of the creep 
of olivine by choosing r/,• = const. For the nonlinear case the 

effective viscosity # is 

u = (e/r•n) TM (l/2e) = (r'-n/2r•) (2) 

The introduction of the stream function • by the equations 

or = (l/r)(O•b/OO) Vo = -(O•b/Or) (3) 

insures that the incompressible continuity equation V ß v = 0 

is automatically satisfied. Fenner [1975] showed that the solu- 

tion for • takes the separable form 

•b = R(r)O(O) (4) 

This was already known for Newtonian fluids (see, for ex- 

ample, Batchelor [1967]). Fenner [1975] showed that it applied 
to non-Newtonian fluids as well. He also obtained numerical 

solutions for • under a variety of boundary conditions. For 

our boundary conditions, R(r) = r, and analytic solutions for 

O="."-a, Vr---v•:, vo=O ' •,.8=a•vo--O 
'b 

O=7r-a,•vr/½O--O, v0=O O=a,½vr/•O= O, v0--O 

Fig. 1. Geometry and boundary conditions of the corner flow models for (a) coupled lithosphere and (b) decoupled 
lithosphere. 
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THE FLOW MODEL 
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oceanic plate, has anomalously low temperatures and high 
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are retained throughout at least the upper mantle [Isacks and 

Molnar, 1971]. While the global circulation may be con- 

vectively driven, we regard the flow in the convergence zone as 

a given motion for the rigid plates and slab and as an accom- 

panying viscously induced motion in the mantle corners. Sev- 
eral numerical investigations have explicitly incorporated rigid 
plates and slabs, each with specified velocity [Andrews and 

Sleep, 1974; Richter, 1977]. An advantage of this approach is 

that it accounts, albeit crudely, for the major thermally associ- 

ated viscosity variations within subduction zones by isolating 
the most viscous regions from the flow field. 

Given enough time, the thermal anomaly of the slab will 
diffuse into the surrounding mantle, erasing the artificial dis- 

tinction we have imposed between the regions. However, the 

thermal anomaly may extend considerably deeper than in- 

ferred from previous calculations [Griggs, 1972; Toks6z et al., 
1971; Turcotte and Schubert, 1971] because of the buffering 
effect of the cooled, entrained mantle on the rate of heat flow 

into the slab [Hager and O'Connell, 1978; Jones, 1977]. This 

possibility of efficient entrainment is supported by our calcu- 
lations of viscous flow in the oceanic and arc corners. 

Finally, the applicability of a corner flow model assumes 

that the upper mantle phase transitions do not represent major 

obstacles to mantle circulation. Thermodynamically, phase 

changes probably present no significant resistance to mantle 

flow [Schubert et al., 1975]; it is also unlikely that increases in 

viscosity sufficient to significantly inhibit mantle flow occur 

across the upper mantle phase changes [Cathies, 1975; Peltier, 

1976; Sammis et al., 1977]. 

Figure la shows how the descending slab divides the mantle 

in its vicinity into two cornerlike regions wherein flows are 

induced by the motions of the bounding lithospheric plates. 
We assume that the corner flows are two-dimensional and use 

plane polar coordinates r, 0 with origin at the vertex of the 

corner to describe the motion. The velocity components in the 

r, 0 directions are or, v0. In the arc corner, 0 = 0 is the top of the 

descending slab, and 0 = a is the bottom of the overriding 

plate. In the oceanic corner, 0 = 0 is the bottom of the 

descending slab, and 0 = •r - a is the bottom of the oceanic 

plate. In this trench fixed coordinate system the overriding 

plate is stationary, and the oceanic plate approaches the trench 

with a convergence velocity v,. The descending slab moves 

through the mantle with speed v, at an angle a below the 

overriding plate. The sides of these corners are rigid no-slip 
boundaries. 

An alternative corner fl•w situation is sketched in Figure lb. 

In this case a low-viscosity asthenosphere defines the horizon- 

tal boundaries of the corners. The asthenospheric sides of the 

corners are rigid, slippery boundaries which cannot sustain a 
shear stress. We are interested in the flows which are induced 

between the asthenosphere and the descending slab on both 
the oceanic and the arc side of the slab. This model allows us 

to investigate the effects of decoupling the mantle from the 

plate movements while retaining the influence of the descend- 

ing slab. Such decoupling may occur if the asthenosphere is 

several orders of magnitude less viscous than the rest of the 

upper mantle. In what follows we refer to the models of 

Figures la and lb as the coupled and decoupled lithosphere 

models, respectively, regardless of the value of a. 

Finally, we assume that the mantle is an incompressible 

fluid of uniform theological properties within the corner flow 

regions. Inertial forces are negligible, and we neglect any buoy- 

ancy forces that may arise from temperature differences within 
the flow field. We consider fluids with a constitutive equation 
of the form 

e = •lnr n (1) 

where e is strain rate, r is shear stress (these quantities are 

defined more carefully in the Appendix), and r•,• and n are 

constants. The value n = I corresponds to a Newtonian 

theology with a viscosity # equal to l/(2r/). The value n = 3 
describes the nonlinear deformation of olivine. We have ne- 

glected the temperature and pressure dependence of the creep 
of olivine by choosing r/,• = const. For the nonlinear case the 

effective viscosity # is 

u = (e/r•n) TM (l/2e) = (r'-n/2r•) (2) 

The introduction of the stream function • by the equations 

or = (l/r)(O•b/OO) Vo = -(O•b/Or) (3) 

insures that the incompressible continuity equation V ß v = 0 

is automatically satisfied. Fenner [1975] showed that the solu- 

tion for • takes the separable form 

•b = R(r)O(O) (4) 

This was already known for Newtonian fluids (see, for ex- 

ample, Batchelor [1967]). Fenner [1975] showed that it applied 
to non-Newtonian fluids as well. He also obtained numerical 

solutions for • under a variety of boundary conditions. For 

our boundary conditions, R(r) = r, and analytic solutions for 

O="."-a, Vr---v•:, vo=O ' •,.8=a•vo--O 
'b 

O=7r-a,•vr/½O--O, v0=O O=a,½vr/•O= O, v0--O 

Fig. 1. Geometry and boundary conditions of the corner flow models for (a) coupled lithosphere and (b) decoupled 
lithosphere. 
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Pslabtop =
−8.558ηU

r
 for dip=45°

Pslabbottom = +0.462ηU
r

 for dip=45°

Math from Turcotte and Schubert section 6.11. Torque is force x distance, so torque from tip of asthenospheric counterflow is constant downslab
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Fig. 3. The angular variations of radial velocity (solid curves) and 
normalized shear stress (dashed curves) for the flows of Figure 2. 
(Top) The coupled lithosphere model and (bottom) the decoupled 
lithosphere model. The shear stress is shown for n = 3 only. 

The oceanic corner of the coupled lithosphere model dis- 
plays a perfect symmetry about its bisector. The pressure field 
is divided evenly between positive and negative pressures be- 
cause no net pressure head is needed to drive fluid into or out 

of the corner. Zero flux is maintained by the boundary mo- 
tions. Shear is concentrated at the vertex where the fluid must 

change direction most drastically. The flow is relatively unper- 
turbed away from the bisector. 

The isobars and r contours for the decoupled lithosphere 
model display a weak symmetry about the slab owing to the 
similarity of the boundary conditions in the arc and oceanic 
corners. The major difference between the corners is that the 

magnitudes of the pressures and shear stresses are larger in the 
more constricted arc corner. By noting the similarity in ap- 
pearance of the region between the zero r contour and the slab 

in the arc corner of the coupled lithosphere model we can 
understand the larger pressures and shear stresses in the even 
more constricted 'subcorner.' 

Dependence of Pressure and Shear Stress on 

Slab Dip and Rheology 

The pressures on the upper and lower surfaces of the de- 
a•,•llUlllg alau •VIILIIUULC tO LIIC torque urea.co of the -'-• bl•O• 

while the shear stresses on these surMces contribute to the 

resistance encountered by the slab in penetrating the mantle. 
From (A3) and (A6) we know that p and r vary with distance 
along the slab surMces according to r -•/•. These equations 
reveal that p and r also depend on the rhealogical parameter 
• according to (•)-'/•. Also, (A3) and (A6), together with 
the boundary conditions, e.g., (A14)-(A17), show that p and r 
are directly proportional to v? •. Only the dependences of p 
and r along the slab surfaces on n and the angle of subduction 
or dip, a, need to be determined numerically. 

Figure 4 shows the variations ofp(v•/2•l) -'/• (solid curves) 
and r(•/2•l) -'/• (dashed curves) along the upper surface of 
the slab (arc corner) and along the lower surhce of the slab 

(oceanic corner)with a for n = I and n = 3 in both the coupled 
lithosphere (el) and the decoupled lithosphere (dl) model. 
Because p and r are scaled with respect to (vc/(2;?,l)) '/", it is 
not possible to compare the magnitudes of the stresses for the 

different rheologies; the relative a dependences are directly 
comparable, however. For a given rheology, either n = 1 or n 
= 3, relative stresses can be compared with respect to both 
magnitude and a dependence. 

Shear stresses are negative, a situation indicative of a resis- 

tance to slab motion. Pressures along the slab in the oceanic 
corner are positive in the coupled lithosphere model and are 
also positive in the decoupled lithosphere model for a < 90 ø (n 
= 1) or a •< 60 ø (n = 3). Pressures along the slab in the arc 
corner are negative in the coupled lithosphere model and are 
also negative in the decoupled lithosphere model for a < 90 ø 
(n = 1) or a ,½,< 120 ø (n = 3). In the coupled lithosphere model 
the net pressure force tends to rotate the descending slab 
toward the overriding plate, i.e., it tends to decrease a by 
exerting a counterclockwise torque on the slab. This is also 

true in the decoupled case for a < 90ø; for a > 90 ø the torque 
on the slab is clockwise. Shear stresses in the decoupled litho- 
sphere model are also symmetric about a = 90 ø. 

Suction pressures on the upper surface of the slab in the arc 
corner greatly exceed the pressures on the underside of the slab 

for most acute dip angles; for a < 45 ø, pressure magnitudes on 
the top of the slab are an order of magnitude or more larger 
than those on the bottom. In the non-Newtonian cases the 

suction pressure in the arc corner greatly exceeds the shear 
stresses on the slab for most acute dip angles. However, for n 
= 1, suction pressures in the arc corner are comparable with 
the shear stresses on the upper surface of the slab. This domi- 

nance of arc corner suction pressures over shear stresses (for a 
< 90 ø) in the non-Newtonian cases is even more pronounced 
at larger n. 

When a • 0, the pressures in the arc corner tend to negative 
infinity. In this limiting situation the motion of one of the 
boundaries pulls fluid out of the corner while the other bound- 

ary does not actively replenish it; thus a large pressure head is 
required to suck fluid back into the corner. This limiting case 
gives results identical to those of lubrication theory [Jischke, 

-8 6 i I I ! I I n=l n=$ 

•- Arc 

• • Oceanic Xjd,•• 
• I Corner • Y 

•orner • • • / 

•-•'•0 • •0 •i0 • • •0 s0 •0 •0 •0 •0 •s0 • •0 
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Fig. 4. P•ssum (solid curves) an• sn•a• stress (dashed curves) on 
th• top (a•c com•) and bottom (oceanic 
d•sc•nding slab as functions of subduction angl• 
tonian and (fight) non-•wtonian mantles in th• coupled lithosph• 
(el) mod•l and the d•coupl•d lithosph• (dl) 
corresponds to fiat subduction, •0 ø to v•tical subducfion, and • 80 ø to 
overturned subducfion. 

Tovish et al., JGR, 1978

OK, shows pressure on top (“arc corner”) gets very negative [as this happens, presumably load on base of lithosphere above also become very negative--i.e., pulls down]--bottom side not so strong.
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1075]. Our general solution shows that even when a is not 
small and the entire arc corner participates in the flow, suction 

pressures are produced which tend to lift the slab up from a 
gravitationally stable vertical position. It is not necessary to 
have a narrow slip zone at the top of a descending slab to 
understand why slabs do not dip vertically into the mantle. 

Moments of Gravitational and Pressure Forces 

In this section we explore the extent to which the observed 

dips of downgoing slabs can be understood by a balance of 
torques on the slab due to the downward gravitational force 

acting on its density anomaly and pressure forces acting on its 
surface. Figure 5 is a histogram of the measured subduction 

angles of 20 descending slabs. The average dip is about 55ø; 
most values of a lie between 25 ø and 75 ø. 

The torque exerted on the slab by the pressure forces has the 

same dependence on dip that the pressure itself has, since p is a 
separable function of r and 0, and the torque associated with 

the pressure forces is proportional to •ororp dr (ro is a length 
along the slab). The dependence of this torque on Vc and rt, is 
given by 

forø(vcl TM (vc)•/'•ro 2 r \2-•r / dr= (5) 2•,r0 (2 - 1/n) 

For the gravitational force on the descending slab we adopt 
a simple model in which the force is independent of slab dip. 
This approximation is based on the notion that the thermal 

anomaly of a slab may be a function only of the time it has 
spent in the mantle; for a length of slab r0 the time is ro/v•, 

independent of a. In this case the gravitational torque on a 
descending slab is simply proportional to cos a. 

The torques exerted by the gravitational body forces and the 
pressure forces on the descending slab are shown as functions 

of dip a in Figure 6. In the upper part of the figure, pressure 
torques are based on the coupled lithosphere model, while in 

the lower part they are based on the decoupled lithosphere 
model. In both cases the mantle is non-Newtonian with n = 3. 

The magnitudes of these torques are undetermined. In drawing 
the figure an arbitrary scale was used for the gravitational 
torque. Given this scale, the pressure-associated torques are 
drawn for several cases which give distinctive intersections 

with the curve of the gravitational torque. 
In the decoupled lithosphere model, two situations are pos- 

sible. Either a = 90 ø is the only intersection of the torque 
curves or an additional, single intersection can occur at a• < 
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Fig. 5. Histogram of the subduction angles of 20 arcs for P, Peru; 
CC, Central Chile; NC, North Chile; SC, South Chile; T, Tonga; KK, 
Kamchatka-Kuril; IB, Izu-Bonin; K, Kermadec; NH, New Hebrides; 
M, Mariana [Isacks and Barazangi, 1977]; H, Honshu; R, Ryuku 
[Utsu, 1974]; J, Java; B, Banda; C, Celebes [Hamilton, 1974]; SS, 
South Sandwich [Laravie, 1975]; WI, West Indies [Westbrook, 1975]; 
NZ, New Zealand [Gibawicz, 1974]; EA, East Aleutians [Engdahl et 
al., 1977]; N, Nicaragua [Dewey and Algermissen, 1974]. Dip was 
measured in the zone of intermediate depth hypocenters. 
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Fig. 6. The absolute values of the torques exerted on the slab by 
gravity and flow pressures (n = 3) as a function of slab dip a. Torques 
are equal and opposite at angles indicated by the subscripted a's. 
Several pressure curves are shown to indicate how variations in the 
relative magnitude of the gravity and pressure torques influence the 
number and types of equilibrium intersections. (Top) coupled litho- 
sphere model and (bottom) decoupled lithosphere model. 

90 ø . In the coupled lithosphere model, there is either no inter- 
section, one intersection at Otmin, or two intersections at a• and 

a2. Only the a2 intersection in the coupled lithosphere model 
and the a = 90 ø intersection for the lower curve in the de- 

coupled lithosphere model represent stable equilibria between 

gravitational and pressure forces. Consider a perturbation at 
the a• intersection which tends to decrease a. The counter- 

clockwise torque associated with the pressure forces will ex- 

ceed the clockwise gravitational torque and tend to decrease a 

still further. Accordingly, the a• intersection is not a stable 
equilibrium. 

No stable equilibrium between gravitational and pressure 
forces other than a = 90 ø is possible for any value of n in the 
decoupled lithosphere model. This model cannot explain the 
nonvertical dips of descending slabs if pressure and gravita- 
tional forces are the major contributors to the torque balance. 

Some viscous coupling between the overriding plate and the 
downgoing slab is essential. 

In the coupled lithosphere model the minimum subduction 
angles amin at which stable equilibria are possible are 63 ø for 
n = 1, 54 ø for n = 3 (see Figure 6), and 52 ø for n = 5. 

Although it is easier to reconcile the small observed dips of 
descending slabs with a nonlinear mantle rheology than with a 

Newtonian one, it is still difficult to understand how dip angles 
could be much less than about 50 ø on the basis of pressure and 

gravitational forces alone. Either the angular variations of the 

pressure and gravitational torques are inadequately described 
by our models or there are other torques, such as the torque 
due to slab deformation, which must be included in the torque 
balance. 

Tovish et al., JGR, 1978

Combining pressure from last slide with weight of slab and then calculating as a torque gives us this--the idea that there is a point where dip is unstable.  
However, this analysis ignores any deformation within the slab.  Although this analysis is basis for Bird’s inferences about subsidence, it is not the model 
preferred by most other mantle-flow modelers.
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!9 can be found; they are presented in the Appendix together 

with expressions for the pressure p and radial shear stress r. 

RESULTS 

Velocity and Stress Fields 

Figure 2 shows streamlines (parts a and b) and contours of 
constant pressure and shear stress (part c) for the coupled 

(upper row) ,and decoupled (lower row) lithosphere models. 
The dip of the descending slab in this example is 60 ø . The 
streamlines in part a are for the Newtonian (n = 1) rheology, 

while those in part b are for a non-Newtonian case with n = 3. 

The pressure and shear stress fields in part c apply to the 
nonlinear case n = 3. The streamline interval is vd/4, where I is 

the thickness of the descending slab. Contours of constant 

shear stress (r = fro = for) are dashed curves, and isobars are 
solid curves. The unit of shear stress and pressure is 

(2r/sl)) •/3. Because the pressure at r = co is set at zero, positive 
isobars represent compression and negative ones indicate suc- 

tion. The paired arrows indicate the sense of shear; the arrows 

parallel and perpendicular to the sides of the corners indicate 
the senses of shear and pressure forces, respectively, on those 
surfaces. 

The streamlines in the four arc corners display the most 

obvious differences between the flows. In the coupled litho- 

sphere models, upwelling occurs to replace material being 
removed from the vertex of the arc corner by the descending 

slab. This replacement flow tends to come from below because 
the overriding plate inhibits a purely horizontal influx to the 

vertex. In the decoupled lithosphere models, upwelling does 

not occur because a purely horizontal influx toward the vertex 

is not inhibited by the upper boundary. This also explains the 

larger velocities (indicated by the smaller streamline spacings) 

in the arc corners of the decoupled lithosphere models com- 

pared with the coupled lithosphere models. 
The flow is slower in the arc corners with non-Newtonian 

rheology than in the arc corners with n = 1. When n = 3, the 
large stresses near the descending slab reduce the effective 

viscosity in this region compared with other parts of the arc 
corner flow field, and the efficiency with which the slab can 

entrain mantle material is accordingly reduced (compared with 

n = 1). Since less material can be removed when n = 3, the 

influx is lessened and the flow speeds are reduced. This appears 
as more widely spaced streamlines in the arc corners of Figure 

2b compared with Figure 2a. A similar phenomenon occurs in 
the flow of the oceanic corner in the decoupled lithosphere 

model. The differences apparent in Figure 2 between n = I and 

n = 3 are more pronounced for larger n. 

Radial velocity profiles, v• versus 0, are shown as solid 

curves in Figure 3 for both coupled lithosphere (top) and 

decoupled lithosphere (bottom) models with n = 1 and n = 3. 
Positive values of v• represent outflux, and negative values 

influx. The velocity profiles for n = 3 have a 'plug flow' 

appearance, especially in the arc corners. In a plug flow region 

the velocity gradients are small. This results from the relatively 

high viscosity of the plug, a consequence of the relatively low 
shear stresses in this region of the non-Newtonian flow. Figure 

3 also shows r/rmax (dashed curves) versus 0 for n = 3. As is 

indicated by the thin vertical lines, the plug flow in a particular 
corner occurs where r is less than about half its maximum 

value in that corner. In the oceanic corner of the coupled 

lithosphere model, r (for n = 3) is relatively uniform. Thus the 

velocity profiles for n = 1 and n = 3 are rather similar. With 
the no-shear stress boundary condition of the decoupled litho- 

sphere model the oceanic corner flow displays the plug flow 

appearance of the arc corners. The motion of the oceanic plate 
in the coupled lithosphere model reinforces the flow induced 

by the descending slab; this accounts for the insensitivity of the 
flow in the oceanic corner of this model to the value of n. 

The isobars of Figure 2c show pressure increasing (toward 

zero) with distance from the vertices of the arc corners. In the 

oceanic corner of the decoupled lithosphere model, p decreases 
with distance from the vertex, while in the oceanic corner of 

the coupled lithosphere model, p = 0 is the bisector of the 

corner, and p increases with r in the upper half of the corner 
and decreases with r in the lower half. In the corners of the 

decoupled lithosphere model, shear stresses are negative; they 

decrease monotonically with angular proximity to the de- 

scending slab. In the oceanic corner of the coupled lithosphere 
model, r is also negative, while in the arc corner of this model 

the bisector is nearly a zero shear stress contour with r positive 

in the upper part of the corner and negative in the lower part. 

o 

----0-• •-0 .... 

Fig. 2. Streamlines, isobars, and contours of constant shear stress for coupled lithosphere (upper row) and decoupled 
lithosphere (lower row) models with a = 60 ø. Shown are (a) streamlines in a Newtonian fluid, (b) streamlines in a non- 
Newtonian fluid (n = 3), and (c) isobars (solid curves) and constant shear stress contours (dashed curves) for n = 3. 

Tovish et al., JGR, 1978

Pslabtop =
−8.558ηU

r
 for dip=45°

Pslabbottom = +0.462ηU
r

 for dip=45°

Pupperplate =
−3.026ηU

x
 for dip=45°

Similarly, we can estimate the force on the upper plate. Math from Turcotte and Schubert section 6.11. So subsidence should vary inversely to distance 
from the subduction zone. A major complication is that variations in rheology will allow for this to vary a lot.
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Wyoming and Utah, are nonmarine [Mallory, 1972]. Tilt 
estimates from this area are therefore less reliable than 

those from elsewhere, both because it is difficult to 

correct for the depositional elevation of the upper surface 

and because orogenic deformation involving basement 
fault block uplifts occurred throughout •nuch of this 

area. Tilting of this western area is not crucial to our 
analysis. Even when estimated accurately, it could not 

be unequivocally assigned to the proposed mechanism 

because it lies sufficiently close to the thrust belt to have 

been caused by lithospheric flexure in response to the 

weight of thrust sheets. 

The subsequent post-Cretaceous eastward tilt (Figure 

4) was estimated from the present elevation of the upper 
marker surface, as explained earlier. Where this surface 

has been eroded the present topographic height of the 

surface (Figure 2) was used instead. This procedure 
underestimates the uplift because the marker surface 

would have a higher elevation were it preserved, even when 

isostatic adjustment is taken into account. 

Tertiary tilt cannot be reconstructed accurately over as 

large an area as the Upper Cretaceous tilt because of the 

effects of Laramide block faulting. There is, however, no 
doubt that it involves a reversal and substantial recovery 

of the first phase of tilting. 

Post Cretaceous Tilt of 

Western North America 
" .. up down •' 

" - ', '[ Tilt of 5xl0 -3 
Tilt of 5xlO 'z 

Fig. 4. Cumulative post-Cretaceous tilt of the basement 

of western North America. Arrows point in the downward 

direction. The tilt was calculated using the method 

explained in section 2. Note that the thick arrows 

represent an order of magnitude greater tilt than the thin 
arrows. 

The net effect of the Cretaceous subsidence and Tertiary 

uplift is shown in Figure 5, for the cross-section A-A' 
of Figures 3 and 4. The region that did not undergo 

crustal shortening during the Laramide Orogeny is the 

focus of our discussion. As explained previously, both 

subsidence and uplift estimates are lower bounds because 

latest Cretaceous and early Tertiary sediments that have 

been removed by erosion are not included, nevertheless it 

is clear that the maximum vertical displacement (between 
A and A') at the end of the Cretaceous phase analyzed, 
is at least 3 km. 
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Fig. 5. Approximate estimate of the net effect of Late 

Cretaceous (including Late Maestrichtian) subsidence and 
Tertiary uplift for the cross section A-A ' given in Figures 3 

and 4. The base of the sequence at the end of its deposition 

is shown by a. During subsequent uplift to b the surface 

has uplifted to c. The dashed arrows imply that the solid 

arrows probably underestimate the total subsidence and 

uplift. 

We have proposed that the pattern of subsidence and 

uplift in Figure 5 may be interpreted as the response of 

the lithosphere to mantle flow coupled to a subduction 

zone [Beaumont, 1982]. In this model, subsidence persists 
during times of active subduction, while uplift is a 

consequence of either the termination of the subduction or 

(as we will see) an increase in the dip of the Benioff zone. 
In the next section, idealized models of the subduction 

process will be introduced in order to examine the surface 

deflections which arise. The goal is to show that the 

time and length scales of Figure 5 are consistent with the 

proposed model; that is, that the mantle flow model can 

cause a downward deflection of the lithosphere at distances 
as much as 1500 km from the subduction zone. 

The horizontal scale of the tilt in Figure 5 is only 900 km, 

however, the actual distance between the hinge point (at 
the eastern end of the wedge near A') and the subduction 
zone (not shown) is larger. After making allowances for 
the effects of Tertiary extension in the Basin and Range 

Province [Cross, 1986] it is estimated that the trench 
was located approximately 500 km to the west of A. A 
reasonable estimate for the horizontal scale of the actual 

tilt is therefore between 1400 and 1500 km. 

Indirect evidence exists for a contemporary eastward 

dipping subduction zone to the west of the Cretaceous 

sedimentary sequence [Engebretson et al., 1985, Debiche 
et al., 1987]. The location and inferred movements of the 
associated magmatic arc are summarized by Cross and 
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Fig. 10. The thermal field produced by superimposing the t -- 0.0, 0.25, 0.50, 0.75, and 1.0 fields of the 

model of Figure 6 (At = 0.25, see text). Each field is horizontally shifted, with respect to the previous field, 
by an amount equal to the width of the initial block (116 km); only a portion of the cell is shown. The 
near-surface dip of the resulting subduction is approximately 45 ø. 

The lithospheric deflection induced by the field of Figure 
10 is shown in Figure 11. Also shown on the figure are the 
deflections associated with subduction with near-surface 

dips of 30 o and 60 o . The latter result from At values of 

0.12 and 0.33, respectively, corresponding to subduction 
velocities of about 2.0 and 0.75 cm/yr. It is clear from 
the figure that the asymmetry of the thermal fields is 
reflected in the horizontal scale of the deflection. One 

measure of this scale is the horizontal distance between 

the peak deflection and the point on the right for which 
the surface remains undeflected. This length, which we 
will call d•/, is a lower bound estimate on the horizontal 

scale of the deflection because it is influenced by mass 
conservation and therefore the aspect ratio of the box used 

for the calculation. An upper bound (denoted d• Ax) is 
the distance from the peak subsidence to the point where 
the tilt of the surface down to the subduction zone begins 
(the point of maximum uplift). The advantage of d• Ax 
is that it is less sensitive to the aspect ratio of the box 
and in practice assumes that the tilt is insensitive to the 

return flow of the convection. In Figure 8, for the initial 
field given in Figure 6a, ds is 250 km and ,aMAX is 390 '•H 

km. In contrast, for subduction zones of near-surface 

dip 60 ø, 45 ø, and 30 ø, the horizontal scale increases to 

approximately 425, 565, and 1000 km for d•/ and 950, 

1170, and 1710 km for d• Ax, respectively (Figure 11). 
Clearly, regardless of the measure used, the horizontal 

scale of the surface deflection is strongly dependent on the 
dip of the subduction zone. 

The same figure shows that the vertical scale is also 

sensitive to the dip angle, though to a lesser degree. A 
point to note in this context is that the deflection is 

calculated for the case of a continuous lithosphere. A 
"platform" lithosphere with a free end at the subduction 

zone would exhibit larger vertical deflection amplitudes. 
In the block model of subduction there are two other 

parameters which could have an effect on the horizontal 

2.0- 

-2.0 

_40[ 
-700 0 700 1400 2100 
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Fig. 11. The topographic profile corresponding to the field 

of Figure 10 (labeled a). Also shown are the deflections for 

the cases of near surface dips of 600 (At = 0.33, labeled b) 
and 300 (At = 0.12, labelled c). In all cases, D = 5 x 1023 
Nm. The arrow gives the position of the right boundary 
of Figure 10. 

scale of deflection: the assumed flexural rigidity of the 
overlying lithosphere and the initial temperature of the 

detached slab. Figure 12 gives the deflection calculated 

for the 450 model of Figure 10, with five different values of 

the flexural rigidity. As the flexural rigidity is increased, 
progressively lower wave-numbers are filtered from the 

profile, and this is manifested by smoother deflections and 

lower peak subsidence. Indeed, for a rigidity of 5 x 1025 
Nm the asymmetry of the profile has virtually disappeared, 
while the peak deflection has dropped to less than half 

of the value calculated for the case of no lithosphere. 
An important characteristic of the profiles is the relative 

constancy in the values of both d•/ and d• ax. For 

Mitrovica et al ß Tilting of Continental Interiors by Subduction 1087 

Fig. 10. The thermal field produced by superimposing the t -- 0.0, 0.25, 0.50, 0.75, and 1.0 fields of the 

model of Figure 6 (At = 0.25, see text). Each field is horizontally shifted, with respect to the previous field, 
by an amount equal to the width of the initial block (116 km); only a portion of the cell is shown. The 
near-surface dip of the resulting subduction is approximately 45 ø. 

The lithospheric deflection induced by the field of Figure 
10 is shown in Figure 11. Also shown on the figure are the 
deflections associated with subduction with near-surface 

dips of 30 o and 60 o . The latter result from At values of 

0.12 and 0.33, respectively, corresponding to subduction 
velocities of about 2.0 and 0.75 cm/yr. It is clear from 
the figure that the asymmetry of the thermal fields is 
reflected in the horizontal scale of the deflection. One 

measure of this scale is the horizontal distance between 

the peak deflection and the point on the right for which 
the surface remains undeflected. This length, which we 
will call d•/, is a lower bound estimate on the horizontal 

scale of the deflection because it is influenced by mass 
conservation and therefore the aspect ratio of the box used 

for the calculation. An upper bound (denoted d• Ax) is 
the distance from the peak subsidence to the point where 
the tilt of the surface down to the subduction zone begins 
(the point of maximum uplift). The advantage of d• Ax 
is that it is less sensitive to the aspect ratio of the box 
and in practice assumes that the tilt is insensitive to the 

return flow of the convection. In Figure 8, for the initial 
field given in Figure 6a, ds is 250 km and ,aMAX is 390 '•H 

km. In contrast, for subduction zones of near-surface 

dip 60 ø, 45 ø, and 30 ø, the horizontal scale increases to 

approximately 425, 565, and 1000 km for d•/ and 950, 

1170, and 1710 km for d• Ax, respectively (Figure 11). 
Clearly, regardless of the measure used, the horizontal 

scale of the surface deflection is strongly dependent on the 
dip of the subduction zone. 

The same figure shows that the vertical scale is also 

sensitive to the dip angle, though to a lesser degree. A 
point to note in this context is that the deflection is 

calculated for the case of a continuous lithosphere. A 
"platform" lithosphere with a free end at the subduction 

zone would exhibit larger vertical deflection amplitudes. 
In the block model of subduction there are two other 

parameters which could have an effect on the horizontal 

2.0- 

-2.0 

_40[ 
-700 0 700 1400 2100 

HORIZONTAL DISTANCE (km) 

Fig. 11. The topographic profile corresponding to the field 

of Figure 10 (labeled a). Also shown are the deflections for 

the cases of near surface dips of 600 (At = 0.33, labeled b) 
and 300 (At = 0.12, labelled c). In all cases, D = 5 x 1023 
Nm. The arrow gives the position of the right boundary 
of Figure 10. 

scale of deflection: the assumed flexural rigidity of the 
overlying lithosphere and the initial temperature of the 

detached slab. Figure 12 gives the deflection calculated 

for the 450 model of Figure 10, with five different values of 

the flexural rigidity. As the flexural rigidity is increased, 
progressively lower wave-numbers are filtered from the 

profile, and this is manifested by smoother deflections and 

lower peak subsidence. Indeed, for a rigidity of 5 x 1025 
Nm the asymmetry of the profile has virtually disappeared, 
while the peak deflection has dropped to less than half 

of the value calculated for the case of no lithosphere. 
An important characteristic of the profiles is the relative 

constancy in the values of both d•/ and d• ax. For 

Mitrovica et al., Tectonics, 1989



Mitrovica et al.: Tilting of Continental Interiors by Subduction 1091 

certainly contributed to the subsidence between 400 and 
900 km. The b and c lines show the rebound of the base of 

the sequence 10 and 25 m.y. after subduction ceases at the 

surface. As the base rebounds to c, the surface uplifts to d, 

which should be compared with the observed topographic 

profile (upper dashed line). 
Once subduction is terminated the rebound of the 

lithospheric deflection yields a measure of the time scale 

of the tilt. Calculations show that the surface uplift 

reaches 60% and 95% of the final value in 10 and 25 m.y., 

respectively. Thus we can use 25 m.y. as a rough estimate 

for the time duration of the tilt recovery phase. This 

agrees with the sedimentary record discussed in section 

3, indicating that the rather simple model proposed here 

is able to reconcile the broad pattern of the data. 
An estimate of the location and inferred movement 

of the magmatic arc associated with the region of 

consumption [Coney, 1972; Cross and Pilger, 1978a,b; 
Engebretson et al., 1985; Cross, 1986] has provided 
some rather intriguing evidence for a time-dependent 

subduction geometry. It appears that up to about 80 m.y. 

ago, or roughly until Campanian time, the subduction 

proceeded at a larger angle than that attributed to it 

in model 1, perhaps as high as 50 ø or 60 ø . During the 

next 10 m.y. (through the remaining Campanian and 
Maestrichtian time) there seems to have been a rather 
rapid shallowing of the subduction angle, manifested by 

a large easterly migration of the arc volcanism, which 

persisted until approximately 45 m.y. ago. Subsequently, 

the angle of the subduction "rolled-back" (reflected in the 

westerly movement of the arc) to progressively steeper 
angles until the process was terminated completely by 
the formation of the North American - Pacific transform 

boundary (20 m.y. ago). 
The implications of this tectonic history, for the 

deflection of the overlying lithosphere, are clear from the 

results of the last section. Prior to 80 m.y. ago the 

steep subduction angle would support a lithospheric tilt 

with a horizontal scale of about 500 km (Figure 13). 

This scale is not sufficient to produce an appreciable 

deflection beyond the edge of the overthrusts at that 
time, so the sedimentation it would induce would not be 

evident between the points A to A • in Figure 5 or not 

separable from supracrustal loading and foreland basin 

development. Once the subduction angle is reduced, 
however, the horizontal scale of the deflection increases 

rapidly, and therefore the tilt of the basement between 

the points A- A • is a natural consequence of the altered 

subduction geometry. The timing of the sedimentation, 

coming in the Late Cretaceous, seems also to be correct. 

Indeed, Pilger and Cross [1978a,b] and Cross [1986] 
have provided isopach maps indicating a narrow foreland 

basin trough of subsidence prior to 80 m.y. ago and a 

thin sedimentary veneer east of Wyoming and Colorado, 

followed by a much broader subsidence pattern in the 

Campanian and Maestrichtian strata. Finally, the rollback 

in the subduction zone, between 45 and 20 m.y. ago, would 

account for the observed uplift in the western interior of 

the continent, while the cessation of subduction would 
have had an effect that was localized to the near-trench 

region (_<500 kin). 
In section 4 it was noted that mantle material has an 

essentially infinite Prandtl number [McKenzie et al., 1974]. 
As a result, the mantle may be considered momentum- 

free, which indicates that it adjusts, instantaneously, to a 

change in the convective driving force. Consequently, the 

response of the elastic lithosphere to changes in the dip 

angle described above will be instantaneous and without 

transients. This is not to suggest that the changes in the 

dip angle occurred instantaneously but rather that the 
lithospheric response will have exactly the same time scale 

as the adjustment in the dip. 

To summarize, the predicted lithospheric deflection 

profiles are given in Figure 16. The profile labeled a is the 
deflection for the subduction model with characteristics as 

in Figure 15, except with a dip of 60 ø. The profile b is the 

same as the profile a in Figure 15, so that the time between 

a and b is the time (exactly, by the arguments of the 

'-" 4'0I• Z 2.0 e '• •' '• '• -• .• •. 

• 0 - 

• 4.0 I 

o 
• -6.0 

5 0 I0 0 

HORIZONTAL DISTANCE FROM TRENCH (kin) 

Fig. 16. Profile a, the lithospheric deflection profile corresponding to the subduction zone of Figure 15 except 

with a dip of 60 ø. The sequence a, b and c, shows the lithospheric deflection as the subduction geometry 

moves from 60 ø dip (a), to 25 ø dip (b), and back to a 60 ø dip (c). d gives the deflection 25 m.y. after 
subduction ceases at the surface. While the basement rebounds from b to d the surface uplifts to e. As in 

Figure 15, the topographic profiles are computed under the assumption that the sediment cover (of density 
2.30 x 103 kg/m 3) remains intact subsequent to the onset of uplift. 

Sediments from dynamic subsidence

Mitrovica et al., Tectonics, 1989



this outlier is an artifact of low topographic

slopes in the area, but illustrates the extent of

early Paleozoic cratonic flooding and deposition

in the model due to the long-wavelength dynamic

topography low.

First-Order Sinusoidal Eustasy

We now investigate the combined influence of

eustasy and dynamic topography on cratonic

stratal patterns. A sinusoidal eustatic curve with a

300 m.y. period and 100 m amplitude is added to

four cases (cases 5–8) that are identical in all

other respects to cases 1–4 (Fig. 9). The influence

of eustasy on stratal patterns is most apparent

comparing the two cases without dynamic topog-

raphy, i.e., case 5 with Case 1. Not surprisingly,

three unconformities develop during falling eu-

static sea level, from 600 to 520, 370 to 200, and

70 to 0 Ma. Erosion rates are highest toward the

cratonic margins because of the higher slopes,

and some older strata are removed. Rates are

lowest in the center of the craton, where slopes

are so low that no significant thickness of older

strata is removed. Interaction with long-wave-

length dynamic topography both retards and ac-

centuates stratal response to eustatic sea level

(case 6, Fig. 9). For example, the dynamic topog-

raphy low at 300 Ma reduces erosion due to

falling sea level from 370 to 220 Ma, preventing

removal of older strata beneath the unconformity.

The asymmetric high developing from 300 to

100 Ma, however, accentuates erosion, extending

the unconformity time span in the east. Results of

slab-related dynamic topography are similarly

mixed (Fig. 9). Unconformity development is re-

duced in the case of Iapetus subduction, which

occurred in case 7 during a time of rising eustatic

sea level, but is only slightly accentuated in the

case of Farallon subduction. In case 8, the com-

bined influence of rising eustatic sea level and a

long-wavelength dynamic topography low sig-

nificantly reduces development of the unconfor-

mity related to Iapetus subduction (Fig. 9).

First-Order Vail Eustasy

Consequences of varying the pattern of eu-

static change are examined using the first-order Vail

curve (Vail et al., 1977) in cases 9 to 12 (Fig. 9).

All other parameters are as in cases 1 to 4. Stratal
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Figure 11. Two cross sections from case 4 (Fig. 9) taken along lines A–A′ and B–B′. An exploded view from section A–A′ shows detail of

platform strata.
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circumvent the first problem and allow higher

clastic supply during times of orogenic activity.

Quantification of additional factors that may in-

fluence denudation is not possible on a suitable

temporal and spatial scale.

Spatial restriction of clastic deposition was

added to the model to improve the simple layer-

cake depositional model used in Burgess and

Gurnis (1995) by accounting for variations in

accommodation on the cratonic platform and

margins. The cratonic platform and margins in

the initial model topography are surrounded by

deep-water sinks, representing abyssal plain ar-

eas. If accommodation is sufficient, clastic dep-

osition is limited to points with initial eleva-

tions greater than –200 m, i.e., on the cratonic

platform and margins. If there is insufficient

volume on these grid points, any additional

clastic sediment is deposited as an equal thick-

ness layer in deeper water.

Stratigraphic Model Parameters and Initial

Conditions

Model runs with various eustatic curves and

dynamic topographies are presented in the fol-

lowing. The initial topography represents the cra-

ton surrounded by a 1000-m-deep oceanic

trough; cratonic topography is subdivided be-

tween the Archean shield at 100 m elevation, and

the Proterozoic and marginal areas at 0 m (Fig.

8A). These subdivisions are also used to define

spatial distribution of background subsidence

rates, which are as much as 3 m · m.y.–1 on cra-

tonic margins and in the deep ocean trough, 1 m

m.y.–1 on Proterozoic craton, and 0 on Archean

age craton (Fig. 8B).

First-order eustatic curves and external sedi-

ment supply curves are shown in Figure 9. The

nonzero eustatic curves have amplitudes based

on estimates of Phanerozoic eustatic change from

Harrison (1990). Curve periods represent first-

order cycles in the form of either an arbitrary

sinusoid or the first-order element of the Vail

curve (Vail et al., 1977). A second-order curve

with a 100 m.y. period and a 100 m amplitude is

also used in some model cases; parameters are

based loosely on estimates of eustatic change due

to variable rates of sea-floor spreading (Harrison,

1990; Dewey and Pitman, 1995). External sedi-

ment supply is nonzero during times of orogenic

activity on the margins of the craton (Rast, 1989;

Oldow et al., 1989; Miller et al., 1992), when it is

likely that significant topography existed and was

denuded, supplying clastic material for cratonic

and cratonic margin deposition. The volumetric

magnitude of external supply is 105 km3 · m.y.–1.

According to Milliman and Meade (1983) the

modern Mississippi delivers 210 × 109 kg · yr–1;

assuming a sediment density of 2650 kg · m–3,

this gives 7.9 × 104 km3 · m.y.–1. In order to be
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Figure 8. (A) Initial model

topography, with the Archean

cratonic area at 100 m eleva-

tion and the surrounding Prot-

erozoic craton at 0 m, sur-

rounded by a marine shelf

dropping off to an oceanic

trough. (B) Background sub-

sidence rates on the craton

and surrounding shelf and

trough. (C) Location of cross

sections (A–A′ and B–B′ from
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and points for which subsi-
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in Figure 10.

higher accumulation rates can be seen extending

almost 3000 km at 60 Ma. The youngest strata

filling this space have been eroded, and those re-

maining have low preservation potential.

We now combine both slab-related dynamic

topography and longer-wavelength dynamic

topography due to mantle insulation thermal

anomalies. Different signatures of vertical mo-

tion are generated by the two scales of dynamic

topography (case 4). Iapetus subduction is clearly

evident in dynamic topography and basement el-

evation on the eastern cratonic margin (point 4,

Figs. 8C and 10), while influence of Farallon

subduction is most evident in the west (point 1,

Figs. 8C and 10). Cyclical basement subsidence

and uplift at a point near the craton center (point

3, Figs. 8C and 10) are due to long-wavelength

dynamic topography. From the patterns of strata

(Fig. 9) it is apparent that the unconformity gen-

erated by Iapetus subduction merges with the

younger unconformity generated by sub-Pangea

heating, showing how the two different scales of

dynamic topography may interact. Strata formed

in subduction-related dynamic topography was

uplifted to elevations higher than the surrounding

craton when subduction ceased, and hence was

more susceptible to subsequent erosion, particu-

larly when enhanced by further longer-wave-

length uplift. Erosion of these strata increases

clastic sediment supply from 420 to 360 Ma, pre-

venting development of the 380 to 340 Ma hiatus

seen in case 2.

Cross sections and isopach maps illustrate

overall patterns of cratonic and marginal basin

strata, as well as complex stratal geometries pro-

duced by dynamic topography (Figs. 11 and 12).

Wedges of increased stratal thickness result from

filling of slab-related dynamic topography over

significant areas of the craton. Clearly evident

are ~3000 m of Upper Cretaceous to Eocene

strata (75–40 Ma) deposited in dynamic topog-

raphy over the Farallon slab and subsequently

uplifted and tilted (Fig. 11, section A-A′).

Isopachs also show this wedge of strata and a

wedge developed from 250 to 220 Ma related to

subduction initiation (Fig. 12). Similar wedges

related to Iapetus subduction are not well devel-

oped (total thickness <400 m), mainly due to low

clastic supply prior to 450 Ma and abundant ac-

commodation. However, there is a trend of east-

ward-increasing thickness from 480 to 430 Ma

(Fig. 12), developed in response to tilting over

the Iapetus slab. This trend is reversed from 430

to 420 Ma, when subduction ceased and dy-

namic topography reversed.

Phanerozoic platform strata, approximately

1200 m in thickness, are divided into four se-

quences by unconformities that developed in re-

sponse to complex interacting dynamic topogra-

phies (Fig. 11, section A-A′). The influence of

longer-wavelength dynamic topography is evi-

dent in unconformity surface A (Fig. 11), devel-

oped over the eastern two-thirds of the craton

from 300 to 0 Ma (Fig. 12). The converse of this

phenomenon is represented by an outlier of

Lower Paleozoic strata on the Archean craton

(Fig. 11, section B-B’ and Fig. 12) that was de-

posited during cratonic flooding due to a dy-

namic topography low (Fig. 6). Preservation of
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Figure 10. Basement elevation and dynamic topography through time at five locations on and adjacent to the craton (Fig. 8C). Long-wavelength

dynamic topography is best illustrated in 3, while slab-related effects are best developed in 1 and 4. Basement elevation is uncorrected for com-

paction or isostasy.

higher accumulation rates can be seen extending

almost 3000 km at 60 Ma. The youngest strata

filling this space have been eroded, and those re-

maining have low preservation potential.

We now combine both slab-related dynamic

topography and longer-wavelength dynamic

topography due to mantle insulation thermal

anomalies. Different signatures of vertical mo-

tion are generated by the two scales of dynamic

topography (case 4). Iapetus subduction is clearly

evident in dynamic topography and basement el-

evation on the eastern cratonic margin (point 4,

Figs. 8C and 10), while influence of Farallon

subduction is most evident in the west (point 1,

Figs. 8C and 10). Cyclical basement subsidence

and uplift at a point near the craton center (point

3, Figs. 8C and 10) are due to long-wavelength

dynamic topography. From the patterns of strata

(Fig. 9) it is apparent that the unconformity gen-

erated by Iapetus subduction merges with the

younger unconformity generated by sub-Pangea

heating, showing how the two different scales of

dynamic topography may interact. Strata formed

in subduction-related dynamic topography was

uplifted to elevations higher than the surrounding

craton when subduction ceased, and hence was

more susceptible to subsequent erosion, particu-

larly when enhanced by further longer-wave-

length uplift. Erosion of these strata increases

clastic sediment supply from 420 to 360 Ma, pre-

venting development of the 380 to 340 Ma hiatus

seen in case 2.

Cross sections and isopach maps illustrate

overall patterns of cratonic and marginal basin

strata, as well as complex stratal geometries pro-

duced by dynamic topography (Figs. 11 and 12).

Wedges of increased stratal thickness result from

filling of slab-related dynamic topography over

significant areas of the craton. Clearly evident

are ~3000 m of Upper Cretaceous to Eocene

strata (75–40 Ma) deposited in dynamic topog-

raphy over the Farallon slab and subsequently

uplifted and tilted (Fig. 11, section A-A′).

Isopachs also show this wedge of strata and a

wedge developed from 250 to 220 Ma related to

subduction initiation (Fig. 12). Similar wedges

related to Iapetus subduction are not well devel-

oped (total thickness <400 m), mainly due to low

clastic supply prior to 450 Ma and abundant ac-

commodation. However, there is a trend of east-

ward-increasing thickness from 480 to 430 Ma

(Fig. 12), developed in response to tilting over

the Iapetus slab. This trend is reversed from 430

to 420 Ma, when subduction ceased and dy-

namic topography reversed.

Phanerozoic platform strata, approximately

1200 m in thickness, are divided into four se-

quences by unconformities that developed in re-

sponse to complex interacting dynamic topogra-

phies (Fig. 11, section A-A′). The influence of

longer-wavelength dynamic topography is evi-

dent in unconformity surface A (Fig. 11), devel-

oped over the eastern two-thirds of the craton

from 300 to 0 Ma (Fig. 12). The converse of this

phenomenon is represented by an outlier of

Lower Paleozoic strata on the Archean craton

(Fig. 11, section B-B’ and Fig. 12) that was de-

posited during cratonic flooding due to a dy-

namic topography low (Fig. 6). Preservation of
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Figure 10. Basement elevation and dynamic topography through time at five locations on and adjacent to the craton (Fig. 8C). Long-wavelength

dynamic topography is best illustrated in 3, while slab-related effects are best developed in 1 and 4. Basement elevation is uncorrected for com-

paction or isostasy.



calculations are a 400 kmwide and 2.5 km high tectonic load.
Its density is 2500 kg/m3; the basin fill and mantle density are
2300 kg/m3 and 3300 kg/m3, respectively. All of these
parameters are similar to those used in previous flexural
studies [Jordan, 1981; Yingling and Heller, 1992; Currie,
2002]. Because of the broad wavelength of the depocenter,
here, two high flexural rigidities are used: 3 × 1024Nm
[White et al., 2002] and 4.1× 1024Nm [Lowry and Smith,
1994]. Lowry and Smith [1994] calculated the flexural
rigidity throughout the western U.S. using coherence analy-
sis of gravity and topography. Using the above parameters,
the foredeep is calculated to be ~3.3 km deep, at the thrust
front, and ~300 km wide (Figure 4). The flexural curve with
a rigidity of 4.1× 1024Nm best matches the observed profile
during ~84–81Ma, which shows a stratal thickness of
1400m in the Green River Basin, approximately 140 km east
of the thrust front during that time (Figures 3c and 4). In order
to address possible along-strike variability in the flexural
response of the region, we calculate a second flexural profile
to the north of the A–A′ transect, B–B′ (Figure 3c). Slightly
different flexural parameters are used to match this profile,
but all are within the reasonable parameters that are
explained above. The two differences are a tectonic load
height of 2 km (instead of 2.5 km in A–A′) and a less rigid
plate of 2 × 2024Nm, producing a very close match to the
observed profile geometry (Figure 4).

4. Flat-Slab Subduction and Dynamic Subsidence

[12] Many have hypothesized that the subduction of an
oceanic plateau caused flat-slab subduction during the Late
Cretaceous [Livaccari et al., 1981; Tarduno et al., 1985;
Saleeby, 2003]. Liu et al. [2010] use plate reconstruction
models to predict where the hypothesized Shatsky Plateau
was at 80Ma. They place the center of the plateau and the
shallowest portion near the intersection of the New Mexico,
Arizona, Utah, and Colorado borders with the plateau
trending north-south and plunging to the north. In this study,
the dynamically subsided basin during ~81–76Ma is

compared to the hypothesized location of the Shatsky
Plateau at 80Ma (Figure 3d). The isopach map shows
that the dynamically subsiding basin overlies the area
where the northern portion of the Shatsky Plateau was
plunging into the asthenosphere, with a similar north-
south trend (Figure 3d).

5. Discussion and Conclusions

[13] This study constrains the transition from flexural
subsidence to dynamic subsidence that was previously
placed at ~83.5Ma [Roberts and Kirschbaum, 1995;
DeCelles, 2004] at ~81Ma. Our data show that the shape of
the dynamically subsiding basin is not east-west trending,
as shown in Roberts and Kirschbaum [1995], but rather
north-south trending, similar to what is proposed by
Weimer [1970]. Stratigraphically, this transition from
flexural subsidence to dynamic subsidence takes place at
the start of a regional and widespread progradation of coarse,
foreland basin deposits, becoming more incisional higher in
the section. A basin subsidence transition from higher
accommodation in the west and less accommodation in the
east (as is the case in a flexural basin) to higher rates of sub-
sidence in the east and less in the west (as is the case when
this dynamic subsidence begins) would produce a rapid
progradation as observed in the Campanian [Mitrovica
et al., 1989; Pang and Nummedal, 1995; DeCelles, 2004].
[14] Flexure is driving subsidence from ~93 to 81Ma.

However, flexural foreland basin depozones of foredeep,
forebulge, and back-bulge [DeCelles and Giles, 1996] should
not be applied to the western U.S. for times after ~81Ma
because the foreland basin after this time is controlled by
dynamic processes.
[15] Previous researchers have observed the broadening of

the flexural wavelength in the Coniacian to Santonian
(~88.7–83.5Ma) and have attributed this to the erosion and
redistribution of the tectonic load [Jordan, 1981] and to early
dynamic influence [Pang and Nummedal, 1995]. Based on
our new isopach maps, this broadening of the flexural
foreland takes place at ~84Ma. Neither the erosion nor
redistribution of the tectonic load nor dynamic influence is
necessary to explain this wavelength change. Instead, the
wavelength change can be explained by an increase in
rigidity of the loaded lithosphere. Jordan [1981] assumed a
constant flexural rigidity of the lithosphere and approximated
it at 1023 Nm. The resulting models fit the observed flexural
profile in the Early Cretaceous. Pang and Nummedal [1995]
recognized the fact that flexural rigidity likely changes
throughout the western U.S. Lowry and Smith [1994] used
coherence analysis of gravity and topography to calculate
the flexural rigidity of several provinces in the western U.S.
Their calculated value for the flexural rigidity of the
Archean Wyoming craton was 4.1× 1024Nm, significantly
higher than the 1023 Nm used for modeling central Utah.
DeCelles [1994] reports that at ~84–75Ma, the Absaroka
thrust breaks out to the east, advancing the thrust belt
eastward. This would effectively load the western margin
of the Archean Wyoming craton. This also coincides with
the broadening of the flexural wavelength as seen in the
isopach map (Figure 3c). Furthermore, by 84Ma, the devel-
opment of the Wasatch Culmination effectively increased
the height of the topographic load. Therefore, a flexural rigid-
ity of 4.1× 1024Nm and tectonic load dimensions of 400 km
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Figure 4. Flexural model of the profile of A–A′ in
Figure 3c. The dotted line is the observed profile, the solid
line is the flexural profile for a rigidity of 3 × 1024Nm, and
the dashed line (the best match) is for a rigidity of
4.1× 1024Nm. B–B′ in Figure 3c is also modeled, showing
that the tectonic load height decreases (2 km) to the north
and the lithosphere becomes less rigid (2 × 1024Nm).
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Figure 4. Flexurally back-
stripped subsidence pro-
files across thrust belt and
basin over four cumulative
time intervals. Upper and
lower arrows track move-
ment of forebulge in re-
sponse to load of only
thrust belt and load of
thrust belt plus sediments,
respectively. Flexural rigid-
ity used for this calculation
was 1022.5 N·m. RS—residual
subsidence; numbers indi-
cate wells located in Fig-
ure 1.

and sediment loads was subtracted from the
total, decompacted subsidence to calculate the
residual.

RESULTS
Computed subsidence profiles for the elas-

tic lithosphere along the cross section in Fig-
ure 1, for the time intervals of 97.2–90.4 Ma,
97.2–83.9 Ma, 97.2–78.5 Ma, and 97.2–73.4
Ma, are presented in Figure 4. A range of flex-
ural rigidities, 1021, 1022, 1022.5, 1023, and
1024 N·m, was analyzed in this modeling, and
1022.5 N·m provided consistently the best fit
in which predicted and observed subsidence
profiles were parallel at all different stages.
Simulation of crustal loading by only the

thrust belt (shown in light shading at the left
side of each profile in Fig. 4) produces asym-
metrical cumulative-subsidence curves (dotted
lines in Fig. 4), which represent a foredeep
and a forebulge that rises above the zero level.
The simulation documents progressive east-
ward forebulge migration (upper arrows).
During the period of tectonic quiescence be-
tween the early and late Absaroka thrusts
(78.5–73.4 Ma), the forebulge stopped mi-
grating and decreased in amplitude, and the
foredeep rebounded dramatically (Figs. 4C
and 4D). To the east of the forebulge there is
no detectable basin subsidence caused by
thrust loading.
The next modeling step included the two

components of sediment load. One is the pre-
served sediment shown above the heavy solid
lines in Figure 4; the other is the restored sed-
iment wedge near the thrust belt that has been
removed by subsequent thrusting and erosion,
the thickness of which was assumed to fit the
adjacent preserved sediment thickness and
also conform to the shape of the total subsi-
dence curve. This restored sediment thickness
is shown by a dashed line with two dots in
Figure 4. At any given time of thrusting, this
sediment load was on the basinward side of
the leading thrust. The simulated cumulative
subsidence curves (heavy dashed lines in Fig.
4) caused by the whole thrust load plus the
original sediment load in general parallel the
observed total subsidence curves (heavy solid
lines). The simulation shows a narrow fore-
deep (�180–120 km wide) and a very gentle
forebulge in front of the thrust belt. The fore-
bulge migration in response to this complete
load shows a slightly different pattern (lower
arrows in Fig. 4). It is lower in amplitude than
the one predicted by the thrust-belt load alone,
and the simulated forebulges migrate eastward
in the first three time steps and move back
toward the west in the final step (Fig. 4). The
residual subsidence—the difference between
the final simulated cumulative subsidence and
the observed total subsidence (dark gray band
in Fig. 4)—develops a westward-thickening
wedge, and its average thickness gradually in-
creases from �160 m in the first stage, to 484
m in the second stage, to 880 m in the third
stage, and to 926 m at the last stage. The re-
sults of the calculated incremental subsidence
for each of the four time intervals are shown
as dot-patterned bands in Figure 4. The fore-
deep strata deposited to the west of the �180
km mark in the first three time steps of the
modeling were mostly eroded or incorporated
in the thrust belt in later stages. During the
fourth modeling step (Figs. 4C to Fig. 4D),
the thrust belt and foredeep rebounded iso-
statically because of erosion during the tec-
tonically quiescent phase. The balance be-
tween the rate of isostatic rebound and
residual subsidence controlled the generation
of local accommodation space above this un-
conformity, into which space the basal Ericson
Formation was deposited. The observed west-
ward basal onlap of the lower Ericson (upper
left of Fig. 2) is consistent with a gradual de-
crease in the isostatic rebound and a shift to
control of local sediment accommodation by
residual subsidence.

DISCUSSION
The results demonstrate that sediment ac-

commodation and erosion in Wyoming in the
Late Cretaceous were controlled by flexural
loading during thrusting in the Sevier orogenic
belt, isostatic rebound during tectonic quies-
cence, and a dynamic component of subsi-

Pang & Nummedal, Geology 2004

Pang and Nummedal inferred dynamic subsidence starting c 84 Ma and large by 79 Ma; could also be change in flexural rigidity?



regressive zone marks the peripheral bulge, which is apparently “missing”
because it is not uplifted and eroded. The mechanism also provides a prob-
able explanation for the creation and preservation of “back bulge” basins
(DeCelles and Giles, 1996; Giles and Dickinson, 1995) or an “eastern plat-
form” (Kauffman and Caldwell, 1993) (Fig. 4D) when dynamic subsidence
extends beyond the static peripheral bulge.

More specifically, Figure 4 (D and E) illustrates the simplest explana-
tion of Bearpaw reciprocal stratigraphies, the basin response to the tectonics
type shown in Figure 4B. Long-wavelength dynamic subsidence has created
marine accommodation space everywhere except the most distal craton.
Immediately adjacent to the orogen this space has been overfilled by sedi-
ment. As LS increases (Fig. 4D), proximal transgression (transgressive
systems tracts) will be coeval with forebulge regression (regressive systems
tracts) if the sedimentation rate is less than the rate of change of accommo-
dation space. The converse occurs when LS decreases (Fig. 4E).

Other stratigraphic responses can be envisaged. When LS and LD
change simultaneously, the positions of the transgressive and regressive sys-
tems tracts will depend on the rates of these changes and the sedimentation
rates. The distance λH is unlikely to coincide with λHS, and reciprocal stra-
tigraphies are improbable when dynamic subsidence exceeds static uplift of
the peripheral bulge. Equivalent reciprocal stratigraphies can be created in
nonmarine environments (Catuneanu et al., 1995). Their style depends on
the effect of dynamic and static loading on nonmarine (e.g., fluvial) accom-
modation space. It is notable that neither changes in the amplitude of LD nor
eustatic sea-level changes cause reciprocal stratigraphies when acting alone.
However, increases in one or both of these quantities are necessary in order
to preserve reciprocal strata. For example, the downward dynamic deflec-
tion (Fig. 1) is amplified during intervals when subduction rate increases. A
change in slab dip will also modulate the dynamical deflection. For exam-
ple, the overall effect of a decrease in slab dip is to increase distal accom-
modation space at the expense of that proximal to the orogen.

SPECULATIONS REGARDING THE WESTERN INTERIOR
BASIN AND CONDITIONS FAVORING THE CREATION OF
RECIPROCAL STRATIGRAPHIES

On the largest scale, the eastward-dipping subducting plate beneath
western North America has been interpreted to have had a time-varying sub-
duction dip angle, largely based on sweeping magmatic patterns (Coney and
Reynolds, 1977; Armstrong and Ward, 1991, 1993; Constenius, 1996) and
varying subduction velocity (see Ward, 1995, for a review). If this interpre-
tation is correct, the changes in dip angle should be recorded in the foreland
basin stratigraphy as relative changes in the length scale, λD, of dynamic
loading. The magmatic patterns suggest that moderate to steeply dipping
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Figure 4. Conceptual effects of static (LS) and dynamic
(LD) tectonic loads on retro-foreland basins and some sedi-
mentary consequences. A:Tectonic deflection of horizontal
reference surface by loads acting independently for case
λD > λHS.B:Combined deflection when LS and LD act together
(solid line) and effect (dashed lines) of increases, LS(I), and
decreases, LS(D), in static load while LD is constant.
C: Sensitivity of same combined deflection (solid line, B) to
increases, LD(I), and decreases, LD(D), in dynamic load
while LS is constant (dashed lines). D and E: Topographic-
bathymetric profiles illustrating likely stratigraphic response
of basin to tectonics illustrated in B. Dynamic deflection has
created marine accommodation across most of basin.
D: Increased static load increases foredeep accommoda-
tion, reduces peripheral bulge accommodation, and leaves
back-bulge accommodation unchanged. If sedimentation
rates are less than rate of change of accommodation, proxi-
mal transgression (transgressive systems tracts) is coeval
with peripheral bulge regression (regressive systems
tracts). E:The converse of D.

Figure 3. Diagrammatic illustration of reciprocal correlation between transgressive
and regressive systems tracts across foreland basin hinge line. A, B, C: proximal-
type sequences, 1, 2, 3: distal-type sequences. I, D: stages of inferred increasing (I)
and decreasing (D) static load in orogenic belt: I: proximal subsidence correlated
to distal uplift; D: proximal uplift correlated to distal subsidence. Distal ravinement
surface is superimposed on subaerial unconformity (sequence boundary), assum-
ing that nonmarine portion of the transgressive systems tract has been eroded dur-
ing marine transgression. In relationship to foreland basin flexural profile, coarsest
sediments are supplied to distal sector at end of orogenic unloading stages. Aver-
age thickness of third-order sequence is 25 m and corresponding time span is
0.75 m.y.Vertical scale represents both time and thickness.

Catuneanu et al., Geology 1997
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Other mechanisms might also be involved as long-term drivers of the stratigraphy. DeCelles et al. (2009) and DeCelles 
and Graham (2015) developed a model of orogenic cyclicity, which they applied to tectonic and magmatic events in the 
Sierra Nevada arc, forearc, and retroarc in the United States portion of the Cordillera. These phases roughly overlap with 
the pulses identified in Fig. 9. Phase 1 (160–140 Ma) involved eastward migration of deformation from the hinterland into 
the western thrust system of the Sevier belt. Phase 2 (140–105 Ma) involved strongly reduced arc magmatism, widespread 
hinterland shortening, and steady growth of the Great Valley forearc basin to the west. This phase overlapped with the pe-
riod of orogenic quiescence in Alberta and the development of the widespread mid-Early Cretaceous unconformity (Fig. 9). 
Phase 3 (105–80 Ma) was a period of increased magmatic activity, and eastward migration of the arc, the onlapping Great 
Valley forearc, and the Sevier fold-thrust system. Phase 4 (80–50 Ma) saw the influence of Laramide flat-slab subduction 

FIG. 26  Location of the hingeline between the foredeep and the forebulge during the Campanian-Paleocene. The arcuate trend of the hingeline indicates 
the locus of greatest flexural load in the orogen—at the center of the arc. Abbreviations: C, M, P, Campanian, Maastrichtian, Paleocene; e, E, Early;  
l, L, Late. The location of maximum loading shifted progressively northward during the Late Cretaceous-Paleocene (Catuneanu et al., 1999, 2000).

The Sedimentary Basins of the United States and Canada, edited by Andrew Miall, Elsevier, 2019. ProQuest Ebook Central, http://ebookcentral.proquest.com/lib/ucb/detail.action?docID=5755762.
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the arc. Abbreviations: C, M, P, Campanian, Maastrichtian, Paleocene; e, E, Early; l, L, Late. The location of maximum loading shifted progressively northward during the Late Cretaceous-Paleocene (Catuneanu et al., 
1999, 2000).



regressive zone marks the peripheral bulge, which is apparently “missing”
because it is not uplifted and eroded. The mechanism also provides a prob-
able explanation for the creation and preservation of “back bulge” basins
(DeCelles and Giles, 1996; Giles and Dickinson, 1995) or an “eastern plat-
form” (Kauffman and Caldwell, 1993) (Fig. 4D) when dynamic subsidence
extends beyond the static peripheral bulge.

More specifically, Figure 4 (D and E) illustrates the simplest explana-
tion of Bearpaw reciprocal stratigraphies, the basin response to the tectonics
type shown in Figure 4B. Long-wavelength dynamic subsidence has created
marine accommodation space everywhere except the most distal craton.
Immediately adjacent to the orogen this space has been overfilled by sedi-
ment. As LS increases (Fig. 4D), proximal transgression (transgressive
systems tracts) will be coeval with forebulge regression (regressive systems
tracts) if the sedimentation rate is less than the rate of change of accommo-
dation space. The converse occurs when LS decreases (Fig. 4E).

Other stratigraphic responses can be envisaged. When LS and LD
change simultaneously, the positions of the transgressive and regressive sys-
tems tracts will depend on the rates of these changes and the sedimentation
rates. The distance λH is unlikely to coincide with λHS, and reciprocal stra-
tigraphies are improbable when dynamic subsidence exceeds static uplift of
the peripheral bulge. Equivalent reciprocal stratigraphies can be created in
nonmarine environments (Catuneanu et al., 1995). Their style depends on
the effect of dynamic and static loading on nonmarine (e.g., fluvial) accom-
modation space. It is notable that neither changes in the amplitude of LD nor
eustatic sea-level changes cause reciprocal stratigraphies when acting alone.
However, increases in one or both of these quantities are necessary in order
to preserve reciprocal strata. For example, the downward dynamic deflec-
tion (Fig. 1) is amplified during intervals when subduction rate increases. A
change in slab dip will also modulate the dynamical deflection. For exam-
ple, the overall effect of a decrease in slab dip is to increase distal accom-
modation space at the expense of that proximal to the orogen.

SPECULATIONS REGARDING THE WESTERN INTERIOR
BASIN AND CONDITIONS FAVORING THE CREATION OF
RECIPROCAL STRATIGRAPHIES

On the largest scale, the eastward-dipping subducting plate beneath
western North America has been interpreted to have had a time-varying sub-
duction dip angle, largely based on sweeping magmatic patterns (Coney and
Reynolds, 1977; Armstrong and Ward, 1991, 1993; Constenius, 1996) and
varying subduction velocity (see Ward, 1995, for a review). If this interpre-
tation is correct, the changes in dip angle should be recorded in the foreland
basin stratigraphy as relative changes in the length scale, λD, of dynamic
loading. The magmatic patterns suggest that moderate to steeply dipping
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Figure 4. Conceptual effects of static (LS) and dynamic
(LD) tectonic loads on retro-foreland basins and some sedi-
mentary consequences. A:Tectonic deflection of horizontal
reference surface by loads acting independently for case
λD > λHS.B:Combined deflection when LS and LD act together
(solid line) and effect (dashed lines) of increases, LS(I), and
decreases, LS(D), in static load while LD is constant.
C: Sensitivity of same combined deflection (solid line, B) to
increases, LD(I), and decreases, LD(D), in dynamic load
while LS is constant (dashed lines). D and E: Topographic-
bathymetric profiles illustrating likely stratigraphic response
of basin to tectonics illustrated in B. Dynamic deflection has
created marine accommodation across most of basin.
D: Increased static load increases foredeep accommoda-
tion, reduces peripheral bulge accommodation, and leaves
back-bulge accommodation unchanged. If sedimentation
rates are less than rate of change of accommodation, proxi-
mal transgression (transgressive systems tracts) is coeval
with peripheral bulge regression (regressive systems
tracts). E:The converse of D.

Figure 3. Diagrammatic illustration of reciprocal correlation between transgressive
and regressive systems tracts across foreland basin hinge line. A, B, C: proximal-
type sequences, 1, 2, 3: distal-type sequences. I, D: stages of inferred increasing (I)
and decreasing (D) static load in orogenic belt: I: proximal subsidence correlated
to distal uplift; D: proximal uplift correlated to distal subsidence. Distal ravinement
surface is superimposed on subaerial unconformity (sequence boundary), assum-
ing that nonmarine portion of the transgressive systems tract has been eroded dur-
ing marine transgression. In relationship to foreland basin flexural profile, coarsest
sediments are supplied to distal sector at end of orogenic unloading stages. Aver-
age thickness of third-order sequence is 25 m and corresponding time span is
0.75 m.y.Vertical scale represents both time and thickness.
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ALLOGENIC MECHANISMS OF SEQUENCE DEVELOPMENT
Early regional studies of the Western Interior Basin emphasized widespread regional cyclicity and the presence of major 
regional unconformities (e.g., Weimer, 1960; Kauffman, 1977, 1984). While the importance of tectonism, specifically 
the flexural-loading model, is recognized as the overriding cause of foreland-basin generation, much emphasis has been 
placed on 106- to 107-year cycles of eustatic sea-level change as a major controlling mechanism (e.g., Kauffman and 
Caldwell, 1993; Ryer, 1993; Van Wagoner, 1995; Schwans, 1995). Kauffman’s (1977, 1984) 10 cycles (Fig. 8) are the 
classic expression of this earlier view. However, since the 1980s the global eustasy model has undergone criticism and 

FIG. 23  Stratigraphic cross-sections through part of the Upper Cretaceous section of Alberta, showing the reciprocal stratigraphy effect generated by 
the crustal response to episodes of flexural loading. (A) Cross-section through Campanian to Paleocene strata of Alberta. Note that episodes of continu-
ous sedimentation in the proximal part of the basin correlate with episodes of uplift and erosion in the distal part, over the forebulge, and vice-versa. 
Abbreviations: C, M, P, Campanian, Maastrichtian, Paleocene; e, E, Early; l, L, Late; (B) Detail of cross-section across the hingeline of Alberta showing 
Upper Campanian ammonite zones (Catuneanu et al., 1999, 2000).
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Other mechanisms might also be involved as long-term drivers of the stratigraphy. DeCelles et al. (2009) and DeCelles 
and Graham (2015) developed a model of orogenic cyclicity, which they applied to tectonic and magmatic events in the 
Sierra Nevada arc, forearc, and retroarc in the United States portion of the Cordillera. These phases roughly overlap with 
the pulses identified in Fig. 9. Phase 1 (160–140 Ma) involved eastward migration of deformation from the hinterland into 
the western thrust system of the Sevier belt. Phase 2 (140–105 Ma) involved strongly reduced arc magmatism, widespread 
hinterland shortening, and steady growth of the Great Valley forearc basin to the west. This phase overlapped with the pe-
riod of orogenic quiescence in Alberta and the development of the widespread mid-Early Cretaceous unconformity (Fig. 9). 
Phase 3 (105–80 Ma) was a period of increased magmatic activity, and eastward migration of the arc, the onlapping Great 
Valley forearc, and the Sevier fold-thrust system. Phase 4 (80–50 Ma) saw the influence of Laramide flat-slab subduction 

FIG. 26  Location of the hingeline between the foredeep and the forebulge during the Campanian-Paleocene. The arcuate trend of the hingeline indicates 
the locus of greatest flexural load in the orogen—at the center of the arc. Abbreviations: C, M, P, Campanian, Maastrichtian, Paleocene; e, E, Early;  
l, L, Late. The location of maximum loading shifted progressively northward during the Late Cretaceous-Paleocene (Catuneanu et al., 1999, 2000).
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Lower right figure shows reciprocal stratigraphy with biozones and presence of airfall ashes from Alberta.



stone, meaning that basin accommodation was less
than or equal to sediment supply rate, leading to del-
taic and £uvial progradation. Subsidence rates became

faster from MS 2 to MS 3, and are about 0.194^0.050
and 0.289^0.148mmyear!1, respectively.Wells 6 and 7
mark the transition from slower to faster subsidence
for Megasequences 2 and 3, representing the approxi-
mate forebulge location, respectively.

(4) The curves for MS 4 are quite di¡erent from other ba-
sin phases. The subsidence rates of all wells were slow
and nearly constant, ranging from "0.047 to
"0.024mmyear!1. Though subject to considerable
uncertainty, the curves for MS 5 are leftward convex.
Subsidence rates were high again and probably related
to increased Laramide deformation and thrust loading.

2-D subsidence history

Figure 7 shows the 2-D total subsidence history of the wes-
tern Interior basin of southern Wyoming from 97.2 to
73.4Ma. A series of sequentially decompacted cross-sec-
tions across the basin at about 90.4, 83.9, 78.5 and 73.4Ma
were reconstructed by setting the eastern end of the sec-
tion as a reference point. Deposition within the Sevier
thrust belt was restored, and the western extent of the de-
formed strata in the section was determined by balancing
the deformation and shortening of theHogsback, Absaro-
ka andCrawford thrusts in Fig. 2. Because deformed strata
in the thrust belt have been partly eroded,we assumed that
the thickness of deformed strata ¢tted the adjacent pre-
served sediment thickness in the thrust belt and also con-
formed to the shape of the total subsidence curves
modeled by Liu & Nummedal (2004) (Fig. 7). The 2-D
subsidence curves also show the total unit cross-sectional
subsidence volumes of the three basin phases, which helps
us to analyse the evolving basin structure.

(1) The subsidence of theMS1 (Fig.7a), a typical foreland
basin shape, demonstrates that essentially all of
Wyoming lay to the east of the foredeep. The broad
forebulge is re£ected in slower rates of subsidence in
wells 3, 4 and 5 than those farther to the east. To the
west of Well-5, especially west of Well-1, subsidence
increased in front of the Willard-Meade thrust, but
was mostly deformedwhen the Sevier belt later propa-
gated eastwards.We assume that the deformed strata
within the thrust belt were foredeep deposits. To the
east of Well-5, most of the preserved basin subsided
less than 300m, andwas in the backbulge depozone.

(2) Figure 7b shows the cumulative subsidence at 83.9Ma,
which includes total subsidence space ofMS1andMS
2. The forebulge had migrated eastward, and was lo-
cated at aroundWell-6.The foredeep zone was located
to the west of Well-5, and most of the basin to the east
ofWell-6 belonged to the backbulge zone.

(3) Figure 7c shows the total subsidence of MSs 1^3 at
78.5Ma. The forebulge continuously moved eastward,
and was located at around Well-7. The deposits in the
foredeep zone to the west ofWell-7 inMS 3 were partly
eroded alongUCFs 4 and 5 (Figs 4 and 5), so that the to-
tal subsidence curve underestimates total subsidence

Fig.7. Two-dimensional cumulative total subsidence history
across Section II in Fig.1 from 97.2 to 73.4Ma (Liu &Nummedal,
2004). A series of sequentially restored and decompacted cross-
sections were developed by setting the eastern ends of the
sections as a reference point.The deformed deposition within
the Sevier thrust belt was palinspastically restored, and the
western extent of the deformed strata in the section was
determined by balancing the deformation and shortening of the
Hogsback, Absaroka and Crawford faults, respectively.The
restored sediment thickness was shown in a dashed line with two
dots.The foredeep strata deposited to the west of the "180-km
mark in the ¢rst three steps (A, B, and C) were mostly eroded or
incorporated in the thrust belt in later stages. During the fourth
step (fromC toD) and afterward, the thrust belt and foredeep
rebounded isostatically "5000m because of erosion during the
tectonically quiescent phase.The dotted band represents
incremental total subsidence for each successive megasequence
interval. Arrows indicate forebulge position. Location of the
section andWells shown in Fig.1.
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Other mechanisms might also be involved as long-term drivers of the stratigraphy. DeCelles et al. (2009) and DeCelles 
and Graham (2015) developed a model of orogenic cyclicity, which they applied to tectonic and magmatic events in the 
Sierra Nevada arc, forearc, and retroarc in the United States portion of the Cordillera. These phases roughly overlap with 
the pulses identified in Fig. 9. Phase 1 (160–140 Ma) involved eastward migration of deformation from the hinterland into 
the western thrust system of the Sevier belt. Phase 2 (140–105 Ma) involved strongly reduced arc magmatism, widespread 
hinterland shortening, and steady growth of the Great Valley forearc basin to the west. This phase overlapped with the pe-
riod of orogenic quiescence in Alberta and the development of the widespread mid-Early Cretaceous unconformity (Fig. 9). 
Phase 3 (105–80 Ma) was a period of increased magmatic activity, and eastward migration of the arc, the onlapping Great 
Valley forearc, and the Sevier fold-thrust system. Phase 4 (80–50 Ma) saw the influence of Laramide flat-slab subduction 

FIG. 26  Location of the hingeline between the foredeep and the forebulge during the Campanian-Paleocene. The arcuate trend of the hingeline indicates 
the locus of greatest flexural load in the orogen—at the center of the arc. Abbreviations: C, M, P, Campanian, Maastrichtian, Paleocene; e, E, Early;  
l, L, Late. The location of maximum loading shifted progressively northward during the Late Cretaceous-Paleocene (Catuneanu et al., 1999, 2000).

The Sedimentary Basins of the United States and Canada, edited by Andrew Miall, Elsevier, 2019. ProQuest Ebook Central, http://ebookcentral.proquest.com/lib/ucb/detail.action?docID=5755762.
Created from ucb on 2021-03-11 21:06:16.

C
op

yr
ig

ht
 ©

 2
01

9.
 E

ls
ev

ie
r. 

Al
l r

ig
ht

s 
re

se
rv

ed
. Maill & Catuneanu, in Sed Basins US & Canada, 2019,

after Catuneanu et al., Sed. Geol., 2000

~MC

~LC

Left is map of hinges inferred by reciprocal strat, right is suggested forebulge position from Liu et al. EC=Early Campanian c. 80 Ma, MC c. 77 Ma, lC c. 73 
Ma, EEM = early Early Maastrichtian, c. 71-72 Ma, LEM late Early Maas. c. 70 Ma, LM c. 67-68 Ma, EP = early Paleocene c. 63 Ma



of the Canyon CreekMember of the Ericson Formation to
portray basin geometry before the ‘long quiescence inter-
val’ as realistically as possible (Fig. 4). Choosing a higher
datumwould make it di⁄cult to visualize the lateral shifts
in subsidence in response to successive thrust episodes.
Time stratigraphic correlations in the subsurface were
based on the physical continuity of key time markers, such
as bentonite beds, limestone tops or bases for a limited
distance, and other striking regional log markers which
may represent geochemical events, such as the many ocean
anoxic events of the Late Cretaceous. The work relied
heavily on earlier measured sections by Merewether
(1983), Merewether et al. (1984), Gill et al. (1970), regional
cross-sections byDyman etal. (1994) and the chronostrati-
graphic framework of Obradovich (1993). A time^strati-
graphic section (Fig. 5) was compiled from the
correlation section. The ages of time^stratigraphic
boundaries are based on the latest 40Ar/39Ar-derived Late
Cretaceous time scale (Obradovich,1993) and the chronol-
ogy for the Western Interior Cretaceous (Kau¡man et al.,
1993).

The Cretaceous succession was separated into ¢ve
megasequences in an iterative process, in which major re-
gional unconformities and/or surfaces across which there
was a demonstrably rapid change in subsidence regime
were the chosen boundaries.These megasequence bound-
aries lie at the base of the Cenomanian Belle Fourche
Shale, at 97.2Ma (also the base of the interval of study)
(Unconformity 1, UCF 1 in abbreviation), the base of the
LateTuronian Carlile Shale or Wall Creek Member of the
Frontier Formation, at 90.4Ma (UCF 2), the late Santo-
nian top of the Niobrara Formation (Limestone), at
83.9Ma (UCF3), the eastward termination of the baseTrail
Member unconformity, at 78.5Ma (UCF4), the correlative
conformity of the base Canyon Creek unconformity, at
73.4Ma (UCF 5), and ¢nally the ‘K/T unconformity’, at
about 66Ma (UCF 6).These boundaries demonstrate that
theLateCretaceous section of southernWyoming consists
of ¢ve distinct megasequences with an average duration of
6.2 my and a relatively narrow spread (from 5.1 to 7.4Myr).
Major unconformities in this section have been mapped
both in outcrop sections (e.g. Gill et al., 1970; Merewether,

Fig.4. Results ofwell log correlations along cross-section II (Fig.1), covering the stratigraphic interval from the mid-Cenomanian base
of the Frontier Formation to theMaastrichtian Lance Formation (Liu &Nummedal, 2004). Nineteenwell logs were correlated.Wells
numbers 7 and10 include two logs sampling di¡erent intervals (Wells 70 and 700,Wells 100 and1000 in Fig.1) in order to get complete
stratigraphic columns.The well log data were collected inWyoming State Geological Survey. See text for explanation.

r 2005 Blackwell Publishing Ltd,Basin Research, 17, 487^506 493
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migrating, narrow depocenter in the west that shallows to the
east (Figures 3a and 3b). The ~84–81Ma isopach map shows
a broad depocenter in southern Wyoming that thins to the
south, southeast, and east (Figure 3c). At ~81–76Ma, the lo-
cation of the depocenter shifts ~480 km to the east where it
trends north-south in what is now eastern Wyoming and cen-
tral Colorado (Figure 3d).
[9] Foredeep to back-bulge foreland basin strata from

~93–81Ma are dominated by marine shale deposits with
intermittent marginal marine and fluvial deposits. At
~81Ma, the foredeep strata become coarser, with marginal
marine and fluvial deposits becoming more prevalent [e.g.,
Franczyk et al., 1992].

3. Flexural Modeling

[10] As shown by previous researchers, the observed
foreland basin system can be reproduced with flexural calcu-
lations from the Late Jurassic to early on in the Late
Cretaceous [Jordan, 1981; Yingling and Heller, 1992; Pang
and Nummedal, 1995; Currie, 1997, 2002]. However, as
documented in this study and in previously published
isopach maps [Roberts and Kirschbaum, 1995], at ~84Ma,

the narrow foredeep, parallel to the thrust front, is no longer
present. Instead, there is a broad depocenter in northeast
Utah, southwest Wyoming, and northwest Colorado, which
thins to the south-southwest (Figure 3c). This change in
subsidence profile has been attributed to early onset of
dynamic subsidence [Gurnis, 1993; Pang and Nummedal,
1995; DeCelles, 2004]. Yet, even though the character of
the depocenter has changed, we show that the subsidence
profile can still be approximated using reasonable flexural
parameters (Figure 4).
[11] The ~84–81Ma isopach map pattern has an ~1400m

thick and ~300 km wide depocenter (Figure 3c). Here the
lithosphere is treated as an infinite, unbroken elastic plate
with a rectangular load [Turcotte and Schubert, 1982;
Angevine et al., 1990]. A variety of parameters were used
in trying to most closely match the observed basin profile,
and the following parameters produce the closest match.
Typically, load dimensions of 400 km wide and 2 km high
are used to approximate the Cordilleran thrust belt [Jordan,
1981; Currie, 2002]. The period of 84–81Ma spans a time
after the Wasatch Culmination had been formed and was still
building, indicating that a higher tectonic load can be
assumed [DeCelles, 1994]. The dimensions used in these

d)c)

b)a)

Figure 3. Isopach maps that span ~ 93–76Ma. Black dots represent well log control. Where there is no well log control, we
use previously published isopach maps as reference [Weimer, 1960; Weimer and Flexer, 1985; Roberts and Kirschbaum,
1995]. Maps spanning (a) ~93–89Ma, (b) ~89–84Ma, (c) ~84–81Ma, and (d) ~81–76Ma. Note the lengthening of the basin
wavelength in Figure 3c. A–A′ is the location of the profile in Figure 4. Figure 3d includes the proposed location of the
Shatsky at 80Ma [Liu et al., 2010].
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n = 36

n = 64

Figure 1. Tectonic map of the Rocky Mountain region showing the major Laramide arches, which are commonly cored by 
Precambrian crystalline basement exposures (fi ne stipple), as well as the adjoining Colorado Plateau (coarse stipple) and 
Cordilleran thrust belt. Average compression directions from minor faults are shown as arrows; smoothed (10°) rose dia-
grams show all compression and slip directions from Table 2.

 on February 22, 2010memoirs.gsapubs.orgDownloaded from 

But will sublithospheric forces that produce a basin also 
produce stresses consistent with early Laramide 

deformation?

Plunges of s1 vectors estimated from minor fault data and
corrected for bed tilt are typically o51 confirming that most
minor faults in gentler limbs formed prior to larger-scale folding.
Low residuals for stress inversion of fault slip data in structurally
simple sites are suggestive of approximately homogeneous stress
states, but care should be taken as stress is defined at a particular
time and point, whereas minor fault populations develop over a
finite rock volume and time interval.

6. Discussion and conclusions

6.1. Comparison of LPS patterns between the Sevier belt and
Laramide foreland of Wyoming

Systematic suites of mesoscopic structures and AMS lineations
developed early in the deformation history of both the thin-skin
Sevier fold-thrust belt and thick-skin Laramide foreland (Fig. 3).
LPS directions calculated from cleavage in the Sevier belt and
from minor fault data in the Laramide foreland are compatible
with AMS data that provides a useful proxy for estimating early
LPS (Fig. 5). Restored LPS directions show systematic changes
from the Sevier belt to the Laramide foreland, recording an
important part of the kinematic evolution of the Cordilleran
orogenic system (Fig. 8).

Early LPS directions in the Sevier belt are approximately
perpendicular to systematically curved thrust systems in the
Wyoming salient, similar to patterns found in studies for other
stratigraphic units in the salient (Crosby, 1969; Craddock et al.,
1988; Mitra, 1994). By integrating regional paleomagnetic and
structural data, the radial pattern is shown to reflect a combina-
tion of primary dispersion about a regional 2701 shortening
direction and secondary vertical-axis rotation during progressive

thrusting. Structurally complex areas, such as transfer zones,
oblique ramps, and overturned fold limbs display additional local
variations related to heterogeneous strain, small-scale block
rotations, and multiple deformation fabrics (Apotria, 1995;
Yonkee and Weil, 2010a).

Early LPS fabrics in red beds of the Laramide foreland give a
regionally averaged shortening direction of 2401, compared with
an average of 2701 for the Sevier belt. LPS directions in the
foreland also display broad deflections related to structural grain,
ranging from 230–2501 for sites along the NW-trending Wind
River, Beartooth, northern Big Horn, and Black Hills arches, to
200–2301 along W-trending parts of the Granite-Sweetwater
arch, to 250–2701 along N-trending parts of the Medicine Bow
and Laramie arches (Fig. 8). These variably trending arches
contrast with the systematic curvature in the Wyoming salient
of the Sevier belt.

Previous studies of Laramide shortening directions based on
calcite twin strain (Willis and Groshong, 1993; Craddock and Relle,
2003; van der Pluijm et al., 1997; Craddock and van der Pluijm,
1999; Amrouch et al., 2010) and minor fault kinematics (Varga,
1993; Molzer and Erslev, 1995; Neely and Erslev, 2009; Erslev and
Koenig, 2010) from a range of lithologies and structural settings
have yielded more variable results, and in some cases conflicting
interpretations, with estimated shortening directions ranging from
!N–S to !W–E for different study areas (Fig. 9). However, care is
needed in comparing previous studies with each other and with
data reported here from gentler fold limbs. Calcite twin analyses
(reviewed in Craddock et al., 1999) include data from carbonate host
rocks as well as secondary veins. Veins may form at different times
under changing stress fields and have different rheologies than host
rocks that perturb the local stress field, complicating interpretations.
Previously published minor fault data come mostly from steeper
fold limbs or near major faults that likely developed local stress

Fig. 8. Regional map of fully restored LPS directions (corrected for bed tilt and paleomagnetically estimated vertical-axis rotation). Mesoscopic structural and AMS data for
multiple sites in a structural domain are combined using a Von Mises model to estimate a mean LPS direction (large arrow with 95% confidence interval indicated by small
arc—reduced size arrows with no arc represent those localities that had insufficient data for statistical analysis). Fully restored LPS directions in the Sevier belt are slightly
dispersed about a regional W–E direction. Fully restored LPS directions in the Laramide foreland have a regional WSW–ENE direction, but are deflected to more SSW–NNE
and W–E direction along more W- and N-trending basement arches. Late Cretaceous to Paleocene paleotectonic velocity models of Bird (1998) also shown; gradients in
velocity vectors roughly match LPS patterns and younger velocity directions in Laramide foreland roughly match estimated relative motion direction between the Farallon
and North American plates (Engebretson et al., 1985; Doubrovine and Tarduno, 2008).
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Figure 1. Tectonic map of the Rocky Mountain region showing the major Laramide arches, which are commonly cored by 
Precambrian crystalline basement exposures (fi ne stipple), as well as the adjoining Colorado Plateau (coarse stipple) and 
Cordilleran thrust belt. Average compression directions from minor faults are shown as arrows; smoothed (10°) rose dia-
grams show all compression and slip directions from Table 2.
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